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ABSTRACT
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Understanding the Impact of Saharan Dust Aerosols on Tropical Cyclones
Genesis of Tropical Cyclones (TCs) in the main development region for Atlantic

hurricanes is tied to convection initiated by African easterly waves (AEWs) during
Northern hemisphere summer and fall seasons. The main development region is also
impacted by dust aerosols transported from the Sahara. It has been hypothesized that
dust aerosols can modulate the development of TCs through aerosol-radiation and
aerosol-cloud interaction processes. In this study, we investigate the impact of dust
aerosols on TC development using the Weather Research and Forecasting model coupled
with chemistry (WRF-Chem).
We first develop a technique to constrain the WRF-Chem model with a realistic
three-dimensional spatial distribution of dust aerosols. The horizontal distribution of dust
is specified using the Moderate Resolution Imaging Spectroradiometer (MODIS) derived
aerosol products and output from the Goddard Chemistry Aerosol Radiation and
Transport (GOCART) model. The vertical distribution of dust is constrained using the
Cloud Aerosol Lidar and Infrared Pathfinder Satellite Observations (CALIPSO). We
validate our technique through in situ aircraft measurements where both
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CHAPTER 1

INTRODUCTION

1.1 Overview
Tropical cyclones (TCs) are destructive weather systems that can impact the
United States and cause a loss of life and property. Thus, it is critical that accurate
forecasts are provided to public to allow them time to prepare for an approaching storm.
There are general characteristics or factors that are generally agreed upon by the
scientific community as important for TC formation and development which are
summarized in Briegel and Frank [1997]. First, sea surface temperatures of at least
26.5°C with a deep ocean mixed layer is accepted as a very important factor for TC
formation because warm ocean waters influence an unstable overlying atmosphere which
are needed to maintain convection. This warm, very moist air over the oceans is a major
source of energy that drives the TCs. Another important factor is a deep surface based
layer of conditional instability should be present such that the atmosphere is potentially
unstable to moist convection. Deep convection is able to develop in this type of
environment which allows the heat stored in the warm ocean waters to be released for TC
development. A third critical factor is the presence of relatively moist layers in the midtroposphere as dry mid-tropospheric layers can lead to downward motion that is not
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conducive for continued development of widespread convective activity. Low values of
vertical wind shear (<10 m/s) between the surface and upper troposphere is a fourth
factor important for TC development. High values of vertical wind shear will disrupt the
vertical development of deep convection within the TC environment which can lead to a
decaying TC. The last critical factor that will be discussed is that the TC must be at least
500 km from the equator because tropical cyclogenesis requires non-negligible amounts
of the Coriolis force. The low pressure of the disturbance can only be maintained with
some Coriolis force present as the near gradient wind balance cannot be achieved without
it.
The TCs developing in favorable storm environments can become powerful
hurricanes during their trek across the vast ocean waters. When these powerful
hurricanes are located over the Atlantic Ocean, they often develop from much weaker
weather disturbances that propagate westward in low-level tropical easterly waves. Riehl
[1954] studied these disturbances mostly through observations in the Caribbean region
which lead to the term “easterly wave”. More recently, satellite observations have shown
that theses disturbances often originate over western Africa and the eastern Atlantic
Ocean, which gave rise to the term African easterly waves (AEWs) since the wave
structure can be much different over the eastern Atlantic compared to the western
Atlantic. The wave structure and atmospheric environment is much different in the
eastern Atlantic due to the persistent temperature and humidity boundary that exists
between the very warm, dry air over the Sahara Desert and the cooler, moister air over
the adjacent vegetated region to its south. This temperature gradient influences the initial
development of the AEWs over continental Africa.
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These AEWs can be intensified by the Saharan Air Layer (SAL) which usually
begins as a flow of maritime air from the Mediterranean Sea into northern Africa, and
this air undergoes dramatic change as it moves across the large desert [Prospero and
Carlson, 1981]. After several days of traversing across the desert, the once moist, cool
air arrives near the West African coast and has modified into a deep layer of very warm,
dry air from the strong surface heating occurring over the Sahara during the summer.
Moreover, the intense heating of the desert surface causes very unstable conditions and
consequently strong near surface winds that lift dust from the surface to the top of the
mixing layer which can be as high as 500 mb [Prospero and Carlson, 1981]. Thus, the
SAL near the West African coast tends to consist of considerable amounts of dust as well.
Once off the coast of West Africa, the cool, marine air forces the ascent of the SAL to
regions in the atmosphere generally between 800 and 550 hPa [Karyampudi and Carlson.,
1988]. A large temperature gradient develops as the SAL is lifted and the air near the
SAL base is much warmer than the air at the same level to the south, which promotes
strong vertical wind shear in the zonal wind between 850 and 650 hPa and the formation
of the middle level easterly jet [Karyampudi and Pierce, 2002]. These conditions help
intensify the AEWs and the mesoscale convective systems embedded in the waves and
ultimately promote TC formation.
More recently, Dunion and Velden [2004] found that the SAL may actually
weaken TCs or inhibit their development into mature hurricanes due to the SAL
introducing hot, dry air within the storm where the hot air stabilizes the environment and
dry air influences downdrafts. Also, they found that the SAL’s midlevel easterly jet can
increase the vertical wind shear of the TC environment. Hot, dry air in the mid-
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troposphere along with increased vertical wind shear are unfavorable factors for TC
development. Although a TC can be weakened when the system engulfs the SAL, it can
rapidly develop into a mature hurricane when emerging from the SAL influence without
being engulfed by the air [Dunion and Velden, 2004]. Then, studies began focusing on
TCs that were engulfed by the SAL as Wu et al. [2006] assimilated Atmospheric Infrared
Sounder (AIRS) temperature and humidity profiles into a nonhydrostatic mesoscale
model to simulate the SAL influence on TC Isabel. Their results suggested that the SAL
may have delayed its formation and prevented another nearby tropical disturbance from
developing. Sun et al. [2009] used the Weather Research and Forecasting model (WRF)
assimilated with AIRS profiles to analyze the impacts of the dry, warm SAL on TC
Florence in September 2006. They showed that the strong vertical wind shear and dry air
entrainment were direct effects and the warm SAL temperature was an indirect effect in
TC suppression. The warm SAL temperature increases vertical wind shear and
evaporative cooling which then leads to a transport of dry air from the upper atmosphere
downward through mesoscale downdrafts. Finally, Shu and Wu [2009] proposed that the
SAL can both positively and negatively affect TC intensities by strengthening TCs when
the SAL is located primarily to the northwest and then weakening TCs when it moves
within 360 km to the southeast or southwest of the storm center.
Further complicating matters is that the SAL is often composed of a significant
amount of dust aerosols which can affect the regional atmospheric energy budget and
cloud microphysics [Sassen et al., 2003]. Dust aerosols are small suspended particles in
the atmosphere. The role of dust on the shortwave and longwave radiative energy
budgets is strongly dependent on the surface albedo where the albedo of the ocean is
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generally much lower than that of the land. Consequently, an abrupt decrease in surface
albedo occurs along the path of a dust storm from the Sahara desert to over the adjacent
Atlantic Ocean. In cloud-free conditions, dust aerosols reflect and absorb shortwave
radiation [Haywood and Boucher, 2000]. However, the top of atmosphere (TOA)
shortwave radiative effect can be near 0 W m-2 over the desert since the high reflectivity
of the bright surface can mask the impact of the dust storm on solar radiation at the TOA
[Patadia et al., 2009]. On the contrary, over the ocean, the dust storm reflects much more
solar radiation than that reflected by the surface which can lead to large increases of more
than 100 W m-2 of shortwave radiation at the TOA in dense dust conditions (AOD > 1)
than in pristine conditions [Naeger et al., 2013]. Dense dust can absorb more than 200 W
m-2 of shortwave energy in the atmosphere whether over the ocean or desert [Naeger et
al., 2013]. Consequently, the shortwave radiation at the surface can be reduced by 300 W
m-2 in dense dust conditions over the ocean with lesser reductions of about 200 W m-2
over the desert. Therefore, a dust storm can lead to a greater reduction in the surface
temperature of the ocean than that of the land. Dust aerosols can also have an important
influence on the longwave radiation emitting from Earth’s surface since they can be
several micrometers in size in the atmosphere [Haywood et al., 2005]. In the longwave,
dust can absorb the radiation and emit it at colder temperatures which reduces the amount
of radiation at the top of the atmosphere [Zhang and Christopher, 2003; Yang et al.,
2009]. As a result, the TOA longwave radiation can be reduced by as much as 50 W m-2
during dense dust conditions [Haywood et al., 2005]. These larger reductions of 50 W m2

generally occur over the desert rather than over the ocean since the desert typically has a

drier atmosphere and warmer surface that helps enhance the effect of the dust in the
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longwave [Liao and Seinfeld, 1998]. In summary, a dust storm can influence a cooling of
the ocean surface temperature while having a lesser impact on the desert surface
temperature. On the other hand, a dust storm can absorb a greater amount of radiative
energy in the low to mid level of the atmosphere when over the desert than over ocean.
The differing impacts of dust aerosols on the shortwave and longwave energy
budgets over desert and ocean can influence TC formation. Most of the TC formation
processes occur while the storm is over ocean but the early development stages can begin
while still over Africa. Therefore, a dust storm propagating across the Sahara desert can
affect the early development stages as the dust helps warm the air over the desert while
much cooler, moister air is to the south which creates a strong horizontal temperature
gradient and low-level jet in the atmosphere [Karyampudi and Carlson, 1998]. Increases
in the optical thickness of the dust storm can lead to enhanced heating in the atmosphere
and a stronger temperature gradient and low-level jet. As a result, the stronger
atmospheric forcing helps increase the convective activity in the region south of the
Sahara which promotes a greater development of the storm in its early stages
[Karyampudi and Carlson, 1998]. When the TC is over the ocean, the cooling of the
ocean temperatures due to the dust can help impede the storm development as latent
heating from the surface is reduced which is a major source of energy for the storm [Lau
and Kim, 2007]. Furthermore, the TC may develop a strong circulation by this stage in
its development which can force the warmer atmosphere of the dust storm into the TC
environment. This dusty atmosphere is generally more stable as warmer air resides above
cooler air near the ocean surface. Consequently, TC development can be impeded as the
more stable air inhibits convection in the storm environment [Dunion and Velden, 2004].
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As the dust interacts with a TC environment, the aerosol indirect radiative effects
can also play a significant role in the storm development. The indirect effect occurs
when aerosols interact with clouds causing smaller but more numerous cloud droplets
that reflect more solar radiation [Twomey et al., 1984]. Moreover, precipitation from a
cloud consisting of smaller droplets can be delayed or suppressed which influences a
longer cloud lifetime [Kaufman et al., 2005]. The many studies showing the significant
impacts of aerosols on shallow water or ice clouds [e.g. Albrecht, 1989; Ackerman et al.,
2000; Rosenfeld, 2000] prompted others to try to understand their impacts on convective
clouds and TCs. It was then found that the interaction of aerosols with convective clouds
can influence stronger convection due to the more numerous smaller droplets that can
cause a delay in precipitation formation [Khain et al., 2005]. The delay in precipitation
encourages additional latent heat release by condensation and freezing leading to the
stronger convection [Khain et al., 2005]. Then, satellite observations implied that the
rainbands of TC Debby and Helene were strengthened by their interaction with aerosols
as colder cloud top temperatures and more frequent lightning flashes were observed
within the rainbands [Jenkins et al., 2008]. Thus, this observational based study agreed
with the modeling study of Khain et al. [2005] that aerosols promote stronger convection.
Rosenfeld et al. [2007] conducted a modeling study of the potential impacts of
aerosols on TCs by shutting off the warm rain processes in the outer rainbands of the
storm. As discussed earlier, aerosols can delay or prevent precipitation formation in
clouds. Thus, by shutting off the warm rain processes, Rosenfeld et al. [2007] used a
simplistic approach to account for the aerosol impact on the outer rainband clouds. Their
study found that the stronger convection developing in the rainbands promoted greater

7

amounts of latent heating and enhanced cold pools which helped to disrupt the inflow of
air into the TC center. Since a strong inflow of air into a TC center must be sustained for
it to develop, a disruption in this flow can prevent further strengthening of the storm
[Rosenfeld et al., 2007]. The modeling studies of Krall [2010] and Krall and Cotton
[2012] agreed with Rosenfeld et al. [2007] as their simulations showed a TC weakening
as it interacted with pollution from Asia. However, their simulations also suggested that
aerosols may actually help strengthen a TC during its weak and poorly organized stages
since the aerosols were able to interact with the clouds near the storm center leading to
stronger convection and latent heat release. Whether or not a TC develops is dependent
on the distribution of latent heat release since a TC thrives on the energy near its center
[Rosenfeld et al., 2012]. When aerosols invigorate the outer rainbands of a TC, the
preferred energy distribution becomes perturbed as larger amounts of latent heating are
displaced from the storm center which ultimately suppresses its intensity [Rosenfeld et
al., 2012].
Satellite remote sensing instruments are critical for observing and monitoring the
aerosols in the atmosphere, and are often used to help assimilate and validate atmospheric
models. Passive remote sensing instruments, such as the Moderate Resolution Imaging
Spectroradiometer (MODIS) onboard the Terra and Aqua satellites, can provide a
horizontal distribution of the clouds, water vapor, and aerosols in the atmosphere [King et
al., 1992]. The MODIS instrument has been used extensively for detecting aerosols in
the atmosphere [e.g. Remer et al., 2005; Chu et al., 2005; Remer et al., 2008] since it can
more accurately measure aerosols compared to previous instruments due to its 36 spectral
channels with improved spatial and temporal resolutions [King et al., 1992]. After

8

detecting the aerosols in the atmosphere, the aerosol optical depth (AOD) and particle
size information can be retrieved from the spectral channel measurements [Remer et al.,
2005; Levy et al., 2007]. Validation efforts have shown that the MODIS instrument can
provide reliable AOD and particle size information which can help improve our
understanding of aerosols and consequently reduce the uncertainty of their impact on the
global climate [Remer et al., 2005; Levy et al., 2007; Remer et al., 2008]. Active remote
sensing instruments, such as that onboard the Cloud Aerosol Lidar and Infrared
Pathfinder Satellite Observations (CALIPSO), are able to measure the vertical
distribution of clouds and aerosols in the atmosphere by sending pulses of energy towards
Earth’s surface [Winker et al., 2003]. The Cloud-Aerosol Lidar with Orthogonal
Polarization (CALIOP) instrument onboard the CALIPSO satellite measures the
backscatter signal from the transmitted pulses of energy at 532 and 1064 nm to
understand the vertical structure of the atmosphere [Winker et al., 2004]. Rogers et al.
[2011] conducted a validation study on the backscatter profiles during the daytime and
found that they agreed closely to the highly accurate NASA Langley High Spectral
Resolution Lidar [Hair et al., 2008]. Liu et al. [2008] showed the showed the tremendous
capability of the CALIPSO satellite to accurately track the vertical distribution of a
Saharan dust storm as it moved across the Atlantic Ocean to over the Gulf of Mexico.
Thus, through combining the horizontal information from passive instruments with the
vertical information from active instruments, we can understand the three-dimensional
distribution of clouds and aerosols in the atmosphere [Yu et al., 2010].
This dissertation combines the strengths of the MODIS and CALIPSO satellites in
order to understand the three-dimensional spatial distributions of dust aerosols over the
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Atlantic Ocean. We then use the distributions of dust to constrain the aerosol fields
simulated by the Weather Research and Forecasting model coupled with chemistry
(WRF-Chem) which can simulate trace gases, clouds, and aerosols simultaneously with
meteorology [Grell et al., 2005]. The chemistry component of the WRF-Chem model has
undergone considerable evaluation since its initial release in 2005 [Fast et al., 2006;
Chapman et al., 2009; Saide et al., 2011; Shrivastava et al., 2013]. The inclusion of
aerosols into the model significantly improved the accuracy of the simulated shortwave
radiation at the surface which shows the importance of the aerosol direct effect on
radiation [Fast et al., 2006]. The WRF-Chem can also accurately simulate the aerosol
indirect effect for a variety of scenarios including aerosol interactions with deep
convection [Shrivastava et al., 2013]. In this study, the influence of dust aerosols on the
strength of TCs is investigated by performing WRF-Chem simulations of TC Florence in
2006 where we constrain the model predicted aerosol fields to our satellite derived fields.
For this dissertation, we hypothesize that the inclusion of dust aerosols into the
WRF-Chem model will help inhibit the development of a TC due to the aerosol direct
and indirect effects. In particular, we expect that the aerosol direct effect will influence
warmer temperatures in the low to middle portions of the atmosphere in the TC
environment since dust aerosols can absorb solar and infrared radiation. The warmer,
more stable atmosphere will prevent strong vertical motions from developing in the TC
environment. The aerosol indirect effects are expected to inhibit TC development as the
dust aerosols interact with the clouds of the storm environment which can modify the
convection and latent heat distribution. However, we do not expect a linear relationship
between dust concentration and TC development since other environmental factors can
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influence the storm intensity. For example, the formation of TCs over the Atlantic is
dependent on the interannual variability of the El Niño/Southern Oscillation (ENSO) as it
causes a warming of the surface temperatures of the Pacific Ocean that forces shifts in the
large-scale convection [Chu, 2005]. During warm ENSO phases (e.g. warmer ocean
temperatures in the Pacific), the large-scale convection is shifted to over the eastern
Pacific which actually leads to increases in the upper-level westerly winds over the
Atlantic and enhanced vertical wind shear [Gray and Sheaffer, 1991]. This can then lead
to a reduction in TC formation as the strong vertical wind shear transports heat from
convection away from the storm core. TCs are more prone to development when this
heat is retained within the storm core [DeMaria, 1996]. Therefore, the vertical wind
shear across the Atlantic may be enhanced even during calm dust seasons due to the
occurrence of a warm ENSO phase. A large area of subsidence also develops over the
Atlantic during these warm ENSO phases which helps inhibit TC development [Chu,
2005]. Conversely, during cool ENSO phases, TCs are more likely to form as the
opposite scenario occurs [Shapiro and Goldenberg, 1998]. Thus, the relationship
between dust and TC formation is expected to be stronger during cool ENSO phases as
opposed to warm ENSO phases. Furthermore, warm ocean temperatures are critical for
TC development as the storm thrives on the strong latent heating from the warm waters
[Briegel and Frank, 1997]. Although dust aerosols can help reduce surface temperatures
across the Atlantic Ocean, other factors such as the magnitude of the surface winds can
strongly influence the surface temperatures [Richter et al., 2013]. Increasing surface
winds across the Atlantic promote warmer surface temperatures and an environment
more favorable for TC intensification. Lastly, there is not a linear relationship between
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dust concentration and humidity as dry air outbreaks can occur over the Atlantic in the
presence of little or no dust [Huang et al., 2010]. If the dry air outbreak interacts with the
TC environment, then the storm development can be inhibited no matter the
concentration of dust aerosols.

1.2 Outline of This Study
In this dissertation, three major studies were conducted. First, we develop a
technique to derive three-dimensional dust aerosol spatial distributions from CALIPSO
and MODIS observations over the Atlantic Ocean, and we use this technique to constrain
the aerosol fields simulated by the WRF-Chem model. Second, we investigate the
possible impacts of the direct and indirect effects of dust aerosols on the development of
TC Florence in September 2006 by conducting WRF-Chem model simulations. During
the simulations, we constrain the WRF-Chem model predicted aerosols fields using the
three-dimensional spatial distributions of dust aerosols derived from our technique.
Lastly, using a delta-four stream radiative transfer model, we simulate the dust aerosol
radiative effects and atmospheric heating rates for a Saharan dust storm on 21 June 2007
where low-level water clouds resided beneath the dust. A combination of multiple
satellite data sets along with ground and aircraft observations were used as inputs into the
radiative transfer model.

1.3 Significance of This Study
The purpose of this study is to investigate the direct and indirect radiative effects
of dust aerosols on the development of TCs, and examine the magnitudes of the direct
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radiative effects and heating rates in low-level cloud scenes compared to cloud-free
scenes. For the first time, we simulate the impacts of dust aerosols on TC development
when incorporating realistic three-dimensional dust spatial distributions into the WRFChem model. Also, we attempt to separate the impacts of the direct and indirect radiative
effects of dust aerosols on the TC development by conducting several different types of
simulations with the WRF-Chem for the same TC. Previous studies have not attempted
to separate the impacts of the direct and indirect aerosol effects on TC intensity.
Furthermore, few studies have attempted to investigate the aerosol radiative effects in
scenes where clouds reside among aerosols [deGraaf et al., 2012; Wilcox et al., 2012].
Thus, this dissertation conducts a detailed investigation of the aerosol radiative effects for
an intense dust storm where low-level clouds were present.
Although the numerical weather models used by the National Hurricane Center to
provide TC forecasts to the public have been improved over the past couple decades, they
often encounter large errors when simulating the intensity changes of the storms
[Franklin, 2009]. Currently, these numerical models do not account for the dust aerosol
interactions in the atmosphere as the aerosol emission and transport processes are ignored
[Rappaport et al., 2009]. By incorporating aerosols into the models, the large errors that
often arise in the TC simulations can be reduced leading to more accurate forecasts and
an increase in the lead times issued by the National Hurricane Center. Thus, the
government can issue earlier mandatory evacuations for threatened cities which will
decrease the possibility of people being stranded in the city where their lives are at great
risk. Furthermore, accurate TC forecasts will allow for more precise mandatory
evacuation zones that will increase the public’s awareness of the evacuation procedures.
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By comparing the errors in the National Hurricane Center forecast of TC Florence
to the dust aerosol impacts on Florence discovered in this dissertation, then our findings
can be conceptualized for the forecasters. This will make it clear to the forecasters that
incorporating aerosol into their models is a necessary step to improving TC predictions.
Aerosols could easily be introduced into the Hurricane WRF model used by the National
Hurricane Center as it has a very similar model setup as the WRF-Chem.
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CHAPTER 2

MODEL FRAMEWORK AND SATELLITE DATA CONSTRAINT TECHNIQUE

2.1 Introduction
Radiative interactions of atmospheric aerosols can impact energetics both within
an atmospheric column and at the earth’s surface and thereby modulate convection
[Forster et al., 2007]. When aerosols reside in the atmosphere, they can interact directly
with the incoming solar radiation by reflecting the radiation, thereby increasing the solar
energy exiting at the top of the atmosphere (TOA) and cooling the surface, leading to
reduced convection [Charlson et al., 1992, Koren et al., 2004]. Aerosols such as black
carbon and mineral dust can also absorb the incoming solar radiation which leads to a
warming in the atmosphere [Haywood and Boucher, 2000]. However, the warming in the
atmosphere from black carbon is usually much greater than that from dust aerosols due to
the significantly higher single scatter albedo (SSA) of dust [Haywood et al., 2011].
Nevertheless, the presence of aerosols can modify the heating in a column of air as the
surface cools and atmosphere warms leading to a reduction of the vertical temperature
gradient and a possible decrease in cloudiness [Hansen et al., 1997; Ackerman et al.,
2000]. Dust aerosols of several micrometers in size can cause further complications by
absorbing longwave (LW) radiation and emitting at cooler temperatures which reduces
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the radiation at the TOA and influences a warming in the atmosphere [Yang et al., 2009;
Zhang and Christopher, 2003].
Aerosol particles also have indirect effects on the radiative energy budget by
impacting clouds and precipitation [Bréon et al., 2002]. The indirect effects arise when
aerosols interact with clouds and the condensed water produced during cloud formation
must be shared with the aerosol particles. Rosenfeld et al. [2001] used an observational
approach to show that clouds contained smaller particles when interacting with Saharan
dust due to the increases in cloud condensation nuclei (CCN) leading to a lowering of the
coalescence efficiency of clouds. Subsequently, these clouds produced minimal
precipitation by drop coalescence [Rosenfeld et al., 2001]. The modeling-based approach
of Khain et al. [2005] reported that aerosols can actually delay the formation of raindrops
in deep convective clouds and consequently inhibit a decrease in the vertical velocity,
which then promotes a longer diffusional droplet growth stage and an increase in latent
heating. Min et al. [2009] conducted a different study where they used observations to
analyze the dust aerosol effects on a mesoscale convective system which was already in
the mature stage. Their results showed that dust aerosols can suppress heavy
precipitation and increase light precipitation in both convective and stratiform regions of
a storm. Saharan dust can have a similar impact on ice nuclei concentrations as identified
in Sassen et al. [2003] where they used data from the Cirrus Regional Study of Tropical
Anvils and Cirrus Layers-Florida Area Cirrus Experiment (CRYSTAL-FACE). In their
study, the presence of dust particles led to enhanced ice nuclei concentrations as they
were capable of glaciating a mildly supercooled altocumulus cloud even at distances far
from their source region.
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Recently, there has been renewed interest in the possible effect of aerosols on TC
formation and development as an increasing amount of evidence suggests that aerosols
have a significant impact on cloud formation and microphysics [e.g. Zhang et al., 2007].
Zhang et al. [2007] found that increasing CCN concentrations in a mesoscale model from
100, 1000, and 2000 cm-3 for an idealized TC caused the minimum central pressure of the
storm to differ by as much as 22 hPa. These idealized TC simulations were further
analyzed in Zhang et al. [2009] where they discovered that higher CCN concentrations
led to more activated CCN along with a subsequent increase in latent heating and
convection in the outer rainbands of the TC which ultimately decreased the convection in
the eyewall of the storm. Strong convection in the rainbands means stronger cold pools
that can block the surface radial inflow into the storm and impede the eyewall
intensification [Zhang et al., 2009]. Khain et al. [2010] observed similar results when
simulating Hurricane Katrina using the WRF model with spectral bin microphysics as
continental aerosols strengthened convection (i.e. latent heating) mostly across the outer
periphery of the storm which led to a significant weakening of the storm as the minimum
pressure increased by 15 hPa. Rosenfeld et al. [2011] separated the aerosol effects from
the meteorological factors by using TC prediction models not accounting for aerosols and
they found that 8% of the TC forecast errors are caused by an increase of aerosols across
the storm periphery that help to decrease its intensity. On the other hand, simulations
using the Regional Atmospheric Modeling System (RAMS) suggest that enhanced
aerosol concentrations can actually strengthen a TC during its weaker stages when the
storm has yet to form well-developed rainbands and a closed eyewall [Krall and Cotton,
2012]. In this case, the strengthening TC developed strong cold pools within its
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rainbands due to the presence of aerosols which led to a weakening of the storm [Krall
and Cotton, 2012].
This study examines the role of both the direct radiative and cloud microphysical
impacts of dust aerosols on TC development by simulating TC Florence that formed in
the main development region during September 2006. Unlike prior studies, this effort
utilizes three-dimensional aerosol characterization constrained using satellite
observations. Realistic characterization of both horizontal and vertical distribution of
aerosols are important for simulating the dust impact on TC development [Zhang et al.,
2007; Min et al., 2009; Wang et al., 2009; Alizadeh Choobari et al., 2012].
The Saharan Air Layer (SAL), which is the warm, dry and often dusty Saharan air
mass advected over the cooler and humid marine air mass over the Atlantic [Karyampudi
and Carlson, 1988], impacts tropical cyclone formation through multiple pathways
[Jenkins et al., 2008]. Baroclinicity associated with the Saharan Air Layer (SAL) enhance
development of African Easterly waves [Karyampudi and Carlson, 1988]. The SAL also
enhances cyclonic vorticity and positive vorticity advection [Karyampudi and Pierce,
2002] and has a positive impact on tropical cyclone formation and development. On the
other hand, enhancement of atmospheric stability and wind shear due to SAL negatively
impact the formation and development of tropical cyclones [Dunion and Velden, 2004].
Over larger timescales, reduction of sea surface temperature due to dust radiative forcing
has a negative impact on tropical cyclone genesis [Lau and Kim, 2007]. Horizontal
thermal gradients are tied to all these important dynamical features of the SAL and thus
the realistic specification of dust spatial distribution is important. MODIS derived
aerosol products provide good constraints on the horizontal spatial distribution and also
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column dust loading. However, vertical distribution of aerosols is also important as the
transport behavior varies drastically depending upon the vertical placement of dust
[Karyampudi and Carlson, 1988; Alizadeh Choobari et al., 2012] with aerosols in the free
atmosphere being transported long distances. Thus, aerosols in the free atmosphere have
longer lasting radiative impact compared to those in the PBL with shorter life time.
Furthermore, dust layers in the free atmosphere can have a greater cooling effect on the
surface than low-level dust layers [e.g. Chung and Zhang, 2004] as the atmospheric
heating due to the absorbing dust is unlikely to be transferred to the surface at such
heights. Consequently, elevated dust over the Atlantic Ocean may lead to significant
greater surface cooling than lower level dust, and TC development is highly sensitive to
the sea surface temperature [Lau and Kim, 2007]. Aerosol layers can also impact cloud
dynamics and microphysics properties differently depending on their height as shown in
Yin et al. [2012] where aerosols in the lower troposphere were important in altering the
cloud dynamics and microphysics while aerosols at heights above the mid-troposphere
led to minimal change. The strong vertical velocity associated with deep convection can
effectively transport lower tropospheric aerosols upward in convective clouds which
impacts the dynamic and microphysical processes along with the precipitation [Yin et al.,
2012]. The CALIPSO can provide a constraint for the vertical distribution of dust
aerosols.
This study uses a combination of Moderate Resolution Imaging
Spectroradiometer (MODIS), Cloud Aerosol Lidar and Infrared Pathfinder Satellite
Observations (CALIPSO) aerosol products and Goddard Chemistry Aerosol Radiation
and Transport (GOCART) model outputs to specify realistic three-dimensional
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distribution of dust aerosols in the WRF simulations and minimize the errors associated
with the parameterized dust emission and transport schemes. In this study, we discuss the
experimental design for numerical model experiments and the methodology utilized for
constraining WRF-Chem simulations using satellite observations, which we evaluate
using in situ observations gathered during the 2006 AMMA field experiment. This
chapter is organized as follows: In section 2.2, we discuss the model and data used in this
study. A description of the model is provided where we discuss the physics, dynamics,
and chemistry options chosen in the model. We also introduce the data used as an input
into our satellite data constraint technique and the data used for validating the technique.
In section 2.3, we provide in-depth details on the technique. Then, in section 2.4, we
evaluate the technique against in-situ aircraft measurements where we also conduct
sensitivity experiments. Finally, in section 2.5, we discuss the summary and conclusions.
Evaluation of the WRF-Chem simulations and analysis of dust radiative impacts on TCs
will be detailed in chapter 3.

2.2 Model and Data
2.2.1.1 WRF-Chem Model
The modeling system utilized in this study is the WRF-Chem Version 3.4.1 [Grell et al.,
2005], which is a fully coupled meteorology-chemistry-aerosol model with the capability
to simulate trace gases, aerosols, and clouds simultaneously with meteorology. The
meteorology component of WRF-Chem has been rigorously evaluated [Mckeen et al.,
2005, 2007; Chapman et al., 2009]. The chemistry component of WRF-Chem has also
undergone considerable evaluation since the release of the model. Fast et al. [2006]
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showed that the simulated downward shortwave radiation is significantly improved when
aerosol optical properties are included in WRF-Chem which highlights the importance of
incorporating aerosols into a model. Chapman et al. [2009] investigated the cloud-aerosol
interactions in northeastern North America using the WRF-Chem where the clouds were
simulated at nearly the proper times and locations with cloud thicknesses that also
compared well to observations. More recently, Saide et al. [2011] evaluated the WRFChem during the Ocean-Cloud-Atmosphere-Land Study Regional Experiment where
marine stratocumulus clouds interacted with aerosols. The model was able to simulate
the increase in the albedo, height, and lifetime of the clouds, and the suppression of
precipitation which suggests the model has the capability to simulate the aerosol indirect
effects. Shrivastava et al. [2013] also reported that the WRF-Chem can accurately
represent the aerosol indirect effects on shallow cumulus clouds by comparisons with
measurements during the Cumulus Humilis Aerosol Processing Study (CHAPS). Finally,
the WRF-Chem model has been shown to reasonably simulate the aerosol impacts on
deep convection [Wu et al., 2011]. Thus, the results of these model evaluation studies
give us confidence that the aerosol-cloud interactions can also be reproduced reasonably
well during TC simulations.

2.2.1.2 Grid Configuration
Table 2.1 list the WRF-Chem configuration options chosen by this study. The
grid configuration has a domain that covers the track of TC Florence (1200 UTC, 2
September to 1200 UTC to 7 September 2006) over the main development region using a
lambert conformal projection. The horizontal grid spacing is 3 km and the domain
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Table 2.1 Noteworthy WRF-Chem configuration options chosen in this study.
Atmospheric Process

WRF-Chem option

Shortwave radiation

RRTMG [Iacono et al., 2008]

Longwave radiation

RRTMG [Iacono et al., 2008]

Boundary layer

Yonsei [Hong et al., 2006]

Surface layer

MM5 scheme [Obukhov, 1971]

Land surface

Noah [Chen and Dudhia, 2001]

Cumulus cloud scheme

Deactivated

Cloud microphysics

Morrison [Morrison et al., 2005]

Aerosol chemistry

4-bin MOSAIC [Zaveri et al., 2008]

Gas phase chemisty

CBM-Z [Zaveri and Peters, 1999]

Aerosol-radiation interactions

Activated

Aerosol-cloud interactions

Activated

Aqueous chemistry and wet

Activated

scavenging
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Figure 2.1 WRF-Chem model domain used for the TC Florence simulation from 2 September 2006 at
1200 UTC to 7 September at 1200 UTC. The CALIPSO transects occurring on 2 September throughout
the domain are shown by the solid black lines where the transects numbered as 1 and 3 occur during
nighttime around 0400 and 0550 UTC, respectively, and the transect numbered as 2 occurs during
daytime at about 1615 UTC. The 6 hourly best track positions provided by the National Hurricane Center
are shown by the red crosses. The first cross to the east represents where the storm was declared a
tropical depression (14.1°N, 39.4°W) on 3 September at 1800 UTC with a minimum central pressure of
1007 hPa. The last cross to the west (19.9°N, 53.3°W) shows the storm location on 7 September at 1200
UTC when the storm was a tropical cyclone with a minimum central pressure of 1002 hPa and maximum
wind speed of 40 knots.
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consisted of 900 x 800 grid points in the x and y direction for TC Florence (Figure 2.1).
In the vertical, 36 eta levels are utilized. Aerosol fields derived from satellites (MODIS
and CALIPSO) and a global aerosol transport model (GOCART) are used to initialize
and provide boundary conditions for aerosols.
The WRF-Chem simulation of Florence includes the evolution of the storm from the
point where it became a tropical depression with a minimum central pressure of 1007 hPa
(14.1°N, 39.4°W, 3 September at 1800 UTC) to a tropical cyclone with a minimum
central pressure of 1002 hPa and maximum wind speed of 40 knots (19.9°N, 53.3°W, 7
September at 1200 UTC) (Figure 2.1).

2.2.2.1 Physics schemes
As shown by prior studies [Xu and Randall, 1995; Khairoutdinov and Randall,
2001], horizontal grid spacing of 3 km utilized in this study is adequate for explicitly
resolving deep convection. Cloud and precipitation processes are based on explicit cloud
microphysical parameterization. Coupling of cloud microphysical parameterization to
prognostic aerosol fields are available for two schemes, specifically the Lin and Morrison
schemes, respectively. The Lin microphysics scheme predicts mixing ratios of water
vapor, cloud water, cloud ice, rain, snow, and graupel. All the hydrometeors are assumed
to follow exponential size distributions [Lin et al., 1983; Rutledge and Hobbs, 1984]. In
addition, a modified double moment scheme for cloud water also allow for prognosis
cloud droplet numbers concentration [Ghan et al., 1997] and rain autocoversion based on
cloud droplet number concentrations [Liu et al., 2005]. The Morrison scheme is a full
double-moment microphysical parameterization that predicts both the number
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concentrations and mixing ratios of cloud water, cloud ice, snow, rain, and graupel
[Morrison et al., 2005; Morrison et al., 2009]. Unlike the Lin scheme, cloud droplets
spectrum is represented by gamma distribution instead of an exponential distribution
[Morrison et al., 2009]. All the other hydrometer types are represented by the
exponential function in the Morrison scheme.
The updated Rapid Radiative Transfer Model (RRTMG) scheme, a correlated-k
approach with 14 shortwave and 16 longwave bands [Iacono et al., 2008], is used for
simulating the shortwave and longwave radiative transfer through the atmosphere. The
RRTMG is an updated version of the Rapid Radiative Transfer Model (RRTM) [Mlawer
et al., 1997] that uses the same physics and absorption coefficients as the RRTM. The
shortwave radiative fluxes from the RRTMG differ from the RRTM by only about 0.3%
throughout the atmosphere while the shortwave heating rates were within 0.1 K day-1 of
the RRTM [Iacono et al., 2008]. Longwave radiative flux and cooling rate errors in clear
sky from the RRTMG were 1.5 W m-2 and 0.2 K day-1, respectively, when validated
against line-by-line models [Iacono et al., 2008]. In this WRF-Chem version, RRTMG is
the only scheme that accounts for the direct effects of aerosols in both the shortwave and
longwave spectrums.
The Yonsei University (YSU) scheme, which uses a nonlocal turbulent mixing
coefficient in the PBL and explicit entrainment processes at the top of the PBL [Hong et
al., 2006], is utilized in this study. The YSU scheme was evaluated by Hu et al. [2010]
and was found to have superior performance compared to other schemes within WRFChem. The MM5 similarity based on Monin-Obukhov with the Carlson-Boland viscous
sub-layer is chosen as the surface layer scheme [Obukhov, 1971] and the Noah Land
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Surface model [Chen and Dudhia, 2001; Ek et al., 2003] is used to simulate surface
atmosphere transfer.

2.2.2.2 Chemistry schemes
Although many different chemical mechanisms are available within the WRFChem model, only a limited number of these are actually able to simulate the direct and
indirect effects of aerosols. We choose the Model for Simulating Aerosol Interactions
and Chemistry (MOSAIC) [Zaveri et al., 2008] using four sectional aerosol bins for
representing the aerosol size distribution. A sectional bin approach was also preferred in
this study as the aerosol modes defined for the satellite data products could be matched to
specific bin ranges allowing for easier application of satellite derived constraints (further
discussed in Section 2.3). Also, the aerosol-cloud interactions simulated using MOSAIC
have undergone more extensive validation [Chapman et al., 2009; Saide et al., 2011;
Shrivastava et al., 2013] than the Modal Aerosol Dynamics Model for Europe (MADE)
[Ackermann et al., 1998] approach which can also handle the aerosol indirect effects in
WRF-Chem. The four sectional aerosol diameter bins prescribed in MOSAIC are 0.0390.1 ìm, 0.1-1.0 ìm, 1.0-2.5 ìm, and 2.5-10.0 ìm. Note that even the lower bound for the
smallest size bin of 39 nm is still much larger than freshly nucleated particles in the
atmosphere with sizes of a few nanometers which means the model is unable to explicitly
resolve these tiny particles [Luo and Yu, 2011]. Therefore, new particle formation in the
atmosphere is parameterized in MOSAIC using the Wexler et al. [1994] method.
MOSAIC simulates all the key aerosol species including sulfate (SULF = SO4 + HSO4),
sodium (Na), black carbon (BC), chloride (Cl), organic carbon (OC), nitrate (NO3),
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ammonium (NH4), liquid water (W), and carbonate (CO3). Most important to this study
is the “other inorganic aerosol” (OIN) species which models inorganic species such as
mineral dust. Both number and mass concentrations for each of these aerosol species are
simulated for each bin. MOSAIC also calculates the dust and sea salt aerosol emissions
in our WRF-Chem simulations. Secondary organic aerosols [Shrivastava et al., 2011] are
not considered as their production depends on organic carbon aerosols typically dominant
over continental regions. Thus, the secondary organic aerosols will contribute little to the
total aerosol mass over the Atlantic Ocean, especially when Saharan dust storms are
frequently being transported over the ocean as observed during our study period.
For modeling the gas-phase chemistry, MOSAIC uses the photochemical
mechanism CBM-Z [Zaveri and Peters, 1999] which is based upon the widely used
Carbon Bond Mechanism (CBM-IV) [Gery et al., 1989] for urban air shed-models.
CBM-Z basically extends the CBM-IV in order to accurately simulate gas chemistry at
longer time periods and regional to global scales. The Fast-J scheme computes rates for
photolytic reactions in CBM-Z [Wild et al., 2000; Barnard et al., 2004]. A total of 67
prognostic species and 164 reactions are modeled with the CBM-Z chemical mechanism,
but for computational efficiency the species and reactions are separated into four
submechanisms since not all the species and reactions will always be active in all regions.
The submechanisms are background (32 species, 74 reactions), urban (19 species, 44
reactions), dimethylsulfide (DMS) marine (11 species, 30 reactions), and biogenic (5
species, 16 reactions), where the background is always active while the others are only
active when sufficient concentrations of a specie in that submechanism is present.
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2.2.2.3 Aerosol-radiation interactions: Direct effects
The calculation of aerosol optical properties is a necessity for the aerosolradiation interactions in the WRF-Chem model. The aerosol optical properties of
extinction coefficient (βext), single scatter albedo (ωo), and asymmetry factor (g) are
computed as a function of wavelength (λ) at each model grid point (x). A complex index
of refraction for each chemical constituent of the aerosol is prescribed within MOSAIC.
For example, the OIN species are prescribed real and imaginary refractive indices of 1.55
and 0.006 across the four shortwave spectral bands of 0.3, 0.4, 0.6, and 1.0 ìm as mineral
dust can be somewhat absorbing in the atmosphere. The refractive indices vary across
the 16 longwave bands with wavelengths ranging from approximately 3 to 1000 ìm
where the real and imaginary indices are 2.34 and 0.70 near 3 ì and 1.43 and 0.061 near
11 ìm. Volume averaging is used to determine the real and imaginary indices for each
aerosol size bin. Mie theory is used to calculate the extinction efficiency (Qe), scattering
efficiency (Qs), and the intermediate asymmetry parameter (g') as functions of size
parameter, x=2𝜋r/λ, where r is the wet particle radius. Finally, Qe, Qs, and g' are used in
the optical property calculations where a summation over all the size bins is performed to
determine the aerosol optical thickness, ωo, and g, which are then passed to the RRTMG
scheme to calculate the effect of aerosols on the shortwave and longwave radiation in
WRF-Chem. Note that in this WRF-Chem version only the aerosol optical thicknesses in
16 bands between 3.3 and 1000 μm are passed to the RRTMG longwave scheme since
scattering is neglected in the longwave. The reader is referred to Fast et al. [2006] for
further details on the calculation of aerosol optical properties in WRF-Chem.
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2.2.2.4 Aerosol-cloud interactions: Indirect effects
Saharan dust particles often interact with clouds in the main development region
where the aerosol indirect effects may be critical. However, not all of these dust particles
will activate to form cloud droplets, but instead remain in the interstitial air. For dust
particles to serve as CCN in the WRF-Chem model, the maximum supersaturation must
be reached which is determined from a Gaussian spectrum of updraft velocities and the
aerosol properties in each size bin [Abdul-Razzak and Ghan, 2002]. At each model time
step, the number and mass fractions of aerosol particles activated to form cloud droplets
are calculated in each size bin. When clouds impacted by aerosols dissipate in the WRFChem model, the cloud droplets evaporate and the aerosols are resuspended in the
atmosphere. Since the size of aerosols can change over time due to chemical and
physical processes, the activated and interstitial aerosols can pass from one size bin to
another. Clearly the microphysics scheme, which determines evaporation rates and
droplet number nucleation, will have a major impact on the aerosol activation module.
For instance, large evaporation rates in the microphysics scheme will likely lead to a
large number of aerosols being resuspended in the aerosol module, especially in regions
of high aerosol concentrations.

2.2.2.5 Aqueous chemistry, deposition, and advection
In the WRF-Chem model, the trace gases simulated by the model are allowed to
interact with the activated aerosols suspended in clouds through aqueous-phase
processes. The mass of aerosol particles, such as sulfate, nitrate, and ammonium, may
increase from these processes which can transfer the particles to a larger size bin.
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Deposition is also taken into account in the WRF-Chem model through wet removal of
aerosols and trace gases within and below the cloud [Easter et al., 2004]. When
precipitation scavenges trace gases or aerosols below the cloud, they are immediately
wet-deposited and removed from the atmosphere. The aerosol number and mass removal
rates below cloud are calculated using lookup tables accounting for wet density, air
temperature, and air pressure. Dry deposition of aerosol particles is also a critical process
for models to take into account as aerosol particles fall from the atmosphere during their
transport in the atmosphere. In the WRF-Chem model, the dry deposition process is
simulated using the technique of Binkowski and Shankar [1995] where the Brownian
particle diffusivity and gravitational settling velocity are the governing measures. The
aerosol number and mass can be considerably impacted by the dry deposition process.
For further details on the aqueous chemistry and deposition schemes refer to Chapman et
al. [2009]. The advection scheme that transports all the mass (e.g. aerosol particles and
moisture variables) in the WRF-Chem model is the monotonic advection scheme
discussed thoroughly in Smolarkiewicz [1989] but with the addition of initial first order
fluxes.

2.2.2.6 Model limitations
We choose the WRF-Chem model in this study as it has undergone extensive
validation since its initial release which has led to a myriad of updates and improvements
in the model [e.g. Saide et al., 2011]. Recent validation studies have shown that the
aerosol direct and indirect effects are simulated reasonably well for a variety of
atmospheric conditions due to the major improvements in the model [e.g. Shrivastava et
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al., 2013]. Furthermore, the model provides the user with the unique capability of
activating or deactivating the aerosol direct and indirect effects. This allows us to
separate the impacts of the aerosol direct and indirect effects on the TC intensity.
However, the WRF-Chem model has its limitations. First, advanced options that help
form the structure of a TC, such as the storm size and intensity correction procedures in
HWRF [Gopalakrishnan et al., 2010], are not available in the WRF-Chem model.
Therefore, we do not expect the WRF-Chem to give a precise simulation of the TCs, but
we are more interested in the understanding the potential impacts of the aerosol direct and
indirect effects on the TC intensity by comparing the simulations with chemistry to those
without chemistry. Second, the WRF-Chem model has been shown to encounter large
uncertainties in simulating the SSA [Barnard et al., 2010]. It is important that models
accurately simulate the SSA because the amount of radiation absorbed in the atmosphere
by aerosols is dependent on this parameter. If the SSA is too low, then the aerosols will
absorb too much radiation leading to an unrealistically large warming in the atmosphere
which can influence an over exaggeration of the aerosol direct effects on TC intensity.
To help alleviate these potentially large uncertainties from arising in our WRF-Chem
simulations we use accurate aircraft measurements of the imaginary refractive indices for
dust aerosol to significantly improve the simulated SSA values as discussed in Section
3.3. Lastly, all the cloud microphysical schemes available as configuration options are
single or double-moment parameterization schemes. As mentioned, we choose the more
advanced double-moment Morrison scheme but it is still inferior to non-parameterized
spectral bin microphysics [Wang et al., 2013]. The major problem with using a cloud
microphysical parameterization scheme is that the hydrometer species are represented by
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an assumed size distribution such as the gamma or exponential distribution. However, in
reality, size distributions of different hydrometers can vary significantly in space and
time, and they can be very narrow without any small and large hydrometers [Khain and
Lynn, 2011]. Spectral bin microphysics actually computes the size distribution of
different hydrometers through kinetic equations allowing the distributions to vary in
space and time [Khain and Lynn, 2011]. Although validation studies have shown that
microphysical parameterization schemes can produce quite unrealistic simulations of
deep convection and TCs, the more advanced double-moment schemes, such as the
Morrison in WRF-Chem, can produce fairly realistic simulations of these phenomena
[Khain and Lynn, 2011; Wang et al., 2013].

2.2.3.1 Data
We use satellite observations and model data as inputs to develop best estimates
of three-dimensional aerosol distribution in the atmosphere. The MODIS Terra and Aqua
satellites provide the horizontal distribution of aerosols and clouds in the atmosphere.
The MODIS measures radiances in 36 different channels with spatial resolutions of 250
m, 500 m, and 1 km. We use the MODIS level 1B reflectance and temperature values to
produce red-green-blue (RGB) images for this study. Additionally, we use the mid
visible aerosol optical depth (AOD) from the MODIS level 3 daily global product with 1°
by 1° grid boxes. The level 3 AOD values are derived from the operational MODIS level
2 aerosol product by averaging the level 2 AOD retrievals with a spatial resolution of 10
km (at nadir) across each 1° by 1° grid box of the level 3 product. To avoid the level 2
‘bad’ retrievals from impacting the level 3 product we use the QA-weighted level 3 AOD
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that excludes the retrievals with no confidence. The level 2 product is produced by
comparing reflectances measured by MODIS sensor to a lookup table of computed
reflectances from a radiative transfer model [Remer et al., 2005]. The reported
uncertainties over ocean and non bright surfaces are ±0.03 ± 0.05*AOD and ±0.05 ±
0.15*AOD, respectively [Remer, et al., 2005], while ô is also provided over deserts and
other bright surfaces by the MODIS Deep Blue Algorithm with reported uncertainties are
approximately 20-30% [Hsu et al., 2006].
Since cloud cover can significantly reduce the number of MODIS level 3 pixels
associated with a confident retrieval of AOD, especially in locations of TC development
and formation, we use the GOCART model to help give a complete representation of the
horizontal distribution of aerosols. The GOCART model simulates the AOD for sulfate,
dust, organic carbon, black carbon, and sea salt [Chin et al., 2000]. Assimilated
meteorological fields from the Goddard Earth Observing System Data Assimilation
System (GEOS DAS) [Schubert et al., 1993] are used in the model, which has a
horizontal resolution of 2° latitude by 2.5° longitude and 20-30 vertical sigma layers
depending on the GEOS DAS product. For our study, the GOCART model has 30
vertical layers since the version 4 GEOS DAS product is used in assimilating the model.
In the GOCART model, AOD (e.g. τ) is calculated as τ = βext*Md where βext is the mass
extinction coefficient (m²/g) found using Mie code and Md is the aerosol dry mass (g m²). The Optical Properties of Aerosols and Clouds (OPAC) [Köpke et al., 1997; Hess et
al., 1998] database provides the optical properties of the GOCART aerosol types for the
Mie code calculations where the real and imaginary refractive indices for dust are 1.53
and 0.0055 [Chin et al., 2002]. Recent measurements reveal that Saharan dust is
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significantly less absorbing than that specified in the OPAC database with imaginary
refractive indices ranging from 0.0001 to 0.0046 at 550 nm [Haywood et al., 2005;
Petzold et al., 2009; McConnell et al., 2010]. Therefore, the imaginary indices for dust in
the GOCART model cause uncertainty in AOD since the mass extinction coefficient is
dependent on the refractive indices. We use the GOCART daily averaged total column
AOD at 450 and 550 nm for dust, organic carbon, biomass burning, sea salt, and sulfate
in our study.
We use several different CALIPSO products (Version 3.01) as input into our
satellite data constraint technique to get the best possible representation of the vertical
structure of aerosols in the atmosphere. The CALIPSO satellite carries the CloudAerosol Lidar with Orthogonal Polarization (CALIOP) instrument that measures the
vertical structure of the atmosphere by shooting pulses of light at 532 and 1064 nm and

Table 2.2 Summary of the data products used as input into the satellite data constraint technique.
Satellite /
Model

Data Level /
Version

Horizontal
Resolution

Vertical
Resolution

Parameters Used

CALIPSO

Level 1B Version
3.01

333 m
(sfc-8.3 km)

30 m
(sfc-8.3 km)

532 nm Total Attenuated
Backscatter

CALIPSO

Level 2 Version
3.01 - Cloud

333 m

Up to 5
layers

Layer Top and Base Heights

CALIPSO

Level 2 Version

5 km

Up to 10
layers

Layer Top and Base Heights

CALIPSO

Level 2 Version
3.01 - Aerosol

5 km

Up to 8
layers

Layer Top and Base Heights

MODIS
Aqua/Terra

Level 3 daily
product

1° by 1°

NA

QA-weighted ô

GOCART

Version 6 daily
product

2.5° by 2.0°

NA

ô (dust, sulfate, organic and
black carbon, sea salt)
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measuring the return signal to the lidar [Winker et al., 2003]. The CALIPSO level 1B
product contains the total attenuated backscatter profiles at 532 and 1064 nm that are
calculated from these lidar return signals with a footprint of 333 m [Powell et al., 2009].
The 532 nm backscatter measurements from the CALIOP instrument have been shown to
agree within 2.9% ± 3.9% of the 532 nm backscatter from the highly accurate NASA
Langley airborne High Spectral Resolution Lidar [Hair et al., 2008] during the daytime
[Rogers et al., 2009]. Because the CALIOP level 1B backscatter measurements show
regions of enhanced backscatter from aerosols and clouds in the atmosphere, we also use
the CALIPSO level 2 (5 km) product to decipher between the aerosol and cloud layers.
To produce this level 2 product a selective iterative boundary locator (SIBYL) algorithm
is used to identify layers of enhanced backscatter signal in the level 1B product [Winker
et al., 2009]. Then, a scene classification algorithm (SCA) labels these layers as either
cloud or aerosol depending on the physical and optical properties of the layers [Winker et
al., 2009]. The physical and optical properties for aerosols and clouds are stored in
separate level 2 5 km products. To further identify regions of enhanced backscatter due
to cloud in the level 1B product, we introduce the level 2 333 m cloud layer product into
our technique in order to check for boundary layer clouds that may not be reported in the
level 2 5 km cloud product. Boundary layer clouds detected at the single-shot (333 m)
resolution are removed from the 5 km cloud product by SIBYL algorithm so that only
homogenous features are identified in the coarser resolution product [Thorsen et al.,
2011]. Table 2.2 shows a summary of the data products used as input for developing
three-dimensional aerosol fields used in the study.
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The Spinning Enhanced Visible and Infrared Imager (SEVIRI) onboard the
Meteosat Second Generation (MSG) satellite provides data every 15 minutes over the
Atlantic Ocean [Schmetz et al., 2002]. Thus, the SEVIRI is potentially very useful for
model assimilation since the model AOD can be updated frequently with satellite
retrieved AOD. Unfortunately, the SEVIRI does not provide any vertical information on
AOD. To obtain vertical information on AOD we still must rely on CALIPSO which
only makes several transects across our model domain region over the course of a 24
hour period. Therefore, both CALIPSO and SEVIRI data are required to obtain a
complete three-dimensional representation of AOD across our model. In other words, the
high temporal resolution of SEVIRI does not provide much of a benefit in our study since
the WRF-Chem is updated with three-dimensional spatial distributions of AOD.
Furthermore, our model domain region is over the central Atlantic Ocean (i.e. Figure 2.1)
where the SEVIRI viewing zenith angle is 53° near the center of the domain (13°N,
45°W). Large viewing zenith angles cause significant increases in pixel sizes which will
reduce the number of cloud-free pixels especially in a cloudy TC environment.
Therefore, it is likely that the AOD coverage from the SEVIRI sensor would have been
poor for our study domain.
To validate our technique for constraining model simulations using satellite data
constraints, in situ measurements gathered from aircraft flights during the National
Aeronautics and Space Administration (NASA) African Monsoon Multidisciplinary
Analysis (AMMA) [Chen et al., 2010] are used. The NASA-AMMA (NAMMA)
campaign consisted of aircraft flights from Cape Verde during the peak of the hurricane
season from 19 August to 12 September 2006 with the goal to improve the understanding
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of the processes that govern TC development and strength. [Chen et al., 2010]. During
this campaign, 13 science flights were conducted using the NASA DC-8 aircraft which
was equipped with in-situ and remote sensing instruments. We utilize the Aerodynamic
Particle Sizer (APS) and Optical Particle Counter (OPC) for validating the aerosol
number concentration derived using our satellite data constraint technique. Additionally,
we use the TSI Integrating Nephelometer and Particle Soot/Absorption Photometer
(PSAP) onboard the NASA DC-8 aircraft which measures the aerosol scattering and
absorption coefficients under the dry instrument condition of relative humidity below
30% [Chen et al., 2010].

2.3. Constraining of Aerosol Fields Using Satellite Observations
The technique developed in this study uses satellite observations along with
model data to produce a realistic three dimensional representation of dust aerosol
concentrations to initialize and nudge the WRF-Chem model.

2.3.1 Characterization of aerosol vertical distribution using CALIPSO
The CALIPSO provides measurements of the vertical structure of clouds and
aerosols in the atmosphere, which are used to compute extinction profiles of aerosols.
However, the spatial coverage of the CALIPSO satellite is poor since it is an active
sensor that transmits pulses of energy to create a two-dimensional cross section (i.e.
curtain) through the atmosphere along its track (Figure 2.1). The CALIPSO level 1B
product containing attenuated total backscatter measurements at 532 nm is utilized for
estimating extinction profiles. The similar method to that used in Huang et al. [2009] is
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used to compute extinction profiles, but with some important modifications. The first
step is to produce 5 km mean backscatter profiles from the original 333 m CALIPSO
backscatter profiles by calculating the mean of the 15 original 333 m backscatter profiles
for each 5 km segment. We require backscatter profiles with the same 5 km footprint as
the CALIPSO level 2, 5 km product because the level 2 product proves critical for
deriving appropriate extinction profiles along the CALIPSO transect. Then, we calculate
the integrated attenuated backscatter coefficient (γ´) for each layer (z) and footprint (k) in
the CALIPSO profile based on the following equation:

(

)

∫

(

)

(1)

The Ba is the 5 km mean backscatter at 532 nm for an individual layer and the Zbase and
Ztop define the base and top of the layer where dz is simply the vertical resolution which is
30 m below 8.3 km, 60 m between 8.3 and 20.2 km, and 180 m between 20.2 and 40 km.
After calculating the 532 nm integrated backscatter, the τ for a layer as:

(

)

(

(

)

)

(2)

The γ´ is the value computed from Equation (1), the Sa is the layer effective lidar ratio
(extinction-to-backscatter ratio), and the η is the layer effective multiple scattering factor.
We use a value of 39 sr for Sa since Omar et al. [2010] derived a mean 532 nm lidar ratio
of approximately 39 sr using dust size distributions measured by the NASA DC-8 during
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the NAMMA campaign from August to September 2006. Omar et al. [2010] also found
that the variation in the lidar ratio was minimal during the NAMMA campaign with
values of 39.1 ± 3.5 sr which suggests that applying this mean lidar ratio value in
calculating τ should not cause major uncertainties. Nevertheless, sensitivity experiments
are performed for the range of 532 nm lidar ratios and the results are discussed in Section
2.4.3. The Sa of 39 sr should only be used when calculating the τ for a dust layer since
using this specific value in regions of clear air, cloud, and other aerosols (e.g. smoke, sea
salt) can lead to considerable errors.
In order to help minimize the errors in our study, we introduce the level 2
CALIPSO product that classifies layers as either aerosol, cloud, or clear air, along with
their vertical location for each 5 km footprint along its transect. In layers of clear air as
identified in the level 2 product, we use a value of 30 sr as lidar ratios are low in
background aerosol conditions with very low optical depths [Tesche et al, 2007]. Within
cloud layers classified by the level 2 product, we simply assume a very low, negligible τ
for the time being as we do not want the high backscatter from clouds influencing our
aerosol extinction profiles. Varnai and Marshak [2011] discovered that clouds can also
impact the nearby air leading to an unrealistic increase in the backscatter within 15 km of
a cloud but most of the impact occurs within 5 km of a cloud. To ensure that these
anomalies do not significantly impact our derived extinction profiles we set vertical
layers adjacent to any cloud layer to negligible τ values. Furthermore, we use the cloudaerosol discrimination (CAD) score available in the level 2 CALIPSO product to set this
negligible τ value for only cloud layers classified with at least some confidence (CAD >
20) as cloud layers associated with very low CAD scores can be misclassifications. For
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all aerosol layers we use the lidar ratio of 39 sr assuming that all aerosols in our study
domain are dust, but we again use the CAD score to disregard aerosol layers with
negative backscatter (CAD = -101) suspiciously high backscatter (CAD = 103). Even
though dust aerosols are dominant throughout our study domain due to the large amount
of Saharan dust being transported over the Atlantic Ocean in September 2006, other
aerosols (i.e. marine aerosols) were still present [Omar et al., 2010]. Then, we assume a
value of 0.94 for η since Lui et al. [2011] found that the η approaches 0.94 ± 0.015 when
the layer extinction is less than 1 km-1. For most, if not all, the dust aerosol layers
observed for our study domain and time period the layer extinctions are less than 1 km-1.
After calculating the τ for a layer, the aerosol extinction coefficient (βext) is
defined as:

(

)

(

)

(3)

The τ is computed from Equation (2) and Δz is simply the depth of the individual
CALIPSO vertical layers which was already mentioned earlier. Once βext is calculated
for each 5 km footprint along the CALIPSO transect, we perform additional measures to
decrease the likelihood of cloud contamination and to increase the coverage of the βext
along the transect. First, we use the CALIPSO level 2 333 m cloud product to identify
boundary layer clouds (Ztop ≤ 2 km) since these low-level clouds can often be missed in
the 5 km cloud product [Thorsen et al., 2011]. The highest cloud top and lowest cloud
base are found from the 15 available 333 m profiles within each 5 km footprint. Then,
we set the vertical layers that fall between the highest top and lowest base heights to
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negligible βext values. This additional cloud screening procedure is especially important
for this study as boundary layer clouds reside over ocean waters quite frequently
[Lohmann, 2009]. Second, we use the opacity flag parameter available in the level 2 5
km product to find any opaque cloud or aerosol layers in each 5 km profile along the
transect. If at least one opaque cloud or aerosol layer is identified, then our technique
replaces this βext profile with the nearest βext profile containing no opaque layers. This
procedure was added to our analysis because the CALIOP signal is attenuated beneath an
opaque aerosol or cloud layer which means the attenuated backscatter values beneath the
opaque layer is unusable. Clouds will most often attenuate the CALIOP signal since it
only takes a layer with an optical depth greater than about 3 to completely attenuate the
signal [Yu et al., 2010]. For this study in particular, this opacity flag procedure can have
a significant effect on the results of our technique due to the fact that TCs are always
associated with optically thick clouds that will attenuate the CALIOP signal. For
instance, if CALIPSO transects directly over a TC where deep, convective clouds lead to
complete attenuation of the CALIOP signal from 10-15°N, then all these opaque profiles
are replaced by the nearest transparent profile from either south of 10°N or north of
15°N. Thus, if these transparent profiles contain an aerosol layer from about 1-3 km in
height with a maximum βext of 0.2 km-1 at 2 km, then we assume this βext as constant from
10-15°N. Effects of the opacity flag procedure will be examined further in Section 4
when analyzing the results from this procedure for real case studies. Finally, the aerosol
extinction profiles are mapped to the WRF-Chem vertical grid with 35 layers by
calculating the mean of the extinction layers that fall between the 36 model vertical
levels. After deriving the aerosol extinction profiles along each CALIPSO transect it is
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combined with horizontal distribution of dust aerosols determined from a combination of
MODIS and GOCART AOD.
There is an operational CALIPSO product that provides extinction profiles for
each 5 km footprint along its track. We opted not to use the operational product for
several reasons. First, we did not want to rely on the lidar ratios used by the operational
product that can lead to an uncertainty of 30% in the extinction values [Winker et al.,
2009]. Thus, we used the lidar ratio values derived during the NAMMA campaign to
compute our own aerosol extinction profiles. Second, the operational CALIPSO product
contains extinction from both cloud and aerosol, and we did not extinction due to clouds
entering into the model. Our technique removed the extinction due to clouds prior to
passing the profiles into the model. Lastly, the operational product does not derive
continuous extinction profiles throughout the atmosphere as extinction values are only
given for aerosol and cloud layers detected by the CALIPSO lidar [Winker et al., 2009].
The continuous extinction profiles computed by our technique were easily passed into the
model. We did compare the extinction profiles derived using our technique to the
operational product, and the profiles were in close agreement in locations where the
CALIPSO lidar detected aerosol. Note that we used the exact same technique to derive
aerosol extinction profiles in Naeger et al. [2013a].

2.3.2 Analysis of three-dimensional aerosol fields
We generate three-dimensional analysis of aerosol fields that are used for
initializing, periodically adjusting and for providing lateral boundary conditions for the
WRF-Chem simulations. Now we introduce MODIS and GOCART data to give us an
understanding of the horizontal distribution of aerosols which is then used to derive
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three-dimensional βext maps. First, the GOCART model is used to get a complete
representation of the horizontal distribution of aerosols which we refer to as the
background aerosol map. The GOCART daily averaged Total Aerosol Column Optical
Depth product provides the model simulated AOD values at seven different solar
wavelengths for dust, organic carbon, black carbon, sea salt, and sulfate aerosols. Our
satellite data constraint technique only requires the ô at 450 and 550 nm. To obtain AOD
due to all aerosols at each GOCART model grid point we calculate the AODs of the
aerosol types. We then use the angstrom exponent with the summed AOD at 450 and
550 nm to calculate AOD at 532 nm which corresponds to the wavelength of the derived
extinction profiles from CALIPSO.
Our next task is to produce a three-dimensional AOD map from our GOCART
532 nm AOD and derived βext profiles along each CALIPSO transect. To accomplish this
task, we first find the closest GOCART grid point to the CALIPSO footprints using the
haversine formula to construct GOCART AOD along each CALIPSO transect which we
define as τ´gocart. The GOCART AOD will not show much fluctuation along the
CALIPSO transect due to the coarse resolution of the model data (2° latitude by 2.5°
longitude). Next, our technique calculates the βext on the three-dimensional GOCART
grid (βgocart):

(

(

)

)
( )

(

)

(4)

In this equation, βext are the aerosol extinction coefficient profiles derived in Section 3.2,
τgocart is the AOD directly from GOCART on their latitude-longitude grid, and τ´gocart is
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the GOCART AOD collocated to the CALIPSO footprints. In essence, we use the
horizontal distribution of AOD from the GOCART model to create the βgocart which is a
valid approach due to the well-known equations that relate layer βext to the total column
AOD. Equation (3) shows the simple equation that relates the layer βext to the layer
AOD. Then, by calculating the summation of the layer AOD throughout the column, the
total column AOD is determined.
The goal of applying Equation (4) in our technique is to derive extinction profiles
in the areas between the CALIPSO transects based on the closest extinction profile
calculated along the transects using Equation (3). Of course, since the βgocart profiles are
derived by relating to column quantities (i.e. τgocart), all the layers in the βext profile are
adjusted based on one value for the entire profile according to Equation (4). Therefore,
the magnitudes of the extinction values will be adjusted, but the overall shape of the
derived extinction profiles (i.e. βgocart) will be similar to the βext profiles as the aerosol
layer heights do not change. For example, if we assume a τgocart of 0.2 at 18°N and 42°W
in Figure 2.1 and the closest τ´gocart is determined as 0.4 along the CALIPSO transect in
the middle of the domain, then the derived βgocart profile at 18°N and 42°W will show a
similar shape as the βext profile associated with the τ´gocart of 0.4 but with the aerosol
extinction values reduced in half throughout the entire profile.
After deriving the βgocart profiles using Equation (4), we have a three-dimensional
map of the aerosol extinction on the GOCART model grid. However, we ultimately need
the three-dimensional aerosol extinctions on the WRF-Chem model grid for input into the
model. Thus, the satellite data constraint technique uses the haversine formula to place
the βgocart profiles and τgocart onto the WRF-Chem model grid. Now that the βgocart profiles
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are on the proper grid we can calculate the column τ at the model grid points (i.e. τcalipso)
using the relationship between βext and τ expressed by Equation (3). The calculation of
τcalipso is essentially linked to the original βext profiles that were calculated using the
CALIPSO 532 nm attenuated backscatter measurements along each transect. Finally, we
scale the βgocart using the following procedure:

(

(
(

)

)
)

(

)

(5)

This equation uses the ratio of the GOCART model AOD, τgocart, over the derived
CALIPSO AOD, τcalipso, to scale the βgocart profiles. In Section 4, we will present results
when Equation (5) is removed from the technique which will show why this final scaling
procedure is important.
After performing these procedures using the GOCART model ô, the QA-weighted
ô at 470 and 550 nm from the MODIS level 3 daily global product is ingested into the
satellite data constraint technique. Then, the technique cycles through the same
procedures as discussed in this Section 3.3 but with using MODIS AOD instead of the
GOCART model AOD, beginning with the angstrom exponent calculation where we use
the MODIS retrievals at 470 and 550 nm to obtain AOD at a wavelength of 532 nm.
Once again, the end result is a map of scaled three-dimensional aerosol extinction
coefficients at 532 nm on the WRF-Chem grid from the MODIS AOD retrievals using
Equation (5) which we define as β´modis. This leaves us with two different aerosol
extinction maps, one derived using GOCART model ô (i.e. β´gocart) and the other derived
using MODIS retrievals of AOD (i.e. β´modis). However, we only want to assimilate one
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map into the WRF-Chem model, therefore, at each WRF-Chem model grid point, we use
the β´modis profiles if available. If a MODIS retrieval of AOD is unavailable at a WRFChem model grid point, we use the β´gocart profile which leaves us with one aerosol
extinction map (i.e. β´final) that is a combination of the β´modis and β´gocart maps. We use
the MODIS AOD wherever available since its retrieval is based on observations and is
associated with less uncertainty than the GOCART AOD based on model simulations.

2.3.3 Mie Code: Dust mass concentrations
To calculate dust mass concentrations for assimilation into the four sectional
aerosol diameter bins of the WRF-Chem model, we must first determine the extinction
efficiency (Qext) for each bin. However, determining an accurate value of Qext for each of
the four sectional model bins is a difficult problem since direct measurements of Qext are
not available. Therefore, to stay consistent with the WRF-Chem model that uses Mie
calculations for calculating aerosol optical properties, we also use the Mie calculations
[Mie, 1908] to determine the Qext values. However, Mie calculations assume spherical
particles which can lead to significant uncertainty when assessing dust particle optical
properties due to the non-spherical nature of these particles [Schladitz et al., 2009]. For
instance, Kalashnikova and Sokolik [2002] used model simulations to show that the
spherical particle assumption can cause an underestimate in the dust extinction
coefficients of up to 30%. Then, Schladitz et al. [2009] found a 16% difference between
measured and calculated nephelometer scattering coefficients at 550 nm which they
attributed to the non-spherical shape of dust particles. Yang et al. [2007] looked
specifically at Qext where a very small difference existed between the Qext for
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a)

b)

Figure 2.2 a) MODIS RGB composite image on 5 September 2006 where the red (R) channel is the
brightness temperature difference (BTD) between the 12 and 11 μm bands, the green (G) channel is the
0.65 μm band, and the blue (B) channel is the BTD between the 11 and 8.5 μm bands. The overpasses
east of the data gap occur around 1355 UTC and the overpasses west of the gap occur around 1530 UTC.
The three CALIPSO transects in this domain on 5 September are in black while the NAMMA DC-8 flight
path is along the red line. The blue section of the red line indicates an ascent profile from about 1155 to
1220 UTC and the blue triangle on the eastern extent of the flight path is the location of a descent profile
from about 1340 to 1405 UTC. NCEP reanalysis wind data at 700 hPa is shown by the black vectors. b)
The measured size distribution from the APS instrument during the ascent profile of the DC-8 aircraft
where the mean radius is 0.598 and the geometric standard deviation is 1.565. The UHSAS capable of
measuring very fine particle size distributions was not operating during the DC-8 flight path on 5
September which explains the absence of particles with radii less than about 0.3 μm.
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spherical and non-spherical particles with an aspect ratio of 1.7. Fu et al. [2009] used the
same approach in Yang et al. [2007] to determine that the relative error in Qext is less than
1% when approximating the non-spherical dust shape with a spherical shape. Therefore,
the use of Mie theory to determine Qext will not cause significant uncertainty in our
calculations of dust mass concentration.
In order to obtain realistic Qext values from the Mie calculations, we use measured
size distributions from the APS instrument onboard the DC-8 aircraft during the
NAMMA campaign. Figure 2.2a shows a MODIS RGB composite image on 5
September 2006 where the red (R) channel is the brightness temperature difference
(BTD) between the 12 and 11 μm bands, the green (G) channel is the 0.65 μm band, and
the blue (B) channel is the BTD between the 11 and 8.5 μm bands. In this image, the
overpasses east of the data gap occur around 1355 UTC and the overpasses west of the
gap occur around 1530 UTC. The three CALIPSO transects occurring on 5 September
within this domain are in black while the NAMMA DC-8 flight path is along the red line
where the blue section of the line indicates an ascent profile from about 1155 to 1220
UTC. On this day, the DC-8 flies through dust as indicated by the pinkish colors in
Figure 1 as dust influences a positive BTD between the 12 and 11 μm bands in the R
channel leading to the pink color. The southwesterly to westerly wind flow at 700 hPa
from NCEP reanalysis data in Figure 2.2a (black vectors) transport the Saharan dust to
the location of the DC-8 flight path. Figure 2.2b shows the measured size distribution
from the APS instrument during the ascent profile of the DC-8 aircraft where the mean
radius is 0.598 and the geometric standard deviation is 1.565. The measured size
distribution has a lognormal appearance, therefore, we assume a lognormal size
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distribution for the Mie calculations and use the mean radius and geometric standard
deviation values to characterize the distribution. The Ultra-High Sensitivity Aerosol
Spectrometer (UHSAS) capable of measuring very fine particle size distributions was not
operating during the DC-8 flight path on 5 September which explains the absence of
particles with radii less than about 0.3 μm.
The Mie code also requires real and imaginary refractive indices as inputs for its
calculations but the imaginary indices for dust can vary significantly depending mostly
on the dust source region [Schladitz et al., 2009]. Chen et al. [2011] derives a mean
imaginary index of 0.0022 at 550 nm from the numerous DC-8 flights that encountered
Saharan dust during the NAMMA campaign. Thus, we use this imaginary index of
0.0022 for the Mie calculations since the occurrence of TC Florence coincided with the
NAMMA campaign and the dust that interacted with the TC originated from the Sahara.
The real refractive indices for dust show much less variability and generally range
between 1.53 and 1.56 where we use a specific value of 1.53 at 550 nm for our Mie

Table 2.3 Qext at 532 nm along with the mean diameter (dm) and volume weighted mean diameter
(dvm) in the four sectional aerosol bins.

Bin

Lower

Upper

Qext

Dm

Dvm

Diameter

Diameter

1

0.0390625 ìm

0.15625 ìm

0.09093

0.097656 ìm

0.078125 ìm

2

0.15625 ìm

0.625 ìm

3.12023

0.390625 ìm

0.3125 ìm

3

0.625 ìm

2.5 ìm

2.45538

1.5625 ìm

1.25 ìm

4

2.5 ìm

10.0 ìm

2.20020

6.25 ìm

5.00 ìm
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calculations since this value was derived during the Dust Outflow and Deposition to the
Ocean (DODO) project that took in-situ measurements of Saharan dust in February and
August 2006 [McConnell et al., 2008].
By using these specified input parameters of mean radius, geometric standard
deviation, and real and imaginary refractive indices for the Mie calculations, a Qext at 532
nm is determined for each of the four sectional aerosol bins in the WRF-Chem model.
We require a Qext value at 532 nm since the βscale profiles derived in Section 3.3 are at
532 nm. Table 2.3 shows the Qext at 532 nm along with the mean diameter (dm) and
volume mean diameter (dvm) in the four sectional aerosol bins. The aerosol number
concentration for each sectional bin (Nk) is determined through the following equation:

(

(
𝜋

)

)

(6)

The only unknown in this equation is the Nk as the aerosol extinction coefficient profiles
at 532 nm (βscale) were already derived in Equation (5) while the Qext,k and mean diameter
for each sectional bin (dm,k) come directly from Table 2.3. Then, the aerosol mass
concentration for each sectional bin (Cdust,k) is calculated as:

(

)

𝜋

(

)

(7)

The Nk was found in Equation (6) and the ρd is the dust particle density where a value of
2.6 g cm-3 is used in this study. By using a strict value of 2.6 g cm-3 for the particle
density when calculating the aerosol mass concentration at each model grid point in the
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WRF-Chem domain, we are assuming that dust is the only aerosol type present
throughout the entire domain. However, other aerosols, such as sulfate, are present in the
domain but dust aerosols are the dominant aerosol type for our case studies due to the
large amount of dust being transported from the Saharan Desert over the Atlantic Ocean
during September 2006 [Nowottnick et al., 2010]. The MODIS RGB image in Figure
2.2a is an example of one of the dust storms that occurred during our study period that
was sampled by the NAMMA DC-8 aircraft. The DC-8 aircraft sampled many other
Saharan dust aerosols over the eastern Atlantic Ocean during August and September 2006
which further suggests that dust was the far dominant aerosol type [Chen et al., 2011].
Therefore, using the strict value of 2.6 g cm-3 for the particle density is a valid approach
in our study, but this approach should not be used for most other regions where other
aerosol types with different particle densities are more abundant. Now that dust aerosol
mass concentrations are derived in the four sectional bins (i.e. Cdust,k) we are ready to be
assimilate them into the WRF-Chem model.

2.3.4 Assimilating dust mass concentrations into WRF-Chem
As mentioned earlier, the MOSAIC module simulates the aerosol number and
mass concentrations for 11 different aerosol species in each sectional bin within WRFChem where dust aerosol is taken into account by the OIN species. To avoid confusion
we will refer to this OIN species as dust throughout the remainder of this chapter. The
model initializes the aerosol number and mass concentrations for each of the 11 species
based upon northern hemispheric, mid-latitude, clean environment conditions which we
term as climatology conditions. However, we modify these initial and boundary
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conditions based upon our own derived dust aerosol mass concentrations. Since the
model calculated AOD depends on the total aerosol number concentration, which is
determined by the individual mass concentration of the 11 aerosol species, we use the
climatology conditions of the other non-dust aerosol species in this final procedure. If we
directly inserted our dust mass concentrations derived from the GOCART/MODIS AOD
map into the model, then the model calculated AOD would likely be too high due to the
influence of the other 10 aerosol species on the total AOD value. Therefore, to mitigate
this issue wherever our derived dust mass concentrations are larger than the total mass
concentrations from climatology in the WRF-Chem model domain we subtract the mass
concentrations of the non-dust aerosol species from our derived dust concentration:

(

)

(

)

∑

(

)

(8)
The C´dust,k is the modified dust mass concentration for each sectional aerosol bin k,
Cdust,k is our original derived dust mass concentrations found in Equation (7), and Cj,k are
the mass concentrations for the 10 non-dust species in MOSAIC. For our case studies,
the derived dust mass concentrations are much larger than the climatological total mass
concentrations throughout much of the WRF-Chem domain which means the
climatological values will have only a minimal impact on the final dust concentrations
that are assimilated into the model.
For the few instances where the derived dust concentrations are lower than the
climatological total concentrations, we directly replace the climatological dust mass
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concentration values with our derived values. After assimilating the C´dust,k values into
the WRF-Chem model, we can begin our model simulations. For this study, it is most
appropriate to initialize the WRF-Chem model at 1200 UTC for our simulations since the
satellite data constraint technique uses GOCART and MODIS daily aerosol products and
CALIPSO transects occurring over each day. Then, we can update the model every 24
hours at 1200 UTC using our technique.

2.4 Evaluation of satellite data constraint technique
2.4.1 Comparison to state of the art techniques
Satellite data assimilation techniques continue to become more advanced and
computationally expensive with the launch of new satellites, such as the Visible Infrared
Imager Radiometer Suite (VIIRS), that provide high-resolution observations of the Earth
and atmosphere [Le Marshall et al., 2009]. The main objective of satellite data
assimilation is to determine a solution to a forecast model that best fits the observational
fields. Variational (VAR) data assimilation techniques are considered state of the art
techniques at the current time and are widely used for improving weather forecasts and
for research applications [Liu et al., 2011b; Moore et al., 2011]. The basic goal of the
VAR techniques is to find the “best” estimate of the true atmospheric state by minimizing
a cost function which determines the fit between the model forecast and observations
through a weighted least squares method [Barker et al., 2004]. More recently, the VAR
has been modified to allow for the assimilation of satellite aerosol products into modeling
systems [Benedetti and Fisher, 2007]. For instance, a three-dimensional VAR (3DVAR)
technique is being used for assimilating MODIS AOD into the WRF-Chem through the
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Figure 2.3 a) MODIS Aqua RGB composite image at approximately 1450 UTC on 19 August 2006 with
the CALIPSO transect in black. The flight track of the DC-8 aircraft on this day is shown in red with the
blue section indicating an ascent leg of the track that we use to evaluate the satellite data constraint
technique. NCEP Reanalysis wind vectors at 700 hPa are shown by the white arrows. b) 532 nm
attenuated backscatter measurements from CALIOP taken along the transect in panel (a) which took
measurements at about the same time as MODIS. Clouds generally have higher backscatter values and
are depicted in blue while dust generally has lower backscatter values and are depicted in orange and red
colors. c) CALIPSO vertical feature mask (VFM) that classifies the features the CALIOP lidar detects in
panel (b) where clouds are colored in light blue, aerosols are colored in orange, and the color black means
the lidar signal is completely attenuated.
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a)

b)

c)

d)

τ
Figure 2.4 a-b) GOCART and MODIS τ at 532 nm across the region on 19 August 2006. The angstrom
exponent is used to calculate the τ at 532 nm for MODIS and GOCART since they do not provide a τ at
532 nm directly. The MODIS is unable to show a complete spatial distribution of τ across the region due to
cloud covered pixels causing a low confident retrieval of τ which we disregard by using the QA-weighted τ
parameter. c) The combined MODIS and GOCART τ maps on the WRF-Chem grid where MODIS
provides the τ values for a large portion of the main dust storm region while GOCART provides the τ
values for the regions with dense cloud cover evident. d) τ at 532 nm on the WRF-Chem grid but for the τ
calculations based strictly on the CALIPSO 5 km extinction profiles (i.e. τcalipso). The τ scale for all the
panels is located at the bottom.
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NCEP Gridpoint Statistical Interpolation (GSI) data assimilation system [Liu et al.,
2011b]. The major problem with this 3DVAR technique is that they rely solely on a
model to provide information on the vertical distribution of aerosols since the MODIS
AOD is only two-dimensional product. Conversely, our satellite data constraint
technique feeds vertical information of aerosols into the WRF-Chem through actual
satellite measurements from CALIPSO. The study of Sekiyama et al. [2010] successfully
assimilated CALIPSO measurements into a model but they did not combine horizontal
and vertical information from multiple satellite sensors as done in this study. Only
assimilating CALIPSO measurements poses a couple problems. First, it is extremely
difficult to understand the horizontal distribution of aerosols when using CALIPSO alone
as it is an active lidar that transmits a thin laser beam along its path [Winker et al., 2009].
Second, the CALIPSO backscatter measurements are often attenuated in regions of
optically thick aerosols (AOD >1) [e.g. Naeger et al., 2013a] which can lead to a large
underestimation of the aerosol mass concentration of the model. Therefore, we combine
the MODIS and CALIPSO measurements in our technique which eliminates these two
problems that arise when using CALIPSO alone.

2.4.2 19 August 2006 case study
For evaluating the technique described in Section 3, we use NAMMA DC-8
aircraft flights where a flight occurs very close in time and space to a CALIPSO overpass
on 19 August 2006 around 1430 UTC. The pink and orange colors mostly poleward of
12°N over the Atlantic Ocean in the MODIS RGB image (Figure 2.3a) indicate dust
aerosols. Dust aerosols are between 2 and 6 km in height with the higher backscattering
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of aerosols poleward of 12°N (Figure 2.3b). The CALIOP measurements also reveal
high-level clouds with heights of around 15 km between 6 and 16°N while the clouds
poleward of 16°N are located near the top of the dust layers with heights of 5-7 km.
Figure 2.3c is the CALIPSO vertical feature mask (VFM) that classifies the features the
CALIOP lidar detects in Figure 2.3b, and the VFM helps to confirm the features as dust
(orange) or cloud (blue). Overall, a rather complex scene of clouds and dust are present
over the region during this CALIPSO overpass.
Figure 2.4a-b show the spatial distribution of AOD at 532 nm from GOCART and
MODIS throughout the region. Note that we use the angstrom exponent to calculate the
AOD at 532 nm. The MODIS is unable to show a complete spatial distribution of AOD
across the region due to cloud cover. According to the AOD retrieved by MODIS, the
GOCART model simulates the dust storm from the Sahara Desert rather well as ô > 1.0 is
simulated for the main portion of the dust storm. However, the north-south and westward
extent of the areas covered with AOD > 1.0 is larger for MODIS which could be due to a
combination of a couple factors. First, non-spherical dust particles cause larger
uncertainties in the MODIS retrieval of AOD [Remer et al., 2005]. Second, the
GOCART dust emission scheme has reported uncertainties in the simulated AOD during
transport [Yu et al., 2010]. Even though both the MODIS and GOCART AOD can
contain uncertainties, there is a statistical relationship between them as the correlation
coefficient is 0.60 for all pixels where MODIS retrieval is available. Overall, MODIS
retrieves larger AODs across the domain with a mean of 0.74 while the mean is 0.65 for
GOCART. The standard deviation for MODIS and GOCART is 0.42 and 0.21,
respectively, across the domain as MODIS retrieves a much larger range of AODs with a
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maximum of 2.25 and minimum of 0.08 while GOCART simulates a maximum of 1.13
and minimum of 0.29.
As discussed in Section 3.3, we essentially combine the MODIS and GOCART AOD
maps when performing the scaling procedure in Equation (5), since we replace the
GOCART AOD with the MODIS AOD retrieval whenever available. Therefore, we
show the combined MODIS and GOCART AOD maps on the WRF-Chem grid in Figure
2.4c where MODIS provides the AOD values for a large portion of the main dust storm
region while GOCART provides the AOD values for the regions with dense cloud cover
evident in the MODIS RGB image (i.e. Figure 2.3a). Figure 2.4d also reveals the AOD
at 532 nm throughout the WRF-Chem domain but for the AOD calculations based on the
CALIPSO 5 km extinction profiles (i.e. ôcalipso). The derived τcalipso is significantly lower
than the MODIS and GOCART AOD, especially within the main dust storm region, due
primarily to a couple different reasons. First, the vertical curtain-like measurements from
the CALIOP lidar provide very poor spatial coverage across this region on 19 August.
Thus, the CALIOP lidar fails to measure the most optically thick regions of the dust
storm from 22-28°W. Second, optically thick dust storms with AOD > 1 can attenuate
the CALIOP lidar signal, and AOD > 1 exists across a significant area of the dust storm
over the Atlantic Ocean (Figure 2.4c). In fact, the CALIPSO vertical feature mask
(VFM) in Figure 2.3c reveals that the lidar signal is at times completely attenuated along
the eastward transect in Figure 2.4d. The black color in the CALIPSO VFM indicates
that the lidar signal is completely attenuated which tends to occur beneath the clouds
(light blue) but also occurs in the optically thick dust layers (orange) from 20-24°N. As
mentioned in Section 3.2, the satellite data constraint technique disregards the CALIPSO
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a)

b)

c)

Figure 2.5 a) The blue profile is the in situ extinction profile measured during the ascent leg of the
NAMMA DC-8 aircraft track shown by the blue section of its red track in Figure 2.3a. The red profile
is calculated from the average of the two CALIPSO 5 km extinction profiles at 532 nm that are closest
to the latitude of the blue profile (~15.2°N). The approximate location of the CALIPSO extinction
profiles used to calculate the red profile are marked by the vertical dashed black and white lines in
Figure 2.3b-c. b) The DC-8 extinction profile is once again in blue while the average of our derived
extinction profiles directly along the ascent leg of the DC-8 track are displayed in red. The dashed
and solid red lines are the averaged extinction profiles calculated from the non-scaled and scaled
three-dimensional extinction maps, respectively. c) The red profiles show the summation of the
aerosol number concentrations calculated for the WRF-Chem model sectional bins 3 and 4 where the
dashed red profile is derived using the non-scaled extinctions while the solid red profile is derived
using the scaled extinctions. The blue profile displays the aerosol number concentrations measured by
the DC-8 APS instrument for particle diameters larger than 0.7 μm.
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profiles that experience complete attenuation (e.g. opaque) since the lidar is unable to
measure the full vertical profile of the atmosphere in these profiles. The correlation
coefficient between the MODIS/GOCART AOD (Figure 2.4c) and τcalipso (Figure 2.4d) is
only 0.30 indicating a weak relationship between them. This comparison explains why
we do not use the τcalipso directly to derive the dust mass concentrations but rather scale
the derived extinction profiles from CALIPSO according to the MODIS/GOCART AOD
as accomplished through Equation (5).
Now we compare an in situ extinction profile measured during an ascent leg of
the NAMMA DC-8 aircraft track to a nearby CALIPSO extinction profile (Figure 2.5a).
Note that the CALIPSO extinction profile is derived using the technique discussed in
Section 3.2 and the profile is adjusted to the 35 WRF-Chem model vertical levels. The
DC-8 extinction profile is calculated by summing the scattering coefficient at 550 nm
from the nephelometer and absorption coefficient at 532 nm from the PSAP. Therefore,
we are assuming negligible variations in the scattering coefficients between 550 and 532
nm which is a valid assumption for dust particles with larger sizes. The DC-8 aircraft
measured its profile while ascending from 0.5 to 10 km between 1408 and 1436 UTC
while the CALIPSO profile occurs at about 1450 UTC. Thus, the DC-8 aircraft was
ascending through the thicker dust layers of the atmosphere at around 3 km
approximately 30 minutes prior to the CALIPSO profile and about 160 km to the west of
the CALIPSO profile. Nonetheless, the trend in the DC-8 and CALIPSO extinction
profiles compare well with the highest extinction values occurring just above 3 km with a
significant decrease in extinction beneath 3 km. However, quantitatively large
differences exist between the extinction values of the profiles as the DC-8 profile peaks

60

near 0.14 km-1 while the CALIPSO profile peaks near 0.09 km-1. Much larger DC-8
extinction values are also shown below 2 km which is probably partly due to some
attenuation of the CALIOP signal as it passes through the atmosphere. Figure 2.3b-c
shows that the CALIOP passed through upper level clouds around 15 km in height and
then the dusty air in the middle atmosphere before finally measuring the low-level
atmosphere. Therefore, the CALIOP signal most likely experienced some attenuation
before measuring the low-level atmosphere which will lead to underestimations in the
derived extinctions and AOD. The DC-8 and CALIPSO AOD for these profiles is 0.34
and 0.25, respectively, which suggests that CALIPSO is underestimating the AOD for
this dusty atmosphere. However, it is difficult to quantitatively compare the
measurements between the space-based and in situ instruments considering their spatial,
temporal, and vertical resolution differences along with the fact that the spatial
distribution of dust aerosols can be highly variable.
The differences in the resolutions between the in situ and CALIOP instruments
are not the only reason that discrepancies may arise between the extinction profiles. The
signal-to-noise ratio is much lower for CALIOP since a signal from a space-based lidar
must transmit through great distances before encountering a target [Hunt et al., 2009]. In
other words, in situ instruments typically have higher sensitivity and a lower detection
limit than a space-based lidar. Unfortunately, the in situ instruments also have
uncertainties that must be discussed. For example, the inlet collection efficiency can
considerably decrease when the particles are larger than a few micrometers in diameter
which can lead to significant issues for certain types of aerosol particles, in particular
dust. Also, there are issues regarding the differences in particle sizes due to relative
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humidity since the CALIOP sensor measures backscatter profiles at the ambient relative
humidity while in situ instruments typically dry the aerosol before measuring scattering.
The results in Figure 2.5a suggest that the trend in the vertical distribution of
extinction can be accurately retrieved from the CALIPSO measurements, which gives us
confidence in continuing forward with the next steps in our technique discussed in
Section 3.3 where we calculated a non-scaled and scaled three-dimensional extinction
map through Equations (4)-(5). Our calculated profiles have a similar trend in extinction
when compared to the DC-8 profile with again the maximum extinctions occurring just
above 3 km in height with much lower extinctions below (Figure 2.5b). However, the
profile calculated from the scaled extinction map (solid red) has considerably larger
extinctions than the one calculated from the non-scaled map which is explained by the
MODIS/GOCART AOD being larger than the τcalipso. Figure 2.4c-d clearly shows that
the MODIS/GOCART AOD is larger than the τcalipso along the ascent leg of the DC-8
track. Thus, the AOD for the scaled and non-scaled red profiles in Figure 2.5b is 0.48
and 0.23, respectively, where the AOD from the DC-8 profile falls in between at 0.34.
Note that these AOD values are calculated based on the minimum and maximum height
of the DC-8 profile to allow a better comparison which means the large spike in
extinctions at about 0.5 km in our calculated profiles are ignored. Although the AOD of
the scaled profile is actually further from the AOD of the DC-8 than the non-scaled
profile, it better represents the peak in extinction observed in the DC-8 profile at about 3
km.
Next, we calculate the aerosol number concentration from our scaled and non-scaled
extinction profiles according to Equation (6) in Section 3.4. Figure 2.5c shows the
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summation of the aerosol number concentrations calculated for the WRF-Chem model
sectional bins 3 and 4 and the aerosol number concentrations measured by the DC-8 APS
instrument for particle diameters larger than 0.7 μm. The lower size diameter for bin 3 of
the WRF-Chem model is 0.625 μm, which means we should expect larger number
concentrations for our derived profiles compared to the DC-8 profile due to the APS
instrument not counting those particles that have diameters between 0.625 and 0.7 μm.
Nonetheless, similar trends should still be observed between our derived number
concentrations and the measured concentrations, and we see similar trends occurring
between the profiles in Figure 2.5c. The scaled and non-scaled profiles both show the
trend in number concentrations measured by the APS instrument with an increase in
concentration in the mid-level atmosphere and much lower concentrations in the lowlevel atmosphere. Our scaled profile is in better agreement with the DC-8 below 4 km as
the non-scaled profile significantly underestimates the number concentration, which
again helps validate our use of the scaled profiles. The significantly higher extinctions
and number concentrations for our derived profiles above 5 km is due to the CALIOP
lidar measuring some enhanced backscatter at these heights as revealed in Figure 2.3b.
The dust mass concentrations calculated through Equation (7) for each WRF-Chem
sectional diameter bin are directly related to the number concentrations. Therefore, this
comparison between the DC-8 and our derived number concentrations suggests that our
satellite data constraint technique is capable of providing reasonable three-dimensional
dust mass concentrations to input into the model.
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a)

b)

c)

d)

τ
Figure 2.6 Same panels as Figure 2.4 except that these panels are for the 5 September 2006 case study.
The NAMMA DC-8 flight path on this day is shown in black with the ascent and descent legs of the
flight path denoted by the white line and triangle, respectively. The CALIPSO transects occurring across
the domain on this day are shown by the vertical white lines.
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a)

b)

Figure 2.7 Same type of panels as in Figure 2.5c except that panel a) is for
the ascent profile denoted by the white line along the black DC-8 flight path
in Figure 2.6 and panel b) is for the descent profile denoted by the white
triangle along the DC-8 path.
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2.4.3 5 September 2006 case study
We further evaluate our technique against measurements from the NAMMA DC8 flight occurring on 5 September 2006. The MODIS RGB composite image has already
been presented for this case study where a Saharan dust storm was being transported from
western Africa to over the Atlantic Ocean (Figure 2.2a). A lower correlation exists
between the GOCART and MODIS AOD on 5 September (Figure 2.6a-b) compared to
the 19 August case with values of 0.53 for this case. However, the two products show
similar variability in the AODs across the domain as the standard deviation for GOCART
and MODIS is 0.29 and 0.28, where MODIS retrieves a maximum and minimum of 1.56
and 0.05 while GOCART has a maximum and minimum of 1.18 and 0.09. The mean
AOD for GOCART is 0.40 and for MODIS is 0.47. The largest discrepancies between
the two products occur over the high reflecting desert where GOCART shows AOD near
1.0 across a significant area of the desert while MODIS shows AOD ranging from 0.2 to
1.0 throughout this same area. The correlation coefficient between the AOD maps
significantly increases to 0.73 when ignoring the AODs over the bright desert region,
which is noteworthy since the WRF-Chem model domain for our TC Florence simulation
(i.e. Figure 2.1) does not extend over the bright desert. Nonetheless, the DC-8 aircraft
measured an AOD value of only 0.23 at the location of its descent profile in Figures 2.6ab while the GOCART and MODIS values were about 0.9 and 0.4, respectively, at this
location. Even though it is very difficult to compare a daily AOD product from a spacebased sensor and an instantaneous AOD from an in situ instrument, the fact that
GOCART value is almost four times the DC-8 value suggests that the MODIS retrieval is
more representative than the GOCART simulation across the desert region. Fortunately,
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since MODIS retrievals are available across the bright desert, our satellite data constraint
technique uses these AOD values instead of the GOCART values when generating the
three-dimensional extinction map for calculating the dust mass concentrations. In the
combined MODIS/GOCART AOD map (Figure 2.6c) over 70% of the domain is covered
with the MODIS AODs while less than 30% is covered with the GOCART AODs. The
τcalipso map (Figure 2.6d) reveals large differences occurring between the
MODIS/GOCART AOD as a low correlation coefficient of 0.40 exist between them. A
few similarities are seen between the maps, especially west of 24°W where the
correlation coefficient increases to 0.54 for this region over the Atlantic Ocean with
AODs mostly less than 0.4, but overall the τcalipso values are unreliable. For instance, the
τcalipso map is only able to capture a small area of large AOD associated with the dust
storm across western Africa and the Atlantic Ocean while both MODIS and GOCART
suggest the area of large AOD is much more extensive.
Next we validate the aerosol number concentrations derived using our technique
with the number concentrations measured by the APS instrument of the DC-8 aircraft
during the ascent and descent legs of its track on 5 September. Our derived number
concentrations before and after the scaling procedure are compared against the DC-8
measurements. The non-scaled profile severely underestimates the peak concentration
while the scaled profile agrees fairly closely to the peak concentration from the DC-8
aircraft (Figure 2.7a). The large difference between the non-scaled and scaled profiles is
due to the much higher AOD in the vicinity of the DC-8 ascent profile in the
MODIS/GOCART map than in the τcalipso map. For the descent leg of the DC-8 aircraft,

67

a)

(μg m-3)

b)

Figure 2.8 a) 532 nm attenuated backscatter measured by the CALIOP lidar along the transect
occurring at approximately 0300 UTC on 5 September which is the central transect shown in Figure
2.2a. b) Our calculated mass concentrations along the CALIPSO transect in panel a).

68

our scaled concentration profile compares relatively well to the DC-8, except for the peak
in concentration to about 35 cm-3 in the DC-8 profile that is missing in our profile (Figure
2.7b). Also, the peak concentrations in our scaled profile occur at slightly higher heights
than in the DC-8 profile. Once again the non-scaled profile significantly underestimates
the number concentration beneath 5 km in height. This validation exercise further proves
our reasoning for applying the scaling procedure in our technique. The results of our
derived aerosol number concentrations are quite encouraging especially when
considering the fact that the DC-8 profiles in Figure 2.6c-d occur roughly 400 to 500 km
from the nearest CALIPSO measurements. This shows that once dust is lofted in the
atmosphere its vertical structure does not vary significantly with distance during
transport. Typically, dust storms gradually decrease in altitude during their transport
across the Atlantic Ocean [Huang et al., 2010] which suggests that using daily
composites of CALIPSO transects to understand the vertical structure of dust across our
study region (i.e. Atlantic Ocean) is a valid method.
Finally, we present an example of the derived dust mass concentration profiles
that are input into the WRF-Chem model. Figure 2.8a displays the CALIOP backscatter
measured during a nighttime CALIPSO transect at approximately 0300 UTC on 5
September which is the central transect in our domain. An extended region of dust
aerosols are lofted from about 2-5 km poleward of 10°N, and the dust associated with the
highest backscatter values are located between 21 and 25°N as indicated by the pink and
blue colors. Some clouds associated with high backscatter are causing complete
attenuation of the CALIOP lidar signal, especially from 16-18°N, making it impossible
for the lidar to measure the dust beneath the clouds. Fortunately, our satellite data
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constraint technique ensures that the strongly attenuated CALIPSO backscatter profiles
are not used to derive the final dust mass concentrations input into the WRF-Chem
model. The scaled mass concentrations input into the model along this CALIPSO
transect are shown in Figure 2.8b where fairly large concentrations greater than 1000 μg
m-3 are derived for the dust storm from 12-19°N. The CALIOP lidar is also completely
attenuated over most of its transect from 5-10°N due to the high, thick convective clouds
that are often present in this region. These convective clouds are clearly seen in the
southern portion of the MODIS RGB image on 5 September (i.e. Figure 2.2a). Although
the CALIOP lidar is completely attenuated by the clouds, we still derive some mass
concentration approaching 800 μg m-3 along this section of the transect. The few
CALIPSO backscatter profiles that do not undergo strong attenuation from 5-10°N allow
us to understand the vertical structure of the dust among the clouds. Note that the dust
mass concentrations we present here are the total mass concentrations which means they
are the summation of the concentrations calculated for the four WRF-Chem sectional
diameter bins. Overall, our technique appears to ingest reliable dust mass concentration
profiles into the WRF-Chem model.

2.4.4 Error Analysis
Our satellite data constraint technique uses a constant lidar ratio of 39 sr for all the dust
aerosols across the study domain for the TC Florence case. However, Omar et al. [2010]
calculated the lidar ratio from measurements gathered during numerous DC-8 flights
through dust layers throughout the NAMMA campaign in August and September 2006,
and they found that the lidar ratio for dust during this time period varied from 35-43 sr.
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The lidar ratio is important for calculating the extinction profiles from the CALIPSO
attenuated backscatter measurements. In addition, even though Chen et al. [2011] found
that the imaginary refractive index varied from 0.0015-0.0044 for the dust layers during
the NAMMA campaign, our technique uses a constant imaginary index of 0.0022 when
conducting the Mie calculations that impact our dust mass concentration values. Thus,
we test the sensitivity of the dust mass concentrations to the range of lidar ratios and
imaginary indices found during the NAMMA campaign. Figure 2.9 shows the
percentage difference in the mass concentration values calculated by our technique along
the CALIPSO transect on 5 September at 0300 UTC when changing the constant lidar
ratio and imaginary index values to 35 sr and 0.0015. We already showed the original
mass concentration values when using a constant lidar ratio and imaginary index of 39 sr
and 0.0022 (Figure 2.8a). There is only a slight difference in the mass concentrations
throughout the CALIPSO transect as the differences are mostly from 0-2%. Larger
differences of 3-5% appear for the dust layers south of 12°N with a couple outlier values
greater than 7%. But, for the most part, setting the lidar ratio and imaginary indices to
these lower values did not have a significant impact on the results of our technique. Note
that the range in the imaginary indices found for the dust layers during the NAMMA
campaign had a near negligible impact on our calculated mass concentrations compared
to the range in the lidar ratios. Thus, the percentage differences are due almost entirely to
using the lower lidar ratio. Also, we do not show the percentage difference results when
using the higher lidar ratio and imaginary index of 43 sr and 0.0044 since they are nearly
identical to Figure 2.9.
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Figure 2.9 Percentage difference in the mass concentration values
calculated by our satellite data constraint technique along the
CALIPSO transect on 5 September at 0300 UTC when changing the
constant lidar ratio and imaginary index values to 35 sr and 0.0015.
The original mass concentrations values when using a constant lidar
ratio and imaginary index of 39 sr and 0.0022 were already presented
in Figure 2.8a.

72

b)

a)

Figure 2.10 a) MODIS L3 daily AOD product (Terra and Aqua) on
2 September for the region centered over the WRF-Chem model
domain. b) The MODIS L2 AOD retrieved from all the available
Aqua and Terra overpasses across this region on 2 September.
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Table 2.4 Mass concentrations for the dust layer located from 3-5 km between 9 and 13°N in
Figure 2.9 for the four sectional diameter size bins in WRF-Chem.

Lidar Ratio

Bin 1 (ìg m-3)

Bin 2 (ìg m-3)

Bin 3 (ìg m-3)

Bin 4 (ìg m-3)

35

3.6

11.7

59.2

264.4

39

3.7

12.0

60.9

271.8

43

3.8

12.3

62.4

278.4

Table 2.4 shows the variations of the mass concentration values in the four
sectional diameter bins in WRF-Chem when using a lidar ratio of 35, 39, and 43 sr. The
results in Table 2.4 are for the dust layer associated with the higher percentage
differences of 3-5% in Figure 2.9 which is located 3-5 km in height from 9-13°N. The
majority of the percentage differences in the total mass concentrations in Figure 2.9 were
caused by the largest diameter bin (Bin 4) as the concentration values varied from 264.4278.4 μg m-3 for the range of lidar ratios of 35-43 sr. The variation in the concentration
values are reduced when moving from the largest to smallest size bins which is expected
as the range in lidar ratio will have a greater impact on the higher mass concentrations.
We compare the MODIS L3 daily AOD product to the MODIS L2 instantaneous
AOD product on 2 September 2006 since we initialize our TC Florence simulation on this
day at 1200 UTC. The MODIS L3 daily AOD product (Terra and Aqua) on 2 September
for the region centered over the WRF-Chem model domain is shown in Figure 2.10a.
The MODIS L2 AOD retrieved from all the available Aqua and Terra overpasses across
this region on 2 September is displayed in Figure 2.10b. All the Aqua and Terra daytime
overpasses over this region occur during the daytime between about 1200 and 1800 UTC
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Figure 2.11 Scatter plot of MODIS L2 AOD versus MODIS L3 AOD
where L2 data is available across the WRF-Chem model domain
region.
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b)

a)

Figure 2.12 a) Combined MODIS/GOCART AOD map used to
initialize the aerosol fields of the WRF-Chem model on 2 September
at 1200 UTC. b) Combined MODIS/GOCART AOD if the L2
product was used in our study.
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as AOD is not retrieved at nighttime, and these AOD retrievals are then used to produce
the L3 daily product. Thus, we essentially use a +6 hour time window by using the
MODIS L3 daily product in our satellite data constraint technique since we initialize and
update the WRF-Chem model at 1200 UTC on each day of the simulation. The major
advantage of using the MODIS L3 daily product is the greater coverage of AOD across
the domain which is clearly seen by comparing Figure 2.10a-b. However, the greater
AOD coverage comes at a cost as the L3 daily product has a much coarser spatial
resolution of 1° by 1° compared to the 10 km resolution of the L2 product. The coarser
spatial resolution of the L3 daily product could lead to significant discrepancies between
the AOD of the two MODIS products. Fortunately, for our TC Florence simulation, the
MODIS L2 and L3 products compare closely which suggests that we are not introducing
major uncertainties into the model simulation by using the L3 product. An example of
the close comparison between the products is displayed in Figure 2.11. The scatter plot
shows a very high correlation of 0.96 between the L2 and L3 AOD on 2 September. The
largest differences between the two products occur for AOD > 1.0 which implies that the
spatial distribution of the large AOD regions are varying more strongly than the smaller
AOD regions. However, overall the two MODIS products agree very closely as the mean
AOD across the domain for the L3 and L2 products are 0.37 and 0.34, respectively.
The combined MODIS/GOCART AOD map used to initialize the aerosol fields
of the WRF-Chem model on 2 September at 1200 UTC is shown in Figure 2.12a where
the northern half of the domain is mostly filled with MODIS L3 AOD. Figure 2.12b
shows the combined MODIS/GOCART AOD if the L2 product was used in our study.
The GOCART AOD covers a significant area of the northern half of the domain in Figure
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2.12b which would introduce major uncertainties into our model simulation as the
GOCART AOD is much lower than MODIS across the optically thicker regions of the
dust storm. The GOCART model is unable to effectively transport the dust storm across
the Atlantic which is leading to the large discrepancies between the GOCART and
MODIS AOD. Therefore, the mean AOD across the domain in Figure 2.12b is only 0.24
while the mean AOD is 0.34 in Figure 2.12a. Consequently, using the MODIS L2 AOD
product instead of the L3 daily product in our satellite data constraint technique will
reduce the impact of the aerosol-radiation and aerosol-cloud interaction processes.

2.5 Summary and Conclusion
In this chapter, we present a detailed overview of a technique for applying
constraints based on satellite observations to improve the representation of three
dimensional dust aerosol fields in WRF-Chem model, to be utilized for studying Saharan
dust impact on TCs. Our unique technique combines the aerosol vertical structure from
CALIPSO with the horizontal distribution from MODIS and GOCART to derive best
estimates of three-dimensional distribution of aerosols, which is important for accurately
simulating the impacts of the aerosol-radiation and aerosol-cloud interaction processes.
We apply our technique to two case studies on 19 August and 5 September 2006 since insitu aircraft measurements during the NAMMA campaign were available on these days to
help validate the results of the technique. The significant conclusions from this chapter
are as follows:
1. In comparison to in situ observations in cloud-free regions, there was
considerable improvement in the aerosol number concentration profiles upon the
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application of our satellite data constraint technique. For instance, observations and our
technique both showed aerosol number concentrations from 20-30 cm-3 between 2 and 5
km for Saharan dust moving over the eastern Atlantic Ocean on 5 September 2006.
2. In cloudy regions, we found that our technique was able to derive realistic
mass concentrations for profiles where the CALIOP lidar was strongly attenuated. This
is especially important for our TC simulations involving optically thick clouds that
strongly attenuate the CALIOP signal which cause poor-quality backscatter
measurements that should not be used assimilated into a model.
3. Overall, our technique is able to provide the model with a complete three
dimensional distribution of aerosols in clear and cloudy conditions which is critical for
conducting realistic simulations of aerosols interacting with a TC environment. The
impacts of the aerosol direct and indirect radiative effects on a TC environment are
dependent upon the horizontal and vertical distribution of aerosols in the atmosphere.
Although the technique performs well over ocean, it should be applied with
caution over other regions and seasons where dust is not the dominant aerosol type and
the transport pathways of the aerosol may be very different. In chapter 3, we apply the
technique developed to investigate the potential impact of dust aerosols on TC
development through conducting WRF-Chem model simulations on TC Florence taking
place during the NAMMA campaign.
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CHAPTER 3

MODEL EXPERIMENTS OF TROPICAL CYCLONE FLORENCE

3.1 Introduction
Hurricanes, at times causing severe destruction in the United States [Pielke et al.,
2008], usually begin as rather weak disturbances propagating westward in low-level
tropical easterly waves from northern Africa and the eastern Atlantic Ocean [Carlson,
1969]. Riehl [1954] studied these disturbances mostly through observations in the
Caribbean region which lead to the term “easterly wave”. Since then, observations have
shown that theses disturbances often originate over continental Africa where the wave
structure can be much different than over the western Atlantic, which gave rise to the
term African easterly waves (AEWs) [Carlson, 1969]. The unique wave structure is
caused by the persistent temperature and humidity boundary that exists between the very
warm, dry air over the Sahara Desert and the cooler, moister air over the nearby
vegetated region to its south, which influences the initial development of the AEWs over
northern Africa [Burpee, 1972].
These AEWs can be intensified by the Saharan Air Layer (SAL) which usually
originates as a flow of maritime air from the Mediterranean Sea into northern Africa
[Karyampudi and Carlson, 1988]. After several days of traversing across the desert, the
once moist, cool air arrives near the West African coast and has modified into a deep
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layer of very warm, dry air from the strong sensible heating occurring over the Sahara
during the summer. Moreover, the intense sensible heating over the Sahara causes very
unstable conditions and consequently strong near surface winds that lift dust from the
surface to the top of the mixing layer which can be as high as 500 mb [Prospero and
Carlson, 1972]. Therefore, dust aerosols are typically suspended within the SAL as it
propagates from northern Africa [Reid et al., 2003]. As it continues to move westward,
the SAL is lifted by the cool, moist marine air off the West African coast, and a
temperature inversion develops as the SAL is lifted and the air near the SAL base is much
warmer than the air at the same level to the south. As a result, a strong baroclinic zone is
often present in this region due to the significant temperature gradient which promotes
strong vertical wind shear in the zonal wind between 850 and 650 mb and formation of
the middle level easterly jet [Karyampudi and Carlson, 1988]. In other words, the SAL
can play a critical role in the development of AEWs and mesoscale convective systems
(MCSs) embedded in the waves. In fact, the intensification of MCSs along the western
and southern boundaries of the SAL has actually been observed through geostationary
satellites [Chen, 1985]. However, the SAL can also weaken MCSs when the dry and
warm environment of the SAL is ingested into the storm environment [Wong and
Dessler, 2005]. Since hurricanes or tropical cyclones (TCs) develop from the embedded
MCSs, the SAL can ultimately impact TC formation and development, especially due to
its close proximity to the main development region (MDR) of the tropical Atlantic Ocean
between 10°N and 20°N [Shapiro and Goldenberg, 1996].
When a TC environment becomes engulfed by the SAL, the introduction of the
hot, dry air within the storm stabilizes the environment and influences downdrafts that
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can help suppress convection [Dunion and Velden, 2004]. Therefore, the SAL can help
weaken TCs or inhibit their development into mature hurricanes. In addition, the
increase in the local vertical wind shear due to the development of the AEJ can suppress
TC activity in the Atlantic [Dunion and Velden, 2004]. These findings were supported
by the modeling study of Wu et al. [2006] where the SAL influence on Hurricane Isabel
over the western Atlantic Ocean in 2006 was investigated. Their model results suggested
that the warm, dry SAL may have delayed the formation of Hurricane Isabel and
prevented another disturbance from developing. The warm temperature of the SAL is
likely the fundamental factor that leads to weakening TCs since the warm temperature
may lead to the dry conditions and increased vertical wind shear of the SAL environment
[Sun et al., 2009]. The warm SAL temperature increases that atmospheric stability as
warmer air lies above cooler air which reduces the transport of moisture into the
developing TC. However, the SAL may actually help strengthen a TC depending on its
vicinity to the TC location [Shu and Wu, 2009]. The SAL may help strengthen the TC
when located primarily to the northwest but the storm tends to weaken if the SAL moves
within 360 km to the southeast and southwest of the storm center.
The SAL environment is not only warm and dry but can also be quite dusty which
further complicates matters when interacting with TCs since dust aerosols can influence
the local radiative energy budget and cloud microphysics [Sassen et al., 2003, Haywood
et al., 2003]. Cakmur et al. [2006] found that over half of the global dust emissions
estimated between 1000-3000 Tg per year are from source regions in Africa. As the dust
is transported along in the SAL, it can substantially modify the local radiative energy
budgets along the path through the direct effects of aerosols [Haywood et al., 2003]. In
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the shortwave (SW) spectrum, the dust scatters radiation back towards space while
heating the atmosphere due to its absorptive characteristics [Kaufman et al., 2002]. The
dust can further warm the atmosphere by absorbing LW radiation where a portion of the
absorbed energy is reradiated back towards the surface which leads to a warming at the
surface as well [Zhang and Christopher, 2003]. Consequently, a higher dust loading in
the SAL can lead to warmer and drier conditions as shown in Wong and Dessler [2005]
where a strong relationship between AOD and temperature/specific humidity was evident
across the eastern Atlantic Ocean. Then, the heating of the atmosphere from dust
aerosols can cause a decrease in the local cloud cover and prevent the development of
new clouds which is known as the semi-direct effect of aerosols [Hansen et al., 1997;
Ackerman et al., 2000]. Furthermore, the impact of the direct effect of dust is dependent
on the vertical distribution as the LW component of the energy budget and the
temperature profile of the atmosphere varies based on the dust height [Claquin et al.,
1998]. Thus, the direct effect of dust can influence TC development through modifying
the environment of SALs that interact with storm environments.
The cloud microphysical impact of dust aerosols can also influence TC
development due to their ability to act as cloud condensation nuclei (CCN) where the
presence of dust increases the CCN concentration and decreases the cloud droplet sizes
which is known as the first indirect effect of aerosols [Twomey et al., 1984]. The second
indirect effect of aerosols occurs when the smaller cloud droplet sizes help suppress
precipitation formation and consequently increase cloud lifetime [Albrecht, 1989] and
cloud thickness [Pincus and Baker, 1994]. Twohy et al. [2009] found observational
evidence of the first indirect effect from in-situ instruments sampling significantly larger
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cloud droplet numbers in small cumulus clouds residing in dusty air compared to the
clouds in the dust free air. Satellite observations from the Moderate Resolution Imaging
Spectroradiometer (MODIS) showed further evidence of the second indirect effect as an
increasing coverage of low clouds was observed where the mid-visible AOD was higher
[Kaufman et al., 2005]. Furthermore, a higher CCN environment can promote stronger
convection as the larger number of smaller droplets can cause a delay in the formation of
raindrops which leads to increases in the latent heating release by both condensation and
freezing [Khain et al., 2005]. Koren et al. [2005] provided evidence of dust aerosols
helping to invigorate convection as increasing dust concentrations lead to decreases in
cloud top pressure and thicker clouds. Wang [2005] further supported these findings
after performing modeling simulations of tropical deep convection where increasing CCN
concentrations promoted stronger convection, increasing precipitation, and greater cloud
coverage.
These previous studies providing evidence on the impact of aerosols on
convection initiated interest on how aerosols might influence larger scale convective
systems such as TCs. Satellite observations indicated that TC Debby and Helene may
have been invigorated by Saharan dust as colder cloud tops and more frequent lightning
flashes were observed among the rainbands than over the convective center of the storms
[Jenkins et al., 2008]. Zhang et al. [2007] analyzed the possible influence of SAL dust on
TC intensity by simulating an idealized pre-TC mesoscale convective vortex (MCV) with
varying background CCN concentrations of 100, 1000, and 2000 cm-3. The minimum sea
level pressure (SLP) of the simulation with the highest CCN concentration was
approximately 25 hPa higher than the simulation with the lowest CCN concentration
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which suggests that the SAL dust aerosols can weaken TCs. However, it is important to
note that when they introduced giant CCN with radii typically greater than 5 mm into the
simulations the weakening impact of the CCN was substantially reduced. Rosenfeld et
al. [2007] found very similar results when using the WRF model to simulate a TC with
and without warm rain processes occurring at the periphery of the storm. By shutting off
the warm rain processes at the periphery of the storm they were essentially taking into
account the effects of aerosols on clouds. Ignoring the warm rain processes led to
stronger convection in the periphery of the storm along with greater evaporation and lowlevel cooling that helped weaken the TC. The results of the model simulations in Zhang
et al. [2009] agreed with the Rosenfeld et al. [2007] study as the strength of the
convection in the eyewall was negatively correlated to that in the rainbands. Stronger
convection in the rainbands means more latent heating and enhanced cold pools that
weaken the inflow of air into the eyewall which reduces the maximum wind speeds of
TCs. Then, the statistical study of Rosenfeld et al. [2011] found that about 8% of TC
forecast errors is explained by aerosols interacting with the periphery of the storms and
weakening the intensities of the TCs. They also noted that the aerosols may have a
greater influence on the TC intensity during its developing stages and a lesser influence
during its mature and dissipating stages. Further evidence for the weakening effect of
aerosols on TC intensities was shown in Krall [2010] and Krall and Cotton [2012] where
modeling simulations showed Typhoon Nuri weakening as it interacted with pollution
from Asia. However, the simulations also showed that the pollution may have helped to
intensify Typhoon Nuri during its weak and poorly organized stages when the storm did
not yet form well-developed rainbands and a closed eyewall. Therefore, the aerosols
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were able to interact with the clouds near the storm center which led to stronger
convection near the center and a strengthening TC.
In this study, we further investigate the potential impact of aerosols on the
intensity of TCs through mesoscale model simulations of TC Florence and Helene
occurring in September 2006. This study is unique in the fact that we constrain the
WRF-Chem model with best estimates of the three-dimensional aerosol distribution in
the atmosphere using observations from satellites to simulate the impacts of dust on TC
development. Furthermore, we attempt to separate the influences of the direct and
indirect radiative effects of dust aerosols on TC development through conducting several
different WRF-Chem model experiments on the same TC. Previous studies have not
attempted to separate the impacts of the direct and indirect aerosol effects on TC
intensity. We focus on the impact of dust aerosols on TC Florence since it developed
during a period when Saharan dust was frequently propagating from North Africa to the
vicinity of the storms over the Atlantic Ocean [Chen et al., 2011]. In Section 3.2, we
discuss the different model experiments conducted in our study. The results of the
different model experiments are assessed and compared for TC Florence in Section 3.3,
and model validation and uncertainties are discussed in Section 3.4. Finally, the
summary and conclusions are presented in Section 3.5.

3.2 Model Experiments
The mesoscale model used in this study is the WRF model coupled with
chemistry (WRF-Chem) which has the capability to simulate trace gases and particulates
simultaneously with meteorology [Grell et al., 2005]. Thus, the WRF-Chem model can
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simulate the direct and indirect effects of aerosols through the aerosol-radiation and
aerosol-cloud interactions occurring in the atmosphere. A total of 11 aerosol species are
simulated by the model where dust aerosols are contained within the “other inorganic
aerosol” specie. We will not delve any further into the model components since chapter 2
provides detailed discussion of its chemistry components. Additional information on the
model can be found in Grell et al. [2005] and Fast et al. [2006].
The WRF-Chem grid domain covers the track of TC Florence from 2 September
at 1200 UTC to 7 September at 1200 UTC. The horizontal grid spacing is 3 km with 900
x 800 grid points in the x and y directions. The reader is referred to the chapter 2 for
additional details on the model configuration. It is important to note that 6-hourly Global
Forecast System (GFS) model analyses [Kalnay et al., 1998] with a grid resolution of 1°
x 1° supplies WRF-Chem with the initial and lateral boundary conditions for
meteorology. The lateral boundaries are updated and nudged to the GFS analyses every 6
hours during the TC simulations where the meteorology of the outermost grid point
around the model domain comes directly from GFS while the next four interior grid
points are nudged to the analyses. We only perform boundary nudging on the outermost
five grid points of our large model domains in order to allow the atmosphere to evolve
based primarily on the model physics. Note that we do not nudge the interior of the
model domain to the GFS analyses since nudging can mask the impact of the direct and
indirect effects of aerosols simulated by the model [Krall, 2010]. As described in chapter
2, we use the Model for Simulating Aerosol Interactions and Chemistry (MOSAIC) with
4 sectional diameter bins for parameterizing aerosols. For chapter 3, we conduct three
different WRF-Chem model experiments for TC Florence.
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For the first experiment, referred to as NoCHEM , the chemical transport
modeling component of WRF-Chem is not activated, suppressing chemisty, gas phase
chemisty, aerosol-radiation interactions, aerosol-cloud interactions, and aqueous
chemistry and wet scavenging (Table 2.1). We use a satellite data constraint technique to
incorporate our own three-dimensional dust aerosol mass concentrations into the model
for the second experiment which is referred to as the CHEM experiment. Chapter 2 gives
in-depth details on the methodology behind the satellite data constraint technique. For
the CHEM experiment, all the chemistry options in Table 2.1 are activated. The third
experiment or CHEM-ND (i.e chemistry-no direct) is identical to CHEM except that
aerosol-radiative feedbacks are deactivated in the model. In other words, the direct effect
of aerosols are not allowed to impact the CHEM-ND experiment which allows us to
better understand the indirect effects through the aerosol-cloud feedback processes
simulated in the model. Therefore, by comparing the CHEM and CHEM-ND
experiments, we can separate the impacts of the direct and indirect effects of aerosols. In
addition, by comparing the WRF-Chem experiments to the NoChem experiment, we can
understand the potential impact of aerosols on the development and intensity of TC
Florence. Note that the linkages for aerosol-cloud feedback processes are available only
for explicit microphysical parameterization of clouds. A horizontal grid spacing of 3 km
used in the experiments is far below the values for which the convective parameterization
schemes are valid, and thus an explicit microphysical parameterization is used in the
experiments. This study focuses on the last 72 hours of the TC Florence simulation with
the first 48 hours being utilized for model pin up. Aerosol fields derived using our
satellite data constraint technique provides the initial and boundary conditions of aerosols
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Figure 3.1 a) MODIS L2 AOD for the overpass of the Terra
satellite directly over TC Florence and the nearby dust contaminated
regions on 4 September 2006 at approximately 1325 UTC. b)
MODIS L3 daily global AOD from the Aqua and Terra satellites for
4 September. c) WRF-Chem AOD on 4 September at 1800 UTC
after using our satellite data constraint technique to nudge the model
aerosol fields. d) WRF-Chem AOD for the free run simulation on 4
September at 1800 UTC. The solid black line denotes the CALIPSO
transect on this day which flew from south to north.

89

for the CHEM and CHEM-ND experiments. The model simulated aerosol fields for
these two experiments are then nudged to our derived aerosol fields every 24 hours at
1200 UTC.

3.3 Experiment Results
After simulating the TC Florence case for 48 hours, we intercompare the results
between the three model experiments and compare them against observations. The
MODIS Terra makes an overpass directly over TC Florence and the nearby dust
contaminated areas on 4 September 2006 at approximately 1325 UTC. The MODIS level
2 aerosol product results from this overpass (Figure 3.1a) show a significant area of the
region with AOD > 0.6 with the highest values near 1 across the northwest portions of the
overpass. Note that at this time Florence was still a tropical depression centered near
16°N and 42°W with maximum winds of 35 mph. The location of the storm is evident in
Figure 3.1a by the large cluster of clouds (gray) in the center of the overpass. The
MODIS level 3 daily global product from the Aqua and Terra satellites are also shown
(Figure 3.1b) since we use this product in deriving our three-dimensional aerosol mass
concentrations for the WRF-Chem model. Figure 3.1a and 3.1b show close agreement in
the regions where AOD is retrieved during the MODIS Terra overpass as the level 3 daily
products are simply a gridded version of the level 2 products. Thus, the reported
uncertainties of ±0.03 ± 0.05τ over ocean surfaces also apply to the level 3 product
[Remer, et al., 2005]. Although the reported uncertainties are rather low over the ocean,
some additional uncertainties arise in this study since we are using a daily gridded
product instead of a hourly product to constrain the aerosol fields within the WRF-Chem
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model for each day at 1200 UTC throughout the simulations. However, in chapter 2 (i.e.
Section 2.4.4), we conducted a sensitivity test when using the MODIS level 2 versus the
level 3 AOD product, which indicated that any additional uncertainties introduced by the
level 3 product were minimal as the spatial distribution of AOD agreed very closely
between the products. The sensitivity test also highlighted the advantage of using the
level 3 product as it provided much greater coverage across the domain. In fact, Figures
3.1a-b show an example of the greater coverage of the level 3 product, especially to the
north and northeast of the storm location (centered near 16°N, 42°W) where the
considerable area of AOD > 0.5 shown in the daily product is not retrieved by the level 2
product using a single Terra overpass. Thus, we do not have to rely as much on the
GOCART model AOD when using the MODIS level 3 AOD product in our satellite data
constraint technique.
The WRF-Chem model AOD for the CHEM experiment at 1800 UTC on 4
September (Figure 3.1c) after using our satellite constraint technique to nudge the aerosol
fields six hours earlier shows a similar spatial distribution of aerosols when compared to
Figure 3.1b with high AOD throughout the northern sections of the domain and much
lower AOD to the south. However, the AOD from the model is higher than that from the
MODIS level 3 product as the mean AOD poleward of 18°N in the domain is 0.74 from
MODIS and 0.84 from the model. The higher model AOD is primarily due to the fact
that we nudge the dust aerosol fields within WRF-Chem using our technique which
assumes that the MODIS AOD is due to dust alone. Although this is not a poor
assumption for this specific region and season, there can be minor contributions to the
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Figure 3.2 a) The CALIPSO transect on 4 September at approximately 1615
UTC where it passes over storm clouds associated with TC Florence and the
dust to the north. b) The VFM for this CALIPSO transect that classifies
mostly dust aerosols (D) to the north of the storm clouds and marine aerosols
(M) to the south of the storm clouds. Some polluted dust (PD) is also
classified along this transect. c) WRF-Chem AOD for each vertical layer on
4 September at 1800 UTC where the largest AODs are simulated in the
vicinity of the dust. d) WRF-Chem AOD if CALIPSO data had not been
used in our satellite data constraint technique.
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MODIS AOD from other aerosols such as sea salt. In fact, the slightly larger model
AOD in Figure 3.1c is caused mostly by the sea salt contributing an average of about 0.1
AOD to the total value throughout the domain. Though dust is the far dominant aerosol
type in the domain due to the frequent Saharan dust storms during our study period, sea
salt is an overall minor component in the atmosphere during the TC Florence simulation
as will be shown later in the section. If we did not nudge the WRF-Chem aerosol fields
using our satellite data constraint technique and instead allowed the model to run freely,
then a minimal amount of dust aerosols would have been simulated within the domain
since it did not extend over the dust source region of the Sahara Desert. In other words,
the dust emission scheme in WRF-Chem would be unable to pick up dust aerosols across
the Sahara Desert leading to an unrealistically small amount of dust interaction with the
TC environment. Figure 3.1d displays the model predicted AOD for the free run
simulation on 4 September at 1800 UTC where the large AOD due to dust aerosols across
the northern sections of the domain in Figure 3.1c have completely vanished.
The CALIPSO passes over a portion of the storm on 4 September at
approximately 1615 UTC where it measures very high 532 nm attenuated backscatter
values in the upper troposphere from the very thick storm clouds (Figure 3.2a). The
actual cloud thicknesses are not revealed in Figure 3.2a since they completely attenuate
the CALIOP lidar signal. However, MODIS level 2 retrievals of cloud optical
thicknesses for these attenuating clouds vary between 30 and 60 (not shown). After
passing over the optically thick clouds, CALIOP measures an atmosphere contaminated
with aerosols above low-level clouds around 1 km in height from about 19-22°N. The
aerosols are associated with much lower backscatter values (yellowish colors) than the
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low-level clouds (bluish colors). The CALIPSO vertical feature mask (VFM) identifies
this suspended aerosol layer as dust (yellow color) with a thickness of around 4 km.
From 8-15°N along the CALIPSO transect, marine aerosols consisting of sea-salt are
identified in the lowest 2 km of the atmosphere which suggests that sea-salt is in fact
present across our model domain. The model simulated layer AOD at 1800 UTC on this
day along the CALIPSO transect shows the higher layer AOD of around 0.08 due to the
suspended dust layers from 19-26°N with much lower values generally less than 0.02
south of 19°N (Figure 3.2c). Note that clouds are attenuating the CALIOP signal from
23-26°N which prevents the lidar from measuring dust beneath the clouds. However, the
backscatter measurements and VFM suggest that dust aerosols are suspended throughout
this cloudy region as moderate backscatter from dust is detected in the cloud-free portion
of the transect directly between the clouds at 24°N. Note that our model is still capable
of simulating dust aerosols in this cloudy region.
Figure 3.2d shows the vertical profile of AOD that would have been simulated by
the model on 4 September at 1800 UTC if we did not have the CALIPSO vertical
distributions across our model domain. In other words, Figure 3.2d displays the vertical
profile of AOD if we only constrained the WRF-Chem simulated AOD to the horizontal
distribution available from MODIS and GOCART. We can see that the AOD of
approximately 1.1 is mostly contained below 1 km in height from 19-26°N which is
vastly different from the vertical AOD profiles shown in Figure 3.2c. When dust aerosols
are suspended above the surface as in Figure 3.2c, they can have considerable impacts on
the longwave radiation at the TOA. We can quantitatively understand the impacts of the
dust aerosols on the longwave and shortwave radiation in the atmosphere by taking the
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difference between the NoCHEM and CHEM experiments. Along the transect from 1926°N in Figure 3.2d, the CHEM and NoCHEM experiments simulate a mean TOA
longwave radiation of 260 W m-2 and 272 W m-2, which indicates that the dust aerosols
reduced the longwave radiation by 12 W m-2 in the CHEM by absorbing and reemitting
the radiation at a cooler temperature. This absorbed longwave energy helped warm the
low levels of the atmosphere in the CHEM. If we did not have the CALIPSO vertical
distributions, then this longwave energy would have been absorbed near the surface and
reemitted at a temperature very similar to the surface. As a result, there would have been
a negligible impact on the longwave radiation at the TOA. In the shortwave spectrum,
the dust aerosols cause a decrease of radiation at the surface of approximately 160 W m-2
in the CHEM experiment. This shortwave energy is absorbed and warms the atmosphere
within the dust layer located primarily between 2 and 5 km in height. Conversely, if we
did not have the CALIPSO vertical distributions, the 160 W m-2 of shortwave energy
would be mostly used for warming the near surface air where the dust would have been
located. This increase in energy is more easily transferred to the surface when dust
warms the atmosphere at such low heights. Consequently, the significant reduction in
surface temperature that can occur when dust aerosols are lofted in the atmosphere would
not occur if the dust was located near the surface. Overall, the impacts of the aerosol
direct effects in our WRF-Chem model simulations would have been reduced if
CALIPSO was unavailable due to their vastly different influence on the radiation in the
atmosphere. Furthermore, the impacts of the aerosol indirect effects would have been
reduced as well due to the decreased cloud interaction when dust is located near the
surface.
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Figure 3.3 a) The simulated single scatter albedo (SSA) at 700 hPa
on 4 September at 1800 UTC if using the prescribed dust imaginary
refractive indices of 0.0066 in the four shortwave bands in the WRFChem model. b) The SSA simulated in our study after modifying the
refractive indices to 0.0022 according to aircraft flights during the
NAMMA campaign. The most significant changes occur in the cloudfree dust regions such as to the north of the TC location.
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Figure 3.4 a) Shortwave radiation at the surface for the NoCHEM experiment at
1800 UTC on 4 September. b) Same as panel a) except results for CHEM
experiment. c) Longwave radiation at the TOA at the same time for the
NoCHEM experiment. d) Same as panel d) except results for the CHEM
experiment. The black box denotes the 2° by 2° region among the dust storm
with an average AOD of 1.0.
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In addition to using our satellite data constraint technique to provide WRF-Chem
with a three-dimensional representation of aerosols in the atmosphere, we also modify the
imaginary refractive indices for dust in the model to make the values more representative
of those derived for the dust storms during the study period. The prescribed imaginary
refractive index for dust in the four shortwave spectral bands of 0.3, 0.4, 0.6, and 1.0 μm
is at a constant 0.006, which is much higher than the mean imaginary refractive index at
0.55 μm of 0.0022 derived for numerous Saharan dust layers during the NASA African
Monsoon Multidisciplinary Activities (NAMMA) campaign [Chen et al., 2011]. If we
keep the prescribed dust imaginary refractive indices in the WRF-Chem model, then the
simulated single scatter albedo (SSA) values on 4 September at 1800 UTC are around
0.92 for the dust aerosols at 700 hPa across the northern portion of the domain (Figure
3.3a). However, after we modify the refractive indices to 0.0022 across the four
shortwave spectral bands in the model, the model simulates considerably higher 700 hPa
SSA values of around 0.95 at this same time (Figure 3.3b). Not surprisingly, the
simulated SSA values in Figure 3.3b are much more realistic to the estimated values of
0.97 ± 0.02 during the NAMMA campaign [Chen et al., 2011]. Thus, if we did not
modify the imaginary refractive indices in the model, the dust would have been much too
absorbing of shortwave radiation, which would have led to an unrealistic warming in the
atmosphere and an underestimation of shortwave radiation received at the surface.
Since dust aerosols impact both shortwave and longwave radiation, we expect the
local radiative energy budgets to be different between the NoCHEM and CHEM
experiments across the model domain. The panels in Figure 3.4 clearly show the
considerable differences between the NoCHEM and CHEM experiments for the
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shortwave radiation received at the surface (Figure 3.4a-b) and the longwave radiation at
the TOA (Figure 3.4c-d). Note that the CHEM-ND experiment results are nearly
identical to the NoCHEM results since the aerosol radiative feedbacks are deactivated for
the experiment. Specifically, we analyze the differences between the NoCHEM and
CHEM experiments for the cloud-free region from 23-25°N and 41-43°W with a mean
AOD of approximately 1.0 and a mean solar zenith angle of 48°. For this 2° by 2°
region, the mean shortwave radiation at the surface is 623 W m-2 (Figure 3.4a) while the
mean longwave radiation at the TOA is 275 W m-2 (Figure 3.4c) in the NoCHEM
experiment. The mean shortwave radiation at the surface and longwave radiation at the
TOA decrease to 480 W m-2 (Figure 3.4b) and 264 W m-2 (Figure 3.4d), respectively, for
this same region in the CHEM experiment. The large reduction of shortwave radiation at
the surface in the CHEM experiment is mostly due to dust reflecting downwelling
radiation back towards the top of the atmosphere (TOA). However, a small portion of the
shortwave radiation is also absorbed by the dust due to the slightly absorbing SSA of 0.95
which helps warm the atmosphere. We compute the instantaneous shortwave and
longwave aerosol radiative effect by taking the difference in the mean shortwave
radiation at the surface and longwave radiation at the TOA between the CHEM and
NoCHEM experiments. For the 2° by 2° region, the mean shortwave radiative effect at
the surface is -143 W m-2 while the mean longwave radiative effect at the TOA is 11 W
m-2. The mean shortwave and longwave aerosol forcing efficiency (i.e. aerosol radiative
effect per unit AOD [Christopher and Zhang, 2004]) for this region is then -143 W m-2
per AOD and 11 W m-2 per AOD, respectively, since the mean AOD is about 1.0. These
aerosol forcing efficiencies compare well to previous studies. For instance, Di Sarra et
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Figure 3.5 a) GFS Reanalysis 700 hPa relative humidity on 4 September at 1800 UTC. b)
NoCHEM 700 hPa relative humidity at the same time along with the 700 hPa wind barbs showing
the cyclonic circulation into the center of the TC at 16°N and 43.5°W. c) Same as panel b) except
results from the CHEM experiment. d) GFS Reanalysis 700 hPa temperature on 4 September at
1800 UTC. e) NoCHEM experiment 700 hPa temperature. f) CHEM experiment 700 hPa
temperature.
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al. [2011] analyzed the instantaneous shortwave and longwave forcing efficiencies for an
intense Saharan dust storm over the Mediterranean Sea. They found a mean shortwave
forcing efficiency at the surface of about -140 W m-2 per AOD for a solar zenith angle of
35° and a mean longwave forcing efficiency at the TOA of about 13 W m-2 per AOD. Di
Biagio et al. [2010] conducted an observational based study on the radiative effect of
aerosols over the Mediterranean Sea, and they reported instantaneous shortwave forcing
efficiencies at the surface of -136 ± 12 W m-2 per AOD for dust aerosols over a range of
solar zenith angles from 35-45°.
Next, we check to see whether the temperature (T) and relative humidity (RH)
fields from the GFS Reanalysis and the model simulations show the warm, dry air
associated with the SAL. We look specifically at 700 hPa since both CALIPSO and our
model simulations indicate that the dusty SAL was located between 2 and 5 km. For the
time of comparison, we choose 4 September at 1800 UTC because the model is 54 hours
into the simulation at this time so it has had a sufficient spin up period during the initial
48 hours of the simulation. The GFS Reanalysis 700 hPa relative humidity at this time
shows a region of dry air with RH < 60% associated with the SAL located across the
northern portion of the domain (Figure 3.5a). The driest air of the SAL with RH < 40%
is beginning to enter the study domain from the northeast. The RH at 700 hPa from the
NoCHEM simulation at 1800 UTC shows a much broader area of dry air associated with
SAL across the northern section of the domain (Figure 3.5b). Adjacent to the SAL to the
south is the storm area associated with very moist air which forces a strong south-north
RH gradient. It is interesting that the NoCHEM simulation shows a drier SAL that
extends further west compared to the GFS Reanalysis since it has been found that GFS

101

tends to underestimate the dryness of the SAL due to its coarse vertical resolution [Sun et
al., 2009; Braun et al., 2010]. In fact, Sun et al. [2009] showed that the low-level relative
humidity and temperature fields from GFS failed to capture the westward extension of
the SAL for this TC Florence case. Thus, by opting not to nudge the interior of our
domain to GFS Reanalysis data every 6 hours, the NoCHEM experiment was able to
simulate a more extensive, drier SAL that agreed closer to the results of Sun et al. [2009].
At this time, only minimal differences were observed between the 700 hPa RH from the
NoCHEM and CHEM experiments (Figure 3.5c) which suggests that the direct effects of
dust have yet to noticeably impact the RH field. Also, note that the storm has yet to
ingest the dry SAL as the 700 hPa wind from both the NoCHEM and CHEM experiments
show the SAL being transported by an easterly wind to the north of the storm location.
Overall, the 700 hPa wind patterns from both experiments are very similar throughout the
domain. At this time, the storm structures are very similar between the NoCHEM,
CHEM, and CHEM-ND experiments, and the minimum sea level pressure for the tropical
depression in all three experiments was about 1006 hPa. Our model simulations also
show a more pronounced area of warmer temperatures at 700 hPa associated with the
SAL compared to the GFS Reanalysis temperatures. This region is highlighted by the
white boxes in Figures 5d-f. The GFS Reanalysis and the model simulations all reveal an
area of 284 K temperatures in the northeast portion of the domain but the model has these
warmer temperatures extending further westward. Interestingly, noticeable temperature
differences are observed between the NoCHEM and CHEM as the CHEM experiment
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Figure 3.6 Minimum sea level pressure (solid red line) and maximum sustained winds (dashed
red line) from 6-hourly observations beginning at 48 hours into the simulation on 4 September at
1200 UTC and continuing until the end of the simulation at 120 hours on 7 September at 1200
UTC. Minimum sea level pressure and maximum sustained winds every 6 hours from the
NoCHEM, CHEM, and CHEM-ND experiments are denoted by the green, black, and blue lines,
respectively.

103

simulates 283 K temperatures throughout much of the white box. Temperatures in this
region are as much as 0.5 K warmer in the CHEM experiment than that simulated in the
NoCHEM experiment, which suggests the direct effects of dust are influencing a warmer
SAL. We do not show the 700 hPa temperatures from the CHEM-ND experiment since
the temperatures throughout the SAL region are nearly identical to that shown for the
NoCHEM experiment as the aerosol-radiative feedbacks are deactivated.
For this study we are analyzing TC Florence during its tropical depression and
tropical storm stages. Figure 3.6 shows the minimum sea level pressure (solid red line)
and maximum sustained winds (dashed red line) from observations during our simulation
time period where TC Florence was declared a tropical storm 66 hours into the forecast
(5 September at 0600 UTC) with a minimum sea level pressure of 1007 hPa and
maximum winds of 18 m s-1. Florence remained a tropical storm the remainder of the
forecast period with its maximum intensity occurring between 102 and 114 hours into the
forecast where observations showed a minimum sea level pressure of 1000 hPa and
maximum winds reaching 23 m s-1. All three WRF-Chem experiments simulated a
stronger storm than revealed by the observations but TC Florence in the CHEM
experiment (black lines) was closer to the observations than in CHEM-ND (blue lines)
and NoCHEM (green lines). By the end of the period on 7 September at 1200 UTC (120
hours into the forecast), CHEM simulated TC Florence with a minimum sea level
pressure of 993 hPa and maximum winds of 29 m s-1 while NoCHEM simulated Florence
with a minimum sea level pressure of 980 hPa and maximum winds of 39 m s-1. Thus,
the CHEM experiment simulated a significantly weaker storm that only reached tropical
storm status while TC Florence reached a stronger category one status in the NoCHEM
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Figure 3.7 All panels present model results for 5 September at 1800 UTC. a) AOD results
from CHEM experiment with white circle denoting TC center. b) Mass concentration of
dust aerosols activated as CCN from CHEM experiment with black circle denoting TC
center. c) Same as panel (b) except from CHEM-ND experiment.
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experiment. The CHEM-ND experiment simulated a storm stronger than CHEM but
weaker than NoCHEM with a minimum sea level pressure of 986 hPa and maximum
winds of 34.5 m s-1. Throughout the remainder of this chapter, we analyze the reasons
for the differences between the three experiments.
The dust laden SAL began interacting with the TC Florence environment on 5
September at 1800 UTC (78 hours into the simulation). At this time, the TC intensities
were still nearly identical between the three experiments as the minimum sea level
pressure of the storm was approximately 1002 hPa in each experiment. After this initial
period of TC-dust interaction on 5 September at 1800 UTC, the storm intensities began to
significantly differ throughout the remainder of the simulation. The CHEM experiment
on 5 September at 1800 UTC shows AOD of about 0.4 being transported towards the TC
center from the southeast (Figure 3.7a). Also, AOD of about 0.6 was infringing upon the
TC environment from the northeast as indicated by the red box. Not surprisingly, the
dust aerosols began to strongly interact with the rainband lclouds of the TC in the CHEM
and CHEM-ND experiments. Figures 3.7b-c show the mass concentration of dust
aerosols that are activated within the clouds throughout the domains of the CHEM and
CHEM-ND experiments at this time. Activation simply means the dust becomes cloud
condensation nuclei (CCN). A considerable amount of dust activation occurs in the
rainband clouds of the TC in both the CHEM and CHEM-ND as revealed within the red
boxes. However, at this time, more dust is interacting with the rainband clouds in the
CHEM-ND experiment, especially within the northern red box where activated mass
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Figure 3.8 Total mass concentration of dust aerosols activated as CCN within 400 km of storm
center from 5 September at 1800 UTC (78 hours into forecast) until the end of the simulation on 7
September at 1200 UTC (120 hours into the forecast). Dashed black line is the CHEM
experiment while the dashed blue line is the CHEM-ND experiment. Also shown is the minimum
sea level pressure (MSLP) of TC Florence in the CHEM (solid black line) and CHEM-ND
experiment (solid blue line).
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concentrations are larger than 100 μg m-3 over a substantial area. The total mass
concentration of dust aerosols activated as CCN within 400 km of the storm center is
displayed in Figure 3.8 which clearly shows that the more dust aerosols are activated
within the TC environment in the CHEM-ND experiment (dashed blue line) on 5
September at 1800 UTC (78 hours into the forecast). Then, beginning 6 September at
0000 UTC until 1800 UTC (84 to 102 hours into the forecast) the CHEM experiment
(dashed black line) had the higher amount of activated dust concentrations. We
computed the correlation coefficient between the minimum sea level pressure and the
activated dust concentrations for both experiments in Figure 3.8. A six hour time lag was
used to compute the correlation coefficient since it can take this long for enhanced
aerosol activation to modify a TC rainband and then impact the eyewall [Zhang et al.,
2009]. The correlation coefficient for the CHEM and CHEM-ND experiments of 0.4 and
0.6, respectively, suggests that the aerosol-cloud interactions near the TC center are in
fact influencing its intensity. However, the lower correlation coefficient for the CHEM
implies that the aerosol direct effects may also be influencing the storm strength which
will be discussed much further in this chapter.
After the initial interaction of dust with the TC rainband clouds on 5 September at
1800 UTC (i.e. Figure 3.7), large differences are shown for the latent heat fields at 700
hPa between the NoCHEM, CHEM-ND, and CHEM experiments by 6 September at
0600 UTC (Figure 3.9a-c). The most intense latent heating and convection in the
NoCHEM occur nearby the storm center (20.5°N, 46.5°W) as the latent heating
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Figure 3.9 All panels display model results of latent heat release at 700 hPa for 6
September at 0600 UTC. White wind barbs show 925 hPa wind fields. a) NoCHEM, b)
CHEM-ND, and c) CHEM experiment.
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diminishes further east. In the CHEM-ND and CHEM experiments, strong latent heating
and convection develops over 200 km away from the storm center as the dust aerosols
interact with outer regions of the rainbands. Noteworthy differences appear between the
CHEM-ND and CHEM latent heating fields since the highest activation of dust aerosols
occurred among different regions of the TC rainbands (i.e. Figure 3.7b-c). Thus, the
most rapid rainband development occurred to the southeast of the storm center in the
CHEM and to the west of the storm center in the CHEM-ND. It has been known that the
distribution of latent heating in the TC environment can strongly influence the storm
strength [e.g. Rosenfeld et al., 2012]. When aerosols are introduced into the TC
environment, their interaction with the outer rainband clouds can promote an increase in
latent heating and convection away from the storm center and stronger cold pools that
block the inflow of air into the TC center which can suppress the storm intensity
[Rosenfeld et al., 2012]. Additionally, the increase of latent heating associated with the
aerosol indirect effects also warms the atmosphere which can potentially influence the
storm intensity by modifying the pressure and wind of the TC environment [Wang,
2009].
At the same time, the warmer air associated with the SAL in the CHEM
experiment began noticeably impacting the TC environment on 6 September at 0600
UTC. The 850 hPa temperature field within the TC environment was rather similar
between the NoCHEM and CHEM-ND experiments at this time as the warm core of the
storm center was surrounded primarily by much lower temperatures. Therefore, we only
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Figure 3.10 All panels display model results for 6 September at 0600 UTC with black circles denoting TC
center. a) 850 hPa temperature and wind fields from CHEM-ND experiment. Note that the wind barbs
show wind speeds in knots. b) Same as panel (a) except from CHEM. c) 850 hPa temperature difference
between the CHEM and CHEM-ND experiments. d) 925-700 hPa thermal wind difference between the
CHEM and CHEM-ND experiments. e) 925-700 hPa modeled wind shear difference between the CHEM and
CHEM-ND experiments.
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display the CHEM-ND temperature field at 850 hPa in Figure 3.10a. In the CHEM
experiment, the 850 hPa temperatures to the southern side of the storm center were
similar to that in the core as the dusty SAL propagated into the TC environment (Figure
3.10b). The difference between the CHEM and CHEM-ND temperature fields is
presented in Figure 3.10c where temperatures are up to 3 K warmer to the south of the
storm center due to dust warming the SAL through the aerosol direct effects in the
CHEM. Next, we analyze the thermal wind between 925 and 700 hPa since the dust
aerosols reside in this portion of the atmosphere. The thermal wind states that the change
in the geostrophic wind speed with height is proportional to the horizontal temperature
gradient. However, in the real atmosphere, the thermal wind may be very different from
the actual wind as other factors, such as the strong centrifugal force from the highly
curved flow in a TC environment, can lead to accelerations in the wind that are unrelated
to the temperature field [Lackmann, 2011]. Thus, the thermal wind calculations can help
prove that the warmer temperatures associated with the SAL in the CHEM experiment
are causing the increase in the low level jet speed. The following relationships are used
to conduct the thermal wind analysis:

(9)
(10)
(

)

(11)

Equations (9) and (10) are the thermal wind relationships for the CHEM-ND and CHEM
experiments, respectively. The VT and ZT are the 925-700 hPa thermal wind vector and
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thickness. The expected difference in the thermal wind between the CHEM and CHEMND simulations is calculated via Equation (11) and displayed in Figure 3.10d. Then, we
compare Figure 3.10d to the differences between the 925-700 hPa wind shear directly
from the two model simulations shown in Figure 3.10e. Although quantitative
differences are apparent between the two figures, both the thermal wind and modeled
wind shear are mostly lower in the CHEM than in the CHEM-ND with values
approaching -12 m s-1 in the region within 1° of the TC center (20°N, 46°W).
Conversely, when moving 1-2° away from the TC center, the thermal wind and modeled
shear are generally higher in the CHEM experiment. The warmest part of the dusty SAL
in the CHEM experiment is located at about 19°N and 45°W (i.e. Figure 3.10b), and the
differences in the thermal wind and modeled shear just to the east of this area are
comparable with values ranging from 1-5 m s-1. Not surprisingly, the CHEM experiment
shows a stronger low-level jet in this region as the 850 hPa winds are up to 5 m s-1 higher
than the winds in the CHEM-ND (i.e. Figures 3.10a-b). This comparison suggests that
the thermal gradient associated with the aerosol direct effect in the CHEM experiment is
partly responsible for the increase in the low level jet speed. A stronger low level jet
developing in a TC environment can impact the storm development in a couple different
ways. First, a stronger low level jet can directly impact the TC development by
supporting convection through transporting warm, moist air over the ocean towards the
convective regions. For this TC Florence case, it appears that the
stronger low level jet in the CHEM experiment is helping to support the rainband
convection. Second, the jet can indirectly impact the TC development as a stronger low
level jet can be associated with an increase in the vertical wind shear. Heating due to
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convection can be transported away from the TC core when the vertical wind shear is
higher as the convective storms become tilted in the vertical [Wong and Chan, 2004].
This indirect impact of the stronger low level jet in the CHEM will be analyzed in more
detail later in this section.
To investigate how the pressure field of the TC environment is impacted by the
aerosol direct and indirect effects we compute the surface pressure tendency due to
temperature advection and precipitation through the following equation:

(

∫

)

(12)

The first term on the right hand side (RHS) in Equation (12) is surface pressure tendency
due to temperature advection where the g is the gravitational acceleration (9.8 m s-2), ρa is
the air density (~1.2 kg m-3), R is the dry gas constant (~287 J K-1 kg-1), T is the
temperature (K), and u and v are the winds (m s-1) in the x and y directions. The second
term on the RHS in Equation (12) is the surface pressure tendency due to precipitation
where the ρl is liquid water density (1000 kg m-3) and P is the precipitation rate in m s-1.
Higher precipitation rates lead to larger falls in surface pressure as mass is removed from
the air column [Trenberth, 1991]. The modeling study of Lackmann and Yablonsky
[2004] suggest that the dynamics of a TC can be impacted by the surface pressure falls
associated with precipitation. For instance, when the surface pressure drops near the TC
core due to enhanced convection and precipitation in this region, the storm can deepen
leading to a stronger inflow of air into its center. On the other hand, when the stronger
convection and precipitation occurs in a TC rainband away from the storm center,
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Figure 3.11 All panels display surface pressure tendency calculations from model results on
6 September at 0600 UTC with black circles denoting TC center. a) Surface pressure
tendency due to temperature advection in CHEM experiment. b) Surface pressure tendency
difference between CHEM and CHEM-ND experiments. c) Surface pressure tendency
difference due to precipitation between the CHEM-ND and NoCHEM experiments. d) Same
as panel (c) except the difference between the CHEM and CHEM-ND is displayed.
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the inflow of air into its center can actually be retarded. We assess each of these terms
separately in order to understand the individual impacts of the aerosol direct and indirect
effects on the surface pressure of the TC environment. Remember that the aerosol direct
effects cause changes in the temperature field while the indirect effects cause changes in
the convection and precipitation of the TC environment. Note that the indirect effect can
also influence the temperature field as the latent heat release is associated with
convection.
We first analyze the surface pressure tendency due to temperature advection by
calculating the first term on the RHS in Equation (12) while ignoring the second term.
Figure 3.11a displays the surface pressure tendency due to temperature advection in the
CHEM experiment on 6 September at 0600 UTC. Warm air advection decreases the
surface pressure by introducing less dense air into a column of air while cold air
advection has the opposite effect. Note the storm center is located at approximately 20°N
and 46°W for the CHEM and CHEM-ND experiments and 20.5°N and 46.5°W for the
NoCHEM experiment. In general, the surface pressure is decreasing east of the TC
center and increasing west of the center as the warmer air associated with the dusty SAL
is advancing to the eastern side of the storm. In other words, the dusty SAL is
influencing warm air advection to the east of the storm center while cold air advection is
occurring behind the SAL. In fact, surface pressure tendency values as low as -2 hPa hr-1
are apparent to the southeast of the storm center are due to the dusty SAL in the CHEM.
Figure 3.11b displays the difference in the surface pressure tendencies due to temperature
advection between the CHEM and CHEM-ND experiments which is calculated through
simple subtraction of the first term on the RHS in Equation (12). Not surprisingly, the
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largest differences in the surface pressure tendency occur around the storm center. The
warm SAL in the CHEM is clearly leading to the negative surface pressure tendency
differences as low as -1 hPa hr-1 to the southeast of the storm core. There is an area of
warm air advection occurring in the CHEM-ND (i.e. Figure 3.10a) just to the east of the
storm center which is leading to the surface pressure differences greater than
+2.0 hPa hr-1.
The differences in latent heating of the TC rainbands between the CHEM and
CHEM-ND experiments can also lead to surface pressure tendency differences due to
temperature advection as the release of latent heat in the atmosphere warms the air. The
large dissimilarities in surface pressure tendency to the northeast of the storm center are
primarily due to the significant development of the TC rainbands occurring in different
locations in the CHEM and CHEM-ND experiments which was noted in Figure 3.9b-c.
For instance, the negative pressure tendencies from -2 to -4 hPa hr-1 at about 21°N and
45°W in the CHEM experiment (i.e. Figure 3.11a) are linked to the warm air advection
occurring ahead of the convective rainband which led to the surface pressure tendency
differences of less than -2 hPa hr-1 in Figure 3.11b. In the CHEM-ND experiment,
surface pressure falls from warm air advection ahead of the TC rainband appear further
north (~23°N, 45°W) as the aerosol-cloud interactions invigorated the rainband at this
location. The surface pressure falls from the convective rainband in the CHEM-ND were
similar to that in the CHEM. The cold pools linked to the rainband convection were also
in different locations of the CHEM and CHEM-ND experiments. For example, the cold
pool in the CHEM-ND influenced much stronger cold air advection to the west and
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Figure 3.12 All panels display sea level pressure fields (black contours) and 10 m wind fields
(red wind barbs) from the model experiments on 6 September at 0600 UTC. a) NoCHEM, b)
CHEM-ND, and c) CHEM experiment.

118

southwest of the TC center than that in the CHEM which explains the negative pressure
tendency values from -1.5 to -2 hPa hr-1 in this region.
Next, we analyze the surface pressure tendency due to precipitation by calculating
the second term on the RHS in Equation (12) while ignoring the first term. The surface
pressure tendency differences due to precipitation between the CHEM-ND and NoCHEM
experiments on 6 September at 0600 UTC are shown in Figure 3.11c. The stronger
convection and rainfall closer to the storm center in the NoCHEM influence more
negative pressure tendencies than that in CHEM-ND which explains the positive
tendency differences of 1.5-2.0 hPa hr-1 at about 21°N and 46°W. However, the
enhanced convection and rainfall in the rainband further from the storm center in the
CHEM-ND lead to the negative tendency differences of 1-2 hPa hr-1 centered at about
21°N and 45°W. We also access the surface pressure tendency differences due to
precipitation between the CHEM and CHEM-ND (Figure 3.11d). The significant
differences shown around the storm center in Figure 3.11c are no longer apparent in
Figure 3.11d which suggests that the strength of the convection is similar between the
CHEM and CHEM-ND near the TC center. The noteworthy differences between the
CHEM and CHEM-ND are at least 100 km from the storm center. Again, these
dissimilarities are due to the strongest aerosol-cloud interactions occurring within the
more northerly rainband in the CHEM-ND while the strongest aerosol-cloud interactions
occurred further south in the CHEM. The magnitude of the tendency differences in
Figure 3.11c-d suggests that precipitation can have a considerable impact on the surface
pressure in a TC environment where strong convection is present.
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Now we compare the sea level pressure patterns of the TC environment in the
NoCHEM, CHEM-ND, and CHEM experiments on 6 September at 0600 UTC (Figure
3.12a-c). The minimum sea level pressure of TC Florence in the NoCHEM, CHEM-ND,
and CHEM experiments was approximately 990 hPa, 994 hPa, and 997 hPa, respectively.
Thus, TC Florence was strongest in the NoCHEM experiment with sea level pressures
increasing rapidly outward from the storm center. This strong pressure gradient force
influenced strong inflow of warm, moist air into the TC as indicated by the wind barbs in
Figure 3.12a where 10 m wind speeds are primarily from 15-20 m s-1 within the 1° region
around the storm center. In the CHEM-ND, a weaker pressure gradient exists in this 1°
region around the storm center, especially to the east, where we noticed the localized
region of warm air advection and the higher precipitation rates from the rainband
convection that influenced the negative pressure tendencies in Figure 3.11b-d. These two
factors contributed to a decreasing sea level pressure to the east of the storm center and a
reduced pressure gradient force in this location. In the CHEM experiment, the additional
influence of the warmer SAL has contributed to an even weaker pressure gradient force
that has helped influence a less developed storm than that in the NoCHEM and CHEMND. The broad area of warm air advection from the SAL that led to the surface pressure
falls to the south of the TC center in the CHEM has promoted a weaker pressure gradient
in this region. In addition, the high precipitation rates in the TC rainband is helping to
reduce the pressure gradient to the southeast and east of the storm center as indicated in
Figure 3.11d. Thus, the 10 m wind speeds from 5-15 m s-1 to the south and east of the
storm core in the CHEM experiment are much weaker than those in the NoCHEM.
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Figure 3.13 All panels display model results from CHEM experiment on 6 September at
1800 UTC. Colored circles and boxes denote TC center and rainband location, respectively.
a) AOD field, b) dust fraction, and c) mass concentration of dust aerosols activated as CCN.

121

Consequently, the inflow of warm, moist air over the ocean surface into the TC center is
significantly reduced in the CHEM. In the NoCHEM, the surface pressure falls occurring
in the core of the storm helped to increase the pressure gradient force in a location that is
preferred for further storm development since the strong inflow of moist air could be
maintained.
By 1800 UTC on 6 September (102 hours into the forecast), more dust aerosols
continue to act as CCN in the rainband clouds of the CHEM compared to the CHEM-ND
experiment (i.e. Figure 3.8). At this time, AOD > 0.4 was being ingested into the TC
center (20.5°N, 48°W) as the storm moved northwesterly into the vicinity of the dust
aerosols transported within the SAL (Figure 3.13a). Figure 3.13b reveals that dust
aerosols are the far dominant aerosol type throughout the domain as a dust fraction >
90% covers most of the domain. The dust fraction is simply the dust mass concentration
divided by the total mass concentration of all 11 aerosol species at each model grid point.
When approaching the TC center, the dust fraction decreases to 60-80% due to
precipitation scavenging of dust and a higher fraction of sea salt aerosols generated from
the stronger surface winds around the TC. In fact, these reasons explain the decrease of
dust fractions to less than 50% around the eye of the TC. Therefore, most of the dust
aerosols are activated and become CCN within the clouds on the perimeter of the TC.
The CHEM experiment shows activated dust aerosol mass concentrations of > 25 μg m-3
within the clouds outside the TC center while the concentrations decrease to less than 15
μg m-3 near the TC center (Figure 3.13c). A rainband extends eastward from the TC
center where a substantial mass concentration of dust aerosols have been activated within
the clouds with some concentrations > 100 μg m-3. The CHEM-ND experiment shows a
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Figure 3.14 All panels display model results for 6 September at 1800 UTC with colored circles indicating TC
center. a) 850 hPa temperature and wind fields (black wind barbs) from CHEM experiment. b) 850 hPa
temperature difference between the CHEM and CHEM-ND experiments. c) 850 hPa RH field from CHEM
experiment. d) 850 hPa RH difference between CHEM and CHEM-ND experiments. e) Difference of the
average temperature (black) and RH (dashed red) profiles between the CHEM and CHEM-ND for a 1° by 1°
region within the dusty SAL region. f) Similar to panel (e) except average vertical velocity profiles from CHEM
(black) and CHEM-ND (blue) are shown along with AOD profile from CHEM (red).
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similar pattern of activated dust aerosols throughout the domain except that less dust is
activated within the rainband around 21°N and 45°W (not shown).
The warmer SAL in the CHEM experiment continues to impact the TC environment on 6
September at 1800 UTC (Figure 3.14a) as an extensive area of 850 hPa temperatures
greater than 294 K reside to the southeast of the storm center (20.5°N, 48°W). The
difference in the 850 hPa temperatures between the CHEM and CHEM-ND experiments
are displayed in Figure 3.14b where the CHEM temperatures are more than 4 K warmer
to the southeast of the storm center. The impacts of the dusty SAL extend to the
southwest of the storm center as well where the CHEM temperatures are more than 1 K
warmer than in the CHEM-ND. The warmer SAL in the CHEM is also associated with
drier air as revealed by the 850 hPa RH field in Figure 3.14c where values are around
70% to the southeast of the storm center. The RH is generally 10-30% lower in the
CHEM than in the CHEM-ND in this region of the SAL (Figure 3.14d). We also analyze
the average temperature and RH profiles for a 1° by 1° region centered over this SAL
region. The difference in the average temperature and RH profiles between the CHEM
and CHEM-ND experiments is displayed in Figure 3.14e. The temperature in the CHEM
is warmer than the CHEM-ND throughout the lowest 6 km of the atmosphere with a
maximum difference of about 2 K near 2 km in height. The average RH profile shows a
similar trend as lower RH values exist beneath 6 km in the CHEM atmosphere with the
largest differences in the lower troposphere. The warmer and drier conditions in the
lower troposphere of the CHEM experiment has also influenced a less unstable
environment than that in the CHEM-ND as the vertical velocities are reduced beneath 6
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Figure 3.15 All panels display model results of latent heat release at 700 hPa for 6 September
at 1800 UTC. White wind barbs show 925 hPa wind fields. a) NoCHEM, b) CHEM-ND, and
c) CHEM experiment.
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Figure 3.16 All panels display calculations from model results on 6 September at 1800 UTC. a) 925700 hPa thermal wind difference between the CHEM and CHEM-ND experiment. b) 925-700 hPa model
wind shear difference between the CHEM and CHEM-ND experiment. c) Surface pressure tendency due
to advection in CHEM. d) Surface pressure tendency differences due to advection between CHEM and
CHEM-ND. e) Surface pressure tendency differences due to precipitation between CHEM-ND and
NoCHEM. f) Same as panel (d) except between CHEM and CHEM-ND.
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km in height for the CHEM (Figure 3.14f). Dust aerosols are the main contributor to the
average AOD profile in Figure 3.14f where the AOD peaks at about 3 km in height.
The panels in Figure 3.15 show the latent heating fields at 700 hPa on 6
September at 1800 UTC for the NoCHEM, CHEM-ND, and CHEM experiments where
the aerosol-cloud interactions continue to promote an increase of latent heating and
convection within the outer rainband clouds in the CHEM and CHEM-ND.
Consequently, the TC rainbands in the CHEM and CHEM-ND experiments were
associated with larger vertical velocities and higher cloud tops than in the NoCHEM (not
shown). Although the development of the rainband in the CHEM-ND was similar to that
in the CHEM as the aerosol indirect effects were activated in both experiments, at this
time the latent heat release at 700 hPa was somewhat higher in the CHEM. More dust
aerosols were activated as CCN in the outer rainband clouds of the CHEM during the
previous 18 hours (i.e. Figure 3.8) which is the likely explanation for the more intense
latent heating and convection within the rainband in this experiment that in the CHEMND.
Once again, we analyze the thermal wind and surface pressure tendency
differences between the three experiments to understand the impact of the aerosol direct
indirect effects on the TC environment. Since considerable differences exist with the TC
locations at this time, we adjust the storm centers in the NoCHEM and CHEM-ND to
coincide with the CHEM experiment. Thus, the storm centers in Figure 3.16 are all at
20.5°N and 48°W. Figure 3.16a shows the expected difference in the 925-700 hPa
thermal wind vector between the CHEM and CHEM-ND simulations calculated through
Equation (11) while Figure 3.16b shows the difference between the 925-700 hPa wind
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shear directly from the two model simulations. These two figures are comparable
especially in the warm SAL region to the east and southeast of the TC center where both
the thermal wind and modeled shear are 3-6 m s-1 higher in the CHEM than in the
CHEM-ND experiment. This suggests that the temperature gradient associated with the
dusty SAL is again responsible for the increase in the low level jet speed. In fact, the
differences in the thermal wind and modeled shear between the CHEM and CHEM-ND
are mostly larger than 12 hours earlier (i.e. Figure 3.10d) as the SAL in the CHEM has
undergone further warming due to the aerosol direct effects. As a result, the low level jet
in the CHEM is considerably stronger than the jet in the CHEM-ND, which it continues
to support the rainband convection by influencing a strong convergence of warm, moist
air at the rainband location. The CHEM has a steady 925 hPa wind flow of 15-20 m s-1 to
the south and southeast of the storm center in Figure 3.15c while the winds are mostly
from 5-10 m s-1 in the NoCHEM and CHEM-ND.
We use Equation (12) to calculate the surface pressure tendencies due to
temperature advection and precipitation at 1800 UTC on September 6. The negative
surface pressure tendencies as low as -5 hPa hr-1 to the northeast of the storm center are
due to warm air advection associated with the SAL in the CHEM (Figure 3.16c).
Consequently, a fairly large area of negative surface pressure tendency differences exist
between the CHEM and CHEM-ND with values lower than -2 hPa hr-1 around 21°N and
47°W (Figure 3.16d). Other large pressure tendency differences appear to the north of
the storm center that are not tied to the SAL, but instead are due to the differences in
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Figure 3.17 All panels display sea level pressure fields (black contours) and 10 m wind fields
(red wind barbs) from the model experiments on 6 September at 1800 UTC. a) NoCHEM, b)
CHEM-ND, and c) CHEM experiment.
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latent heating and cold pools associated with the CHEM and CHEM-ND rainbands. The
surface pressure tendency differences due to precipitation between the CHEM-ND and
NoCHEM in Figure 3.16e reveal positive values within the storm core where the
NoCHEM has slightly stronger convection and precipitation. The negative values of -1
hPa hr-1 to the east of the storm core are caused by the higher amounts of precipitation
occurring from the stronger rainband convection in the CHEM-ND. The outer rainband
is more developed in the CHEM experiment than in the CHEM-ND at this time which
leads to a higher precipitation rate and a more negative surface pressure tendency further
to the east with values of -2 hPa hr-1 at about 21.5°N and 46.5°W (Figure 3.16f). In the
CHEM-ND, the inner portion of the rainband is more developed which leads to the
decreases in surface pressure closer to the storm core.
The sea level pressure patterns among the TC environment in the NoCHEM,
CHEM-ND, and CHEM experiments on 6 September at 1800 UTC (Figure 3.17a-c)
reveal noteworthy differences. During the past 18 hours, the warm air advection
associated with the SAL in the CHEM has primarily impacted the region within 2° of the
TC center which has led to decreases in the surface pressure and a weakening pressure
gradient outside the storm core. Thus, the CHEM has a weaker pressure gradient within
the 2° region around the storm core compared to that in the NoCHEM and CHEM-ND.
The weaker pressure gradient is more noticeable to the east of the storm center in the
CHEM as the very warm SAL is causing significant pressure decreases in this region as
revealed by Figure 3.16c-d. Consequently, the convergence of moist air over the
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Figure 3.18 All panels display model results on 6 September at 1800 UTC along the vertical
cross-section extending from the TC center to 400 km away. The location of the vertical crosssections are indicated by the white lines in the Figure 3.15 panels. Panels (a-c) display vertical
velocity for the NoCHEM, CHEM-ND, and CHEM experiments, respectively. Panels (d-f)
display horizontal wind speed for the NoCHEM, CHEM-ND, and CHEM experiments,
respectively.
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ocean into the TC center is reduced in the CHEM as 10 m winds are only around 5-10 m
s-1 near the storm core as opposed to 10-20 m s-1 in the NoCHEM experiment. Therefore,
the aerosol direct effects occurring in the CHEM experiment continue impact the TC
development at this time. The sea level pressure of the TC environment in the CHEMND is similar to that in the NoCHEM except for the slight reduction in the pressure
gradient to the east of the storm core, which is due to the higher precipitation rates from
the invigorated convection in this location of the CHEM-ND. The NoCHEM experiment
maintains a tight circulation around the TC center as the decreases in the surface pressure
occur primarily in the storm core.
Next, we analyze vertical cross-sections extending from the TC center to the outer
rainbands in the three experiments on 6 September at 1800 UTC (white lines in Figure
3.15). As expected, we see stronger upward vertical velocities in the CHEM (Figure
3.18c) and CHEM-ND (Figure 3.18b) rainband clouds than in the NoCHEM rainband
clouds (Figure 3.18a). The stronger convection in the CHEM and CHEM-ND rainbands
disrupted the inflow of air into the center of the TC more so than in the NoCHEM
experiment. This is illustrated in Figures 18d-f where the total horizontal wind
approaching the TC center from the east is considerably weakened after interacting with
the CHEM and CHEM-ND rainband regions. The inflow of air into the storm is fairly
consistent below 2 km with wind speeds greater than 30 m s-1 in the NoCHEM
experiment (Figure 3.18d) except for the slight decrease in the wind about 200 km from
the TC center due to the some convection drawing the wind upward into the cloud. For
the CHEM and CHEM-ND, the wind speed decreases to values less than 20 m s-1 at
nearly the same distance from the storm center after interacting with the stronger
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Figure 3.19 Similar to the panels in Figure 3.18, but panel (a) is the temperature difference
between the CHEM and NoCHEM experiment and panel (b) is the temperature difference
between the CHEM and CHEM-ND experiment.
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convection occurring within the rainband (Figures 18e-f). The greatest disruption of the
inflow of air into the TC center occurs in the CHEM since the outer rainband convection
is most intense in this experiment. For instance, the CHEM-ND still has a fairly broad
area of wind speeds reaching 30 m s-1 inward of 200 km while the winds struggle to reach
25 m s-1 in the CHEM. However, note that these wind speed differences near the surface
are not solely due to the rainband convection disrupting the inflow of air into the storm
center. As discussed earlier, the latent and radiative heating impacts of the dusty SAL in
the CHEM and CHEM-ND are influencing a reduced surface pressure gradient around
the TC center and weaker convergence. Nonetheless, the abrupt decrease in the
horizontal winds at about 200 km from the storm center where the invigorated rainband
convection was occurring in the CHEM and CHEM-ND indicates that the storms were
also helping to impede the inflow of air into the TC center.
Now we compare vertical cross-sections of the differences in temperature
between the three experiments. The CHEM experiment has a large area of temperatures
at least 1 K warmer than that in the NoCHEM experiment from about 5 to 12 km in
height along the rainband region from 200-400 km east of the TC center (Figure 3.19a).
The higher vertical velocities and latent heat release occurring in the upper levels of the
atmosphere of the CHEM rainband clouds has influenced a significantly warmer
atmosphere than in the NoCHEM experiment. The temperature differences between the
CHEM and CHEM-ND are much smaller in this same region as the aerosol indirect
effects invigorated the rainband convection in both of these experiments (Figure 3.19b).
Outward of 200 km from the storm center the CHEM temperatures are mostly 0.6-2.0 K
lower than the NoCHEM temperatures in the lowest 1 to 1.5 km of the atmosphere. The
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lower near-surface temperatures in the CHEM are due to the formation of a stronger
surface-based cold pool from downdrafts associated with the intense convection in the
rainband. The strong surface-based cold pools help promote new convection by
converging with less dense air forcing upward motion [Tompkins et al., 2001]. In fact,
the cold pool is the reason for the blocking of wind flow into the TC center in Figures
18e-f as the horizontal winds are tilted into the vertical. Therefore, a positive feedback
loop can arise from these cold pools as they influence the development of additional
convection leading to overall stronger rainband which can then further help block the
inflow of air into a TC center [Rosenfeld et al., 2012]. The cold pool is only slightly
weaker beneath the rainband convection in the CHEM-ND compared to the CHEM
experiment as the near surface temperatures are primarily 0.2-0.6 K lower than in
CHEM-ND (Figure 3.19b).
When analyzing the vertical cross-sections of temperature close to the TC center
(within 100 km from the TC center), we observe additional noteworthy differences
between the three experiments. The low to mid-level temperatures in the CHEM
experiment are up to 4 K higher in some regions of the atmosphere than in the NoCHEM
experiment. However, the near surface air is actually 0.6-2.0 K cooler in the CHEM
experiment which implies that the environment near the TC center is more stable as
cooler air resides above warmer air. A less buoyant, more stable environment near the
TC center helps prevent the storm from strengthening. The temperature differences
between the CHEM and CHEM-ND experiments are generally larger near the TC center
compared to further east in the vicinity of the rainband which is caused by the direct
aerosol effects of dust within the SAL. The CHEM temperatures are mostly between 0.6-
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Figure 3.20 All panels show the vertical wind shear fields calculated from the model results on
6 September at 1800 UTC. The vertical wind shear is calculated by taking the difference
between the average wind magnitude in the 700-925 hPa layer and that in the 150-300 hPa layer
[Gallina and Velden, 2002]. a) NoCHEM, b) CHEM-ND, c) and CHEM experiment.
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4.0 K higher from about 1-4 km in height near the TC center which indicates a more
stable environment than in the CHEM-ND.
We analyze the vertical wind shear and sea surface temperatures (SSTs) of the
three experiments since they can have a significant impact on the storm intensity [Tuleya
and Kurihara, 1981; Michaels et al., 2006]. We compute the vertical wind shear by
taking the difference between the average wind magnitude in the 700-925 hPa layer and
that in the 150-300 hPa layer [Gallina and Velden, 2002]. It is well understood that the
vertical wind shear can have significant impacts on TC intensity as storms generally have
difficulty developing in higher wind shear environments [Zehr, 1992; Frank and Ritchie,
2001; Wong and Chan, 2004]. The spatial distribution of vertical wind shear within the
TC environment for each experiment on September 6 at 1800 UTC is shown in Figure
3.20 where the CHEM and CHEM-ND have a higher shear values southeast and east of
the storm center due to the formation of the stronger low-level jet in these experiments.
As shown earlier, the outer rainband convection of the CHEM-ND experiment was more
intense than in the NoCHEM due to the aerosol-cloud interactions. The intensified
convection helped warm the atmosphere through latent heating that created stronger
horizontal temperature gradients and a low-level jet. As a result, higher values of thermal
wind exist to the southeast and east of the TC center in the CHEM-ND which explains
the higher shear in these locations in Figure 3.20b. The shear is considerably higher in
these same locations of the CHEM due to the impact of the aerosol direct effects
occurring within the SAL that created an even stronger horizontal temperature gradient in
this experiment (Figure 3.20c). Figure 3.16a clearly showed the significantly higher
thermal wind values that resided in the TC environment of the CHEM.
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Figure 3.21 Environmental vertical wind shear and average SSTs within a radius of
200-800 km from storm center for 6 hourly intervals during the simulation period.
The dashed lines are for the SSTs while the solid lines are for the vertical wind shear.
Green, blue, and black lines represent the NoCHEM, CHEM-ND, and CHEM
experiment, respectively.
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Finally, we compute the environmental vertical wind shear and average SSTs
within a radius of 200-800 km from storm center [Chen et al., 2006] for 6 hourly
intervals during the simulation period (Figure 3.21). Wong and Chan [2004] found
through model simulations that TCs developing in environments with vertical wind shear
below 8 m s-1 do not weaken but when the vertical wind shear increases to 10 m s-1 the
TCs weaken significantly. Note that increasing amounts of environmental shear do not
instantaneously weaken TCs as its impacts generally have lag times from 12-24 hours
[e.g. Gallina and Velden, 2001]. For this reason, we stop computing the environmental
shear values 12 hours prior to end of the simulation on 7 September at 1200 UTC (120
hours into the forecast). Not surprisingly, the environmental shear in the CHEM
experiment (solid black line) is higher than in the CHEM-ND (solid blue line) and
NoCHEM (solid green line) due to the presence of the stronger low-level jet related to the
warmer SAL. However, noticeably higher environmental shear values are not shown in
the CHEM until September 6 at 0600 UTC (90 hours into the forecast) which means that
the TC strength is likely not be impacted until at least 1800 UTC on that day. Prior to
1800 UTC on 6 September, significant differences in the TC intensity were already
occurring between the three experiments (i.e. Figure 6) which suggests that the stronger
environmental wind shear in the CHEM is not the primary impact on the TC intensity.
Also, the CHEM environmental shear never reaches the critical threshold of 8 m s-1 where
TC weakening tends to occur. Nonetheless, we cannot count out the possibility that the
higher values of environmental wind shear in the CHEM and CHEM-ND are playing
some role in preventing the TC from rapidly intensifying during the final 18 hours of the
simulation. The differences in SSTs between the three experiments are very minimal as
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the largest difference occurs 102 hours into the simulations when the NoCHEM SSTs
(dashed green line) are about 0.2 K higher than the CHEM SSTs (dashed black line).
Warmer SSTs mean larger amounts of latent heating from the surface which provides the
necessary energy to help develop and sustain the intense convection within a TC [Briegel
and Frank, 1997]. The slightly lower SSTs for the CHEM experiment may be related to
the direct effects of dust aerosols as we saw the significant impact they were having on
the shortwave radiation received at the surface in Figure 4. The slightly higher SSTs
throughout the TC environment for the NoCHEM experiment do not explain the
minimum sea level pressure being 13 hPa lower for TC Florence in this experiment
compared to the CHEM. Also, TC Florence in all three experiments developed in an
environment with SSTs higher than 300 K which is accepted as one of the important
factors for TC formation and development [Briegel and Frank, 1997]. Michaels et al.
[2006] showed that the relationship between TC intensity and SSTs becomes
insignificant at SSTs higher than approximately 301.3 K. When TC Florence began to
show considerable differences during the final 24 hours of our simulations, the SSTs
were higher than 301.3 K for the three experiments which further indicates that SSTs
were not causing the differences in the TC intensity between the experiments.

4. Model Validation and Uncertainties
A commonly used method for validating the parameterizations of a model is to
perform simulations over a ground-based instrumentation site such as the Atmospheric
Research Measurement Climate Research Facility (ACRF) Southern Great Plains (SGP)
site [Ackerman, 2003]. The instruments at the ACRF SGP site are continuously making
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detailed measurements of radiation and clouds that are often used for model validation
[e.g. Segele et al., 2013]. In particular, the cloud microphysical parameterization of a
model is often tested against detailed measurements since an accurate parameterization of
the microphysics of clouds is critical for developing a reliable model. The cloud
microphysical scheme first calculates the number of aerosol particles that are activated as
cloud particles which determines the droplet number concentration. This then determines
other cloud microphysical parameters such as the effective radius, cloud optical depth,
and ice and liquid water content. The model output of these microphysical parameters
can be compared against the measurements from instruments at the SGP site. For
instance, the CCN particle counter can help validate the activation efficiencies of a cloud
parameterization as the instrument counts particles in the atmosphere that can form into
cloud droplets. The Multifilter Rotating Shadowband Radiometer (MFRSR) and
Millimeter Cloud Radar (MMCR) measurements can be used to retrieve the cloud optical
depth, cloud effective radius, and ice water and liquid water content which can provide
further validation on the cloud microphysics scheme [Mace et al., 2006]. The aerosol
parameterization of a model determines the aerosol concentration and optical properties
that can also be validated through the ACRF SGP measurements. For example, the
Aerosol Observing System (AOS) provides accurate measurements of these parameters
that can be used for validating the aerosol parameterization.
Field campaigns are often used to validate the parameterizations of numerical
models. As already mentioned, aircraft flights were gathering in situ measurements
throughout the NAMMA field campaign that happened to take place during the formation
of TC Florence [Chen et al., 2011]. Unfortunately, the aircraft flights occurred mostly
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near the coast of Northern Africa which was to the east of our WRF-Chem model domain
for the TC Florence simulations. Nonetheless, this study utilized some of the NAMMA
aircraft measurements for validating the satellite data constraint technique in Section 2.4
where the aerosol number concentrations in various size bins measured by the APS
instrument showed good agreement with number concentrations from our constraint
technique. Since we updated the model with the aerosol number and mass concentrations
from our constraint technique, we put much less reliance on the concentrations predicted
by the aerosol parameterization module (i.e. MOSAIC) in WRF-Chem. In other words,
although we did not conduct an extensive model validation experiment in this study, the
NAMMA aircraft measurements indicated that the model was being updated with
realistic aerosol concentrations. The AOD calculated by the model is dependent on the
aerosol concentration which implies that realistic AOD was being transported throughout
the WRF-Chem domain. Then, the AOD was passed to the RRTMG scheme in the
WRF-Chem that calculated the shortwave and longwave radiation which ultimately
determined the impact of the aerosol direct effect in our model simulations. Therefore,
the errors involved with the aerosol direct effects should be minimal in our study as the
RRTMG has been shown to be quite accurate (i.e. Section 2.2.2.1). Nevertheless, in
Section 3.3, we showed that the optically thick dust storm interacting with the TC
Florence environment had a significant impact on the shortwave and longwave radiation
of the model. Our model results compared well to previous model studies investigating
the aerosol direct effects for dust storms with similar optical thicknesses (i.e. Section
3.3). This comparison gave us further confidence that the aerosol direct effects were
being predicted accurately in our WRF-Chem simulations. If the NAMMA aircraft
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flights took place within our model domain, then we could have used a more robust
method for validating the aerosol direct effects via the radiometer instrument that
measures shortwave and longwave radiation in the atmosphere. A simple comparison
between our model simulations and the radiometer measurements could have directly
verified the aerosol-radiation interactions occurring within the WRF-Chem.
Furthermore, Chapman et al. [2009] conducted an extensive validation on the accuracy of
the MOSAIC aerosol parameterization in the WRF-Chem by comparing model results of
shortwave radiation at the surface to a ground-based radiometer instrument. Their
validation study suggests that an accurate prediction of the diurnal cycle of shortwave
radiation during aerosol events can be attained through the MOSAIC parameterization.
The first order uncertainties in our study are likely associated with the use of a
cloud microphysical parameterization to simulate the aerosol indirect effects in our TC
Florence simulations (i.e. CHEM and CHEM-ND experiment) [e.g. Rosenfeld et al.,
2012]. The size distribution functions used in cloud microphysical schemes are often
unable to represent the complex and strongly varying size distributions of hydrometer
species in the real atmosphere [Khain and Lynn, 2011]. The Morrison double-moment
cloud microphysical scheme used in our study represents the size distribution of
hydrometer species through a gamma or exponential function. Nonetheless, the Morrison
scheme has been shown to have some success in simulating the aerosol-cloud interactions
occurring within stratocumulus and deep convective clouds. One method of validating a
model parameterization is to compare its results against an explicit (e.g. nonparameterized) scheme. For instance, the Wang et al. [2013] validation study compared a
robust non-parameterized spectral bin microphysical scheme to the Morrison scheme, and
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both schemes showed similar results regarding the aerosol influence on the cloud droplet
number and droplet size, and cloud optical depth of stratocumulus clouds. The
predictions of cloud droplet number concentration from the Morrison and spectral bin
schemes also compared closely to the concentration measured via aircraft instruments
indicating that both schemes can accurately mimic reality [Wang et al., 2013].
More important to this study is the ability of the Morrison scheme to handle the
aerosol effects on convective clouds since we perform TC simulations. Aircraft
measurements within the convective clouds were not available for the Wang et al. [2013]
study due to the danger involved. Therefore, they had to rely solely on the results from
the spectral bin scheme to validate the Morrison scheme in convective conditions. Their
results suggest that the Morrison scheme can also successfully simulate the aerosol
effects on convective clouds as higher liquid and ice water contents, greater precipitation
amounts, and invigorated convection occurred in polluted conditions than in clean
conditions, which agreed with the non-parameterized spectral bin scheme. Furthermore,
the aerosol activation efficiencies were very similar between the spectral bin and
Morrison schemes indicating that the Morrison can accurately parameterize the activation
of aerosols into cloud droplets. Note that the model results in our study also showed the
Morrison scheme leading to invigorated convection within the rainbands of TC Florence
that helped prevent the storm from intensifying. However, there were some
disagreements between the Morrison and spectral bin schemes in Wang et al. [2013] as
the Morrison scheme predicted much lower cloud water and rainwater for the convective
clouds in the polluted conditions. The much lower cloud water content predicted by the
Morrison scheme is caused by the saturation adjustment procedure that artificially
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increases the condensation and latent heating at low levels which makes it more difficult
for an increase in aerosol concentration to enhance the latent heating [Lebo et al., 2012].
This implies that the impacts of the aerosol indirect effects on the intensity of TC
Florence may have been underestimated in our study as the saturation adjustment
procedure in the Morrison scheme may lead to an unrealistic enhancement of convection
in an aerosol-free environment (i.e. NoCHEM experiment). Consequently, the enhanced
convection due to dust aerosols in our study (i.e. CHEM and CHEM-ND experiment)
may be partly masked.
Second order uncertainties are associated with our use of the GFS Reanalysis data
product to initialize and nudge the meteorology fields of the WRF-Chem model due to
the coarse vertical resolution of GFS that often causes too low of temperatures in SAL
regions [Sun et al., 2009]. The temperature can then propagate throughout the model
domain and can ultimately influence the TC development. Wu et al. [2006] showed that
AIRS temperature fields can accurately depict the dry and warm SAL environment as the
low to middle atmosphere was 1-4 K higher in regions of AOD > 0.4. Conversely, the
GFS temperature is often much lower in dense dust regions of a SAL environment. This
is likely occurring in our study since AOD is near 1.0 across a large area of the SAL
environment. Thus, we could have used AIRS temperature to initialize the WRF-Chem
with a more realistic SAL environment. However, we expect that the aerosol direct
effects occurring in the CHEM experiment would have been partly masked if AIRS data
was used to initialize our model experiments since AIRS can capture the increases in
temperature associated with the direct effect occurring in the dusty SAL environments.
In other words, if we initialized the model experiments with AIRS temperature
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information, then the aerosol direct effect would essentially be impacting all the
experiments. Consequently, the impact of the aerosol direct effect occurring in the
CHEM experiment would likely be masked. Nudging the lateral boundaries of our high
resolution 3 km model grid with much coarser 1° by 1° GFS data can cause additional
uncertainties in our study [von Storch et al., 2000]. These uncertainties arise from the
fact that the much coarser resolution external data can prevent small scale convective
cloud systems from developing along the model boundaries. Small scale convection
leads to small-scale variations in the meteorology fields of the model which can be
smoothed out by nudging to the much coarser GFS meteorology. Fortunately, we only
nudged the outermost 5 grid points of our TC Florence model grid that spanned 900 by
800 grid points. Therefore, it is unlikely that any significant uncertainties are arising in
our model experiments from nudging to the GFS meteorology. Furthermore, the center
of TC Florence remained at least 400 to 500 km away from the domain boundary
throughout the experiments which means the small-scale convection occurring in the TC
environment was able to develop without being nudged to GFS. Nonetheless, if smallscale convection was impeded from developing along the model boundaries, then the
strength of the TC could still be impacted due to the fact that our five day simulations
allow plenty of time for these smoothing events to propagate into the interior of the
domain and impact the TC environment.
Uncertainties are also associated with our satellite data constraint technique due to
it using the daily MODIS AOD product to initialize and update the aerosol fields of the
model every 24 hours at 1200 UTC. The use of daily AOD products essentially means
that data over a ±12 hour time window may be used to initialize and update the model
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each day. But, since MODIS only retrieves AOD during the daytime, the time window is
around ±6 hours for our study region. Also, the daily AOD at a 1° by 1° spatial
resolution is much larger than the 3 km spatial resolution of our WRF-Chem simulations.
The instantaneous MODIS AOD is retrieved at a spatial resolution of 10 km at nadir
which is much more comparable to the model resolution. However, our quantitative
discussion of these uncertainties in Section 2.4.3 indicated that the daily AOD product
had similar uncertainties as the instantaneous product for our study region and period.
The increased spatial coverage of the daily AOD product across our cloudy TC
environment was a major advantage of using it instead of the instantaneous product (i.e.
Figure 3.1a). This allowed less dependence on the GOCART AOD which can introduce
large uncertainties into our simulations due to the dust emission parameterizations in the
GOCART model.

5. Summary and Conclusions
In this chapter we investigate the possible impacts of Saharan dust aerosols on TC
Florence in September 2006 by conducting three different types of experiments using the
WRF-Chem model. For the first experiment (NoCHEM) both the aerosol direct and
indirect effects are deactivated while the aerosol direct and indirect effects are activated
in the second experiment (CHEM). Then, for the third experiment (CHEM-ND) we
activate only the aerosol indirect effects while shutting off the aerosol direct radiative
effects. Thus, we attempt to separate the impacts of the aerosol direct radiative effects
from the indirect radiative effects on the TC intensity by comparing the model results of
the three experiments. In particular, we focus on the impacts of dust aerosols on the
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storm intensity since TC Florence developed during a period of frequent Saharan dust
storms [Chen et al., 2011]. Previous studies have analyzed either the direct or indirect
effects of dust aerosols on TC intensity [e.g. Dunion and Velden, 2004; Zhang et al.,
2007; Zipser et al., 2009; Rosenfeld et al., 2012] but a study has yet to separate their
individual impacts. Furthermore, this study simulates TC Florence while nudging the
dust aerosol fields to a realistic three-dimensional distribution of dust provided by a
satellite data constraint technique discussed in chapter 2. To our knowledge a study has
yet to conduct such a realistic modeling simulation on the direct and indirect effects of
aerosols on TCs.
In the CHEM and CHEM-ND experiments, the dust aerosols began strongly
interacting with the outer rainbands on 5 September at 1800 UTC, which coincided with
the time when significant differences in the strength of TC Florence started to appear
between the experiments. By 6 September at 0000 UTC, the minimum sea level pressure
of TC Florence in both the CHEM and CHEM-ND experiments was about 999 hPa while
the storm strengthened to 994 hPa in the NoCHEM experiment. Our results indicate that
this difference in minimum sea level pressure between the experiments is due primarily
to the aerosol indirect effects activated in both the CHEM and CHEM-ND experiments
since the aerosol direct effects did not appear to impact the near TC environment until 6
September at 0600 UTC. However, once the aerosol direct effects activated in the
CHEM experiment began impacting the TC environment, the strength of TC Florence in
the CHEM and CHEM-ND started to differ. By the end of the simulation on 7
September at 1200 UTC, TC Florence was a category one hurricane with maximum
winds near 39 m s-1 and minimum sea level pressure of 980 hPa in the NoCHEM
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experiment. In the CHEM-ND experiment, TC Florence barely made it to hurricane
strength by 7 September at 1200 UTC as maximum winds reached 34.5 m s-1 with a
minimum sea level pressure of 986 hPa. In the CHEM experiment, TC Florence
remained a tropical storm throughout the entire simulation with maximum winds near 29
m s-1 and a minimum sea level pressure of 993 hPa by the end of the simulation. These
results suggest that the indirect radiative effects of dust aerosols in the CHEM-ND
experiment helped to decrease the storm intensity as the minimum sea level pressure was
6 hPa higher than that in the NoCHEM. The added influence of the direct radiative
effects of dust aerosols in the CHEM experiment helped to further decrease the storm
intensity by up to 7 hPa. However, the results in this study indicate that the impact of the
indirect effect was likely larger in the CHEM experiment due to the slight increase in
dust aerosols that interacted with the outer rainband clouds.
In this study, we examined how the aerosol direct and indirect effects influenced
the TC environment which led to the significant differences in the TC strength between
the three experiments. First, the aerosol indirect effects influenced the TC environment
by the dust aerosols interacting with the TC rainband clouds in the CHEM and CHEMND experiments. Our model simulations showed similar results to Rosenfeld et al.
[2012] as the aerosol-cloud interaction processes led to larger amounts of latent heating
and stronger convection in the outer portions of the rainband in the CHEM and CHEMND experiments. The invigorated rainband clouds in the CHEM and CHEM-ND helped
disrupt the inflow of air into the TC center by producing stronger surface-based cold
pools that tilted the horizontal winds into the vertical which weakened the convergence of
air into the storm core. The tilt of the horizontal air into vertical promoted further
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development of convection in the rainband. However, the disruption of the inflow of air
into the TC center was not solely due to the cold pools as the pressure gradients around
the storm core were also changing in the experiments. The stronger latent heating
occurring in the outer rainbands of the CHEM and CHEM-ND led to a warming in the
atmosphere that influenced surface pressure decreases and a reduction in the pressure
gradient to the east of the storm core. Consequently, the near surface winds impinging
upon the storm center from the south and east in the CHEM and CHEM-ND were weaker
than in the NoCHEM. In addition, the high precipitation rates from the convective
rainbands in the CHEM and CHEM-ND also encouraged surface pressure decreases to
the east of the storm center. In the NoCHEM experiment, the strongest convection was
primarily located within the storm core which influenced surface pressure decreases in a
location that can help lead to further storm strengthening as the strong inflow of
horizontal air into the core was mostly unimpeded.
The aerosol direct effects activated in the CHEM experiment also significantly
impacted the TC environment which helped prevent the storm from strengthening. The
SAL was warmer in the CHEM than in the NoCHEM and CHEM-ND as the dust
aerosols absorbed shortwave and longwave radiation and heated the atmosphere. As the
warm SAL propagated into the TC environment, we saw an increase in horizontal
temperature gradient in the lower level atmosphere which encouraged a stronger lowlevel jet to the south and east of the storm center compared to that in the NoCHEM and
CHEM-ND. The stronger low-level jet in the CHEM helped support the rainband
convection by influencing a strong convergence of warm, moist air at the rainband
location. Larger values of vertical wind shear were also associated with the stronger low-
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level jet in the CHEM which likely helped inhibit some of the storm strengthening during
the final 18 hours or so of the simulation. However, the primary impact of the SAL in the
CHEM was the strong warm air advection that influenced falls in the surface pressure to
the south and east of the storm center. This led to a considerably weaker pressure
gradient just outside the storm core in the CHEM compared to the other two experiments.
Thus, the inflow of air into the TC center was further reduced in the CHEM due to the
aerosol direct effects. The results of this study indicate that both the direct and indirect
effects of dust aerosols have important impacts on a TC development and intensity.
Future studies need to assess the thermodynamic and dynamic impacts of the direct and
indirect effects in order to fully understand the influence of aerosols on TCs.
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CHAPTER 4

SUMMARY AND CONCLUSION

4.1 Discussion
It is critical that the public receive accurate forecasts on TCs to allow them time
to prepare for an approaching TC since they are life-threatening weather systems that can
cause tremendous amounts of damage to property. We have a good understanding of
some of the factors that are favorable for TC formation and development such as warm
sea surface temperatures, moist air in the mid-troposphere, and low vertical wind shear
[Briegel and Frank, 1997]. The TCs that develop in such favorable environments are
capable of becoming strong hurricanes as they propagate across the ocean waters.
However, the strong hurricanes over the Atlantic Ocean tend to develop from weak
disturbances originating over western Africa [Riehl, 1954]. When these disturbances
move over the eastern Atlantic Ocean, the very warm, dry SAL often advancing from the
desert can interact with the storms [Prospero and Carlson, 1981]. This warm, dry SAL
usually consists of a significant amount of dust aerosols that can impact the regional
atmospheric energy budget and cloud microphysics [Sassen et al., 2003]. In this
dissertation, we investigate the possible impacts of dust aerosols on the development of
TCs through conducting a detailed case study on TC Florence using a mesoscale model.
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However, prior to conducting the detailed case study on TC Florence, we first
assess the impacts dust aerosols can have on the atmosphere by simulating several case
studies involving cloudy and cloud-free conditions (Appendix A). We combine the
strengths of the CALIPSO and Cloudsat satellites in order to input accurate dust and
cloud profiles into a delta-four stream radiative transfer model (RTM). The RTM results
from these case studies showed that the radiative energy budget of a dust storm with lowlevel clouds can be drastically different from a cloud-free dust storm. For an intense dust
storm on 21 June 2007, the instantaneous TOA shortwave aerosol radiative effect
(SWARE) over the ocean changed from about -100 Wm-² in cloud-free conditions to
about 70 Wm-² when clouds resided beneath dust. Therefore, dust aerosols can have
either a cooling or warming effect at the TOA depending on whether low-level clouds are
located beneath the dust. We also found that dust can cause a significant warming in the
atmosphere as shortwave heating rates were greater than 10 K/day within the 21 June
dust storm with the largest heating rates occurring above low-level clouds. Overall, the
dust storm had a strong warming influence in the atmosphere as the longwave cooling
within the dust only compensated for a small portion of the shortwave heating.
Therefore, dust could have a potentially strong influence on a TC environment through
modifying the atmospheric conditions.
In order to understand the possible impacts of dust aerosols on TC development,
this study performs mesoscale model simulations of TC Florence in September 2006
which interacted with a dusty SAL moving over the eastern Atlantic Ocean. The
mesoscale model used in this study is the WRF-Chem since it is capable of accurately
simulating the aerosol-radiation and aerosol-cloud interactions in the atmosphere [Fast et
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al., 2006; Chapman et al., 2009; Saide et al., 2011; Shrivastava et al., 2013]. However, to
accurately simulate these aerosol interactions for our TC case we must first provide the
model with a realistic three-dimensional representation of dust aerosols in the
atmosphere. Thus, we develop a technique that uses multi-sensor satellite observations to
constrain the aerosol fields within the WRF-Chem model. This technique combines the
horizontal and vertical distribution of aerosols measured using MODIS and CALIPSO,
respectively, to derive best estimates of the three-dimensional distribution of aerosols.
The GOCART model data is also used to fill any voids in the horizontal distribution of
aerosols from MODIS due to cloud cover. We validate our satellite data constraint
technique against in-situ aircraft measurements during the NAMMA campaign on 19
August and 5 September 2006. Results from our technique compared well to the aircraft
measurements on 5 September as both showed aerosol number concentrations from 20-30
cm-3 between 2 and 5 km for a suspended Saharan dust layer. The technique was also
able to derive realistic aerosol concentrations for cloudy profiles that completely
attenuated the CALIPSO lidar signal which is critical in TC environments with optically
thick clouds. Thus, a realistic three-dimensional distribution of aerosols in both clear and
cloudy conditions can be derived using our technique which is important in simulating
the aerosol-radiation and aerosol-cloud interaction processes in the atmosphere.
After developing and validating our satellite data constraint technique, we then
use it to constrain the aerosol fields in the WRF-Chem model during the TC Florence
simulations. Three different types of simulations or experiments are performed on TC
Florence in order to investigate the possible impacts of dust aerosols on its development.
The aerosol-radiation (e.g. aerosol direct effects) and aerosol-cloud (e.g. aerosol indirect
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effects) are deactivated in the model for the first experiment (NoCHEM). Then, for the
second experiment (CHEM), we activate both aerosol interaction processes. Finally, for
the third experiment, we activate the aerosol-cloud interactions while deactivating the
aerosol-radiation interactions (CHEM-ND). To understand the influence of dust aerosols
alone all other model options were identical between the three experiments. Therefore,
we attempt to separate the impacts of the aerosol direct and indirect effects on the
intensity of TC Florence through assessing and comparing the model experiment results.
A study has yet to attempt to separate the individual impacts of the direct and indirect
effects on a TC as previous studies have analyzed either the direct or indirect effects of
dust aerosols on TC intensity [e.g. Dunion and Velden, 2004; Zhang et al., 2007; Zipser
et al., 2009; Rosenfeld et al., 2012]. Moreover, we conduct a realistic modeling
simulation on the possible aerosol direct and indirect effects on TC Florence by using our
satellite data technique to constrain the aerosol fields in WRF-Chem. Previous studies
have primarily focused on idealistic simulations of TCs interacting with dust aerosols
[e.g. Zhang et al., 2007; Zhang et al., 2009; Rosenfeld et al., 2010].
We perform 5-day simulation experiments beginning 2 September 2006 at 1200
UTC and ending 7 September 2006 at 1200 UTC for TC Florence. Three experiments
were performed using identical model configuration options besides the activation of the
aerosol direct and indirect effects. The aerosol effects were both deactivated in the
NoCHEM experiment, only the aerosol indirect effect was activated in the CHEM-ND
experiment, and both the direct and indirect effects were activated in the CHEM
experiment. For the NoCHEM experiment, TC Florence was a category one hurricane
with maximum winds near 39 m s-1 and a minimum sea level pressure of 980 hPa at the
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end of the simulation. Conversely, TC Florence remained a tropical storm throughout the
entire CHEM experiment with maximum winds near 29 m s-1 and a minimum sea level
pressure of 993 hPa by the end of the simulation. For the CHEM-ND experiment, the
intensity of TC Florence was about halfway in between that in the CHEM and NoCHEM
experiments with maximum winds peaking at 34.5 m s-1 and the minimum sea level
pressure decreasing to 986 hPa. Saharan dust aerosols began strongly interacting with the
outer rainbands of TC Florence via the aerosol indirect effects on 5 September at 1800
UTC, which coincided with the time when significant differences in the strength of TC
Florence started appearing between the experiments. During this period, the rainband
convection in the CHEM and CHEM-ND experiments became well developed and more
organized than the same rainband in the NoCHEM experiment. The aerosol direct effects
activated in the CHEM experiment influenced a warmer SAL environment that began
impacting the TC Florence environment on 6 September at 0600 UTC. Therefore, less
favorable atmospheric conditions were being ingested into the TC center in the CHEM
experiment which helped further impede the storm development. These results suggest
that the indirect radiative effects of dust aerosols in the CHEM-ND experiment helped to
decrease the storm intensity as the minimum sea level pressure was 6 hPa higher than that
in the NoCHEM. The direct radiative effects of dust aerosols in the CHEM experiment
helped to further decrease the storm intensity by up to 7 hPa. However, the impact of the
indirect effect was likely larger in the CHEM experiment due to the slight increase in
dust aerosols that interacted with the outer rainband clouds. Overall, the model results in
this study suggest that dust aerosols can help weaken or delay the development of a TC
through both the aerosol direct and indirect effects.
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4.2 Future Work
As an immediate follow up to this dissertation, we will assess and compare WRFChem model experiments for TC Helene which developed after Florence in September
2006 to see whether dust aerosols have similar impacts on this storm. At the time of
writing this dissertation, the TC Helene simulations were still running.
This study investigated the influence of dust aerosols on TC Florence through
using the WRF-Chem model with a two-moment bulk cloud microphysical
parameterization scheme. However, it has been shown that more advanced nonparameterized spectral bin microphysical schemes are more capable of accounting for
microphysical factors such as aerosols. Thus, future studies can adapt a spectral bin
approach in the WRF-Chem model in order to perform more accurate simulations of the
microphysical processes. It would be interesting to see how these simulations compare to
the ones conducted in this dissertation.
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APPENDIX A

MULTI-PLATFORM ANALYSIS OF THE RADIATIVE EFFECTS AND
HEATING RATES FOR AN INTENSE DUST STORM ON 21 JUNE 2007

A.1 Introduction
Saharan dust aerosols can impact both shortwave (SW) and longwave (LW)
radiation which can alter the global radiative budget and influence the climate. However,
the dust aerosol effects on the climate are still not confidently understood due to the
uncertainties in the dust optical properties particularly the single scatter albedo (ω0)
[IPCC, 2007]. The ω0 can vary from moderately absorbing values near 0.92 to almost
purely scattering values near 0.99 at a wavelength of 550 nm [e.g. Haywood et al., 2011;
Johnson and Osborne, 2011]. Thus, dust aerosols can reflect and absorb SW radiation in
cloud-free conditions which is known as the SW direct radiative effect [Haywood and
Boucher, 2000]. Dust particles with sizes on the order of several micrometers can also
have a considerable impact in the LW by reducing the outgoing LW radiation at the TOA
as the dust absorbs the radiation and emits at colder temperatures [Zhang and
Christopher, 2003]. When the dust particles absorb the LW radiation, they also reemit a
portion of the radiation back towards the surface [Yang et al., 2009]. The aerosol
radiative effect can be quantified by calculating the radiative fluxes with or without
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aerosols. To reduce the uncertainties of the aerosol radiative effect, we must have a
proper understanding of the aerosol optical properties and their vertical distribution
especially when clouds are present [Quijano et al., 2000]. For instance, the aerosol
radiative effect can vary significantly over the ocean depending on whether or not water
clouds reside beneath dust [Quijano et al., 2000].
Observations from the Cloud-Aerosol Lidar and Infrared Pathfinder Satellite
Observations (CALIPSO) have proved extremely valuable in understanding the vertical
distribution of aerosols and clouds in the atmosphere [e.g., Liu et al., 2008; Chand et al.,
2008; Wilcox, 2010]. Prior to the launch of CALIPSO, passive satellite remote sensing
methods (e.g. MODIS) provided important information on the horizontal distribution of
aerosols and clouds but with limited vertical information [Qu et al., 2006]. Thus, the
frequency of scenes consisting of aerosols residing among clouds in the same vertical
column of air was unknown. Fortunately, CALIPSO observations have shown that
scenes with aerosol above low-level water clouds are quite common especially in high
aerosol loading regions [e.g. Devasthale and Thomas, 2011]. Therefore, single cloud and
aerosol layers are less common than multiple cloud and aerosol layers in certain regions
of the world which has significant implications in radiative transfer modeling.
Prior to the launch of the CALIPSO and Cloudsat satellites, many studies were
already using RTMs to analyze the top of the atmosphere (TOA), surface, and
atmospheric radiative forcing and heating rates due to aerosols and clouds [e.g., Quijano
et al., 2000, Zhang et al., 2004]. Quijano et al. [2000] conducted RTM simulations for
theoretical cases where dust aerosols resided above, between, or below clear and cloudy
layers. They used theoretical case studies since space-borne active lidars were not
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available for studying complex atmospheric vertical structures at the time of their study.
Zhang et al. [2004] used data from the International Satellite Cloud Climatology Project
(ISCCP) and radiative transfer calculations to understand the Earth’s radiation budget at
the TOA, surface, and within the atmosphere. However, at the time, we had yet to
observe the common situation of aerosols above clouds shown in Chand et al. [2008].
Now that active satellites are directly measuring the vertical structure of clouds and
aerosols we can use these observations to conduct calculations of radiative fluxes and
heating rates in the atmosphere [Huang et al., 2009].
While TOA radiative effects can be assessed using broadband measurements from
the Clouds and the Earth's Radiant Energy System (CERES) [e.g. Christopher and Zhang,
2002; Zhang and Christopher, 2003], RTM simulations are needed to assess the impact of
dust on the surface and atmosphere. Previous studies by Huang et al. [2009] simulated
Taklimakan Desert dust storms using a delta-four stream RTM with CALIPSO
observations as an input but they did not incorporate Cloudsat data as they selected dust
storm cases in cloud-free regions. In this study, we use the CALIPSO and Cloudsat
observations, and aircraft data from the GERBILS (Geostationary Earth Radiation
Budget Intercomparisons of Long-wave and Short-wave radiation) campaign [Haywood
et al. 2011] to assess the vertical structure of a large dust plume with embedded low-level
clouds over western Africa and the adjacent Atlantic Ocean on 21 June 2007. The
GERBILS campaign consisted of ten flights over North Africa and the Atlantic Coast
from 18 to 29 June 2007. This data, along with AERONET retrievals of aerosol optical
properties are used as inputs into a delta-four stream RTM [Fu and Liou, 1992]. The
RTM is used to estimate the SWARE and radiative heating rates associated with the dust.
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Figure A.1 a) MODIS 0.65 μm reflectivity image at approximately 1430 UTC on 21 June 2007
where the black line represents the CALIPSO transect as the satellite moves south to north on this
day at approximately 1440 UTC. The white section of the CALIPSO transect shows the region of
interest for this study (10-14°N). NCEP Reanalysis 700 hPa winds at 1200 UTC on this day are
depicted by the black vectors. b) MODIS red-green-blue (RGB) composite image at same time as in
panel a) where the red channel is the BTD between the 12 and 11 μm bands, the green channel is the
0.65 μm band, and the blue channel is the BTD between the 11 and 8.5 μm bands. The red line
depicts the BAE-146 flight path with the filled blue triangle showing the location of the P9 profile at
1402 UTC (16.6°N, 16.0°W) and the unfilled blue triangles showing the location of the P3-8 profile
at about 1300 UTC (13.3°N, 11.8°W). The black square is the location of the Dakar AERONET
station (14.4°N, 16.9°W). Forward trajectories from the HYSPLIT model computed by NCEP
Reanalysis winds for an 11 hour period beginning at the location of the P3-8 profile at 1300 UTC
are shown by the blue lines where the solid and dashed lines depict the trajectory of the air at 3 km
and 5 km, respectively. The filled circles along the blue lines show the trajectories after two hours
and six hours into the HYSPLIT simulation initiated at 1300 UTC. The air in the vicinity of the P38 profile reached the CALIPSO transect at about 1900 UTC.
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Figure A.2 CALIPSO level 1b 532 nm total backscatter profiles during its transect in Figure A.1 where
the solid black line represents the MODIS brightness temperature differences between the 11 and 12 μm
channels (BTD11-12) along this path. The location of low-level clouds beneath the dust storm (i.e. red
markings) are identified using the Cloudsat CPR cloud mask with a threshold of 20. The vertical dashed
black lines demarcate the section of the transect from 10-14°N which is the focus of this study.
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The CALIPSO and Cloudsat satellites transect crosses a range of land surface types and
ocean enabling SWARE and heating rates to be assessed for a wide range of surface
albedos. We also present SWARE and heating rates for two additional case studies
involving low-level clouds beneath dust over the eastern Atlantic Ocean on 31 May and
18 June 2007.

A.2 Observations of the dust storm on 21 June 2007
A.2.1 MODIS
The MODIS 0.65 μm reflectivity image at approximately 1430 UTC on 21 June
2007 shows higher reflecting clouds as indicated by the brighter white shades primarily
south of 8°N while north of this boundary are mostly lower reflecting clouds and dust
(Figure A.1a). The MODIS red-green-blue (RGB) composite image at same time clearly
depicts the intense dust storm (yellowish color) being transported from the Sahara Desert
to the eastern Atlantic Ocean. Low-level clouds are also present among the thick dust
storm from 10-14°N along the CALIPSO transect as they appear in brighter shades of
yellow within the yellow-orange belt of the dust storm.

A.2.2 CALIPSO
The Cloud-Aerosol Lidar with Orthogonal Polarization (CALIOP) instrument
onboard the CALIPSO satellite measures the vertical structure of the atmosphere by
using backscattered light at 532 and 1064 nm [Winker et al., 2004]. These measurements
produce the level 1B product consisting of total backscatter (parallel plus perpendicular)
at 532 and 1064 nm and perpendicular backscatter measurements at 532 nm for each 333
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Figure A.3 a) Cloudsat cloud top heights and COD are indicated by the colored triangles
with their heights corresponding to height scale on the left y-axis and their colors
corresponding to the COD scale ranging from 0 to 18 at the top of the plot. AOD computed
from the fitted CALIPSO extinction profiles along the transect are shown by the dashed red
line with its corresponding scale ranging from 0 to 2 on the right y-axis. b) Instantaneous
SWARE due to dust aerosols along the transect from 10-14°N on 21 June 2007 where the
SWARE at the TOA, surface, and in the atmosphere is indicated by the solid black, red, and
blue lines, respectively. The dashed vertical line at 11°N denotes the transition from ocean
to land. The SWARE scale is on the left y-axis of the plot while the computed albedo from
the MODIS BRDF/Albedo Model Parameters product is shown in green with the scale on
the right y-axis.
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m footprint [Powell et al., 2009]. Rogers et al. [2011] performed an extensive validation
study on the CALIOP level 1b 532 nm total backscatter profiles and found that the
daytime profiles agreed within 2.9% ± 3.9% with the sub-orbital NASA Langley airborne
High Spectral Resolution Lidar [Hair et al., 2008]. The CALIPSO 532 nm total
backscatter profiles during the transect on 21 June 2007 at about 1435 UTC reveal that
the dust storm is elevated to about 5 to 6 km in height from 9-17°N and is strongly
scattering with backscatter values similar to the nearby clouds (Figure A.2a). However,
the 532 nm CALIOP signal is attenuated by the thick dust layer from 10-14°N which
means the sensor has difficulty detecting the low-level clouds along this section of the
transect.

A.2.3 Cloudsat
Cloudsat data has therefore been used to identify the low-level clouds in the
CALIPSO transect. Cloudsat flies about 20 seconds ahead of CALIPSO in the A-Train
formation [Stephens et al., 2002] and carries a 94-GHz millimeter-wavelength cloud
profiling radar (CPR) that easily penetrates through the dust layer [Stephens et al., 2008].
Thus, we overlay the location of low-level clouds beneath the dust storm in Figure A.3a
by using the 2B-GEOPROF-LIDAR product that supplies a CPR cloud mask [Mace et
al., 2009]. We only show low-level clouds with cloud mask values > 20 since false
detection occurs only 5% of the time when using this threshold [Mace et al., 2009].
Cloudsat also combines their 2B-GEOPROF product with MODIS radiances to provide a
2B-TAU product [Stephens et al., 2008]. This study uses the cloud top and bottom
heights in the GEOPROF-LIDAR product along with the cloud optical depth (COD) and
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Figure A.4 550 nm extinction profiles from the BAE-146 P3-8 and P9 profiles
are shown by the dashed black and solid black lines, respectively. Original
derived 532 nm extinction profiles using CALIPSO measurements averaged
from 10-14°N and 16.6-16.75°N shown by the dashed red and solid red lines,
respectively. The dashed green line shows the modified CALIPSO 532 nm
mean extinction profile from 10-14°N that is fitted to the structure of the BAE146 P3-8 profile beneath 5.5 km in height.
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cloud mean effective radius in the 2B-TAU product. The COD varied between about 6
and 18 for the low-level clouds with heights of 1 to 3 km from 10.4-11.4°N for the 21
June case (Figure A.3a). The mean effective radius of the clouds showed only slight
variations between 10 and 15 μm.

A.2.4 BAE-146 aircraft
The GERBILS campaign consisted of Facility for Airborne Atmospheric
Measurements (FAAM) BAE-146 aircraft flights that gathered in-situ measurements of
dust particle size, composition, and optical and radiative properties during June 2007
[Johnson and Osborne, 2011]. We focus on the B296 flight occurring on 21 June 2007
that departed from Niamey at approximately 1000 UTC and arrived at Nouakchott at
approximately 1450 UTC. The BAE-146 aircraft flew directly through a portion of the
intense dust storm observed by the MODIS sensor in Figure A.1b. The unfilled blue
triangle (13.3°N, 11.8°W) along the flight path identifies the location of the BAE-146
profile P3-8 occurring at about 1300 UTC. The 550 nm extinction coefficient profile
derived during the P3-8 profile shows that the highest extinctions are in the middle
atmosphere with values greater than 0.6 km-1 from 5-6 km in height (dashed black curve
in Figure A.4).
The extinction profiles from the FAAM aircraft have an uncertainty of ± 25% due
to errors associated with the nephelometer and PSAP instruments [Johnson and Osborne,
2011]. Errors associated with inefficient sampling by inlets on the aircraft are an
additional source of error that is not well constrained. Comparison of extinction profiles
with sunphotometer estimates of AOD during DABEX [Osborne et al., 2008] and
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GERBILS [Johnson and Osborne, 2011] show that on average, the aircraft overestimates
AOD by about 20% in dust cases. Therefore, the aircraft extinction is more likely to be
an overestimate than an underestimate (within the ± 25% uncertainty). However, there is
no clear basis for correcting this bias as the relationship of this bias to the sampling
conditions or the properties of the dust are not well understood. By vertically integrating
the extinction coefficient profile and taking into account the ± 25% uncertainty, an AOD
of 1.67 ± 0.42 at 550 nm was calculated for this P3-8 profile. Towards the end of the
B296 flight the BAE-146 measured the vertical profile of the atmosphere once again
during its P9 profile occurring at approximately 16.6°N and 16°W from 1402-1422 UTC.
As seen in Figure A.1b the P9 profile flies through an atmosphere not nearly as dusty as
the atmosphere measured during the P3-8 profile. Thus, the 550 nm extinction
coefficients are much lower for the P9 profile (solid black curve in Figure A.4) where the
extinctions peak at about 0.2 km-1 near 5 km in height. An AOD of 0.70 ± 0.18 at 550 nm
was calculated from the aircraft extinction profile of P9.

A.2.5 AERONET
The AERONET consists of a network of sunphotometers across the globe used
frequently for validating satellite retrievals [Holben et al., 1998]. AERONET provides
aerosol property retrievals from UV to near-IR wavelengths and we primarily take
advantage of the ω0 and asymmetry parameter (g) retrievals with uncertainties of
approximately 0.03 and 3-5%, respectively [Dubovik et al., 2000]. The g describes the
proportion of the SW radiation that is scattered in the forward and backward directions
where g > 0 indicates the radiation is scattered in the forward hemisphere and g < 0
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indicates the radiation is scattered in the backward hemisphere. Since the g for Saharan
dust aerosols is typically around 0.7 at 500 nm [Formenti et al., 2000], they are strongly
forward scattering aerosols which means that downward propagating radiation in the
atmosphere will preferentially scatter in the hemisphere towards the surface when
interacting with dust particles. The 21 June dust storm had moved over the Dakar
AERONET station near the western African coast (i.e. Figure A.1b) and aerosol
retrievals were made at 1657 and 1724 UTC where the AOD at 675 nm was about 1.1.
These retrievals showed an aerosol effective radius of approximately 1.1 μm and ω0
values of 0.92, 0.98, 0.98, and 0.99 at 440, 675, 870, and 1018 nm. Thus, the dust storm
is somewhat absorbing of visible radiation but very weakly absorbing of near IR
radiation. At these same four solar wavelengths, the Dakar station also retrieves g of
0.78, 0.74, 0.73, and 0.74, showing the forward scattering nature of the dust aerosols.

A.3 Radiative Transfer Modeling methods
A.3.1 RTM
The RTM used in this study is a delta-four stream model originally developed for
calculating radiative fluxes in clear and cloud conditions [Fu and Liou, 1992, 1993] and
later modified to account for aerosol radiative fluxes [Rose and Charlock, 2002]. It has 6
regular SW spectral bands from 0.2 to 4.0 μm and 12 longwave spectral bands between
2200 and 0 cm-1. The RTM also contains spectral normalized extinction coefficients,
single scatter albedos, and asymmetry factors for 25 different aerosol types. In this study,
we assess the TOA, surface, and atmospheric radiative effects by taking the difference
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between the aerosol (i.e. dust) radiative fluxes and clear/cloud radiative fluxes from the
RTM calculations.

A.3.2 Derivation of aerosol extinction profiles from CALIPSO and aircraft data
The first task we had in preparing the RTM for this 21 June 2007 dust storm
simulation was to convert the CALIPSO level 1b 532 nm total backscatter profiles to
extinction profiles by using a procedure similar to the one discussed in Huang et al.
[2009]. We use the same equations (1)-(3) in Huang et al. [2009] to derive the extinction
profiles but our procedure differs slightly. First, we apply a multiple scattering factor of
0.94 instead of 0.7 used in Huang et al. [2009] as Liu et al. [2011a] conducted a detailed
assessment on the multiple scattering impacts on the CALIOP signal and found that the
multiple scattering factor approaches 0.94 ± 0.015 when the extinction is smaller than 1
km-1. Second, our study uses a single-scattering lidar ratio (i.e. extinction-to-backscatter
ratio) of 55 sr which was found as the most appropriate lidar ratio after we compared the
BAE-146 P9 550 nm extinction profile occurring from 1402-1422 UTC with nearby
CALIPSO profiles of derived 532 nm extinction coefficients at approximately 1438 UTC
on 21 June 2007. Our lidar ratio of 55 sr agrees with the average lidar ratio of 55.4 sr at
532 nm from 229 ground-based retrievals of Saharan dust conducted in Schuster et al.
[2012]. When comparing the P9 and CALIPSO extinction profiles, we also found that
using a lidar ratio of 55 sr throughout the entire CALIPSO profile can lead to
overestimations in extinction within clean (i.e. aerosol-free) or relatively clean (i.e.
background aerosol) layers. Therefore, we use a lidar ratio of 30 sr in the clean to
relatively clean layers of the CALIPSO profile. Tesche et al. [2007] showed that areas of
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background aerosol conditions with very low AOD can be associated with lidar ratios of
25-30 sr. We locate clear, cloudy, and aerosol layers within the CALIPSO profiles
through the level 2 (version 3) CALIOP product. The level 2 product is generated by
identifying cloud and aerosol layers through applying a selective iterative boundary
locator (SIBYL) algorithm on each level 1b profile and then a scene classification
algorithm (SCA) determines whether the layer is cloud or aerosol [Winker et al., 2009].
After applying these algorithms, the 5 km (level 2) product is created which consists of
physical and optical properties of the cloud and aerosol layers [Winker et al., 2009].
However, since the CALIPSO Cloud and Aerosol Discrimination (CAD) algorithm
misclassified a significant portion of the dust storm as cloud, we use the BTD CAD
algorithm [Naeger et al., 2013b] to properly identify the aerosols. This technique
basically uses the negative MODIS BTD11-12 measured along the CALIPSO path (i.e.
Figure A.2a), since moderate to thick dust aerosols are typically associated with negative
BTD11-12 [Ackerman, 1997; Sokolik, 2002; Naeger et al., 2013b], to convert any
misclassified clouds in the profiles to aerosols.
We show two 532 nm extinction coefficient profiles derived from this procedure
in Figure A.4 which are the mean profiles from 10-14°N and 16.6-16.75°N along the
CALIPSO transect. The mean extinction profile from 16.6-16.75°N (solid red line) is
validated against the nearby BAE-146 P9 profile (solid black line), and they both exhibit
extinction values around 0.15 to 0.2 km-1 between 4 and 5.5 km due to the presence of an
elevated dust layer. The P9 profile exhibits an increase in extinction near 5.2 km to
values greater than 0.2 km-1 that is not replicated in the CALIPSO profile. This
difference may be caused by the fact that the aircraft profile occurs about 20 to 30
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minutes prior to the CALIPSO overpass. In the lower atmosphere, the BAE-146 profile
P9 shows several slight increases in extinction that are not shown by the CALIPSO
profile, which is probably due to the CALIPSO lidar having already experienced some
attenuation after passing through the mid-level aerosols that makes it difficult for it to
detect these weak low-level aerosol layers. Then, we compare the CALIPSO derived
mean extinction profile from 10-14°N (dashed red line) against the BAE-146 profile P3-8
(dashed black line). Even though the profile P3-8 occurs roughly 300 km to the east of
the CALIPSO transect, the NCEP Reanalysis wind data reveals that the large scale
dynamics of the dust storm are similar in the east-west direction which suggests that this
comparison is appropriate. Figure A.1a shows the NCEP Reanalysis 700 hPa winds at
1200 UTC on 21 June (i.e. black vectors) where westerly wind with similar magnitude
(e.g. length of the vector) and direction occur across most of the dust storm region. In
fact, the wind magnitude and direction are nearly identical in the vicinities of the BAE146 P3-8 profile and the CALIPSO transect from 10-14°N. Besides the peak in
extinction near the top of the dust layer at about 6 km, the mean extinction profile from
10-14°N compares poorly to the BAE-146 profile P3-8 which is due to the very strong
attenuation of the CALIPSO lidar in this optically thick dust layer. Below the top 1 km
of the dust layer the CALIPSO lidar is unable to detect the structure of the dusty
atmosphere that is clearly shown by the profile P3-8. Due to the poor quality of the
CALIPSO measurements beneath 5.5 km in this dust storm along 10-14°N, we fit the
CALIPSO extinction profiles to the structure of the profile P3-8 (dashed green line in
Figure A.4).
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For this fitting procedure, we must first get the BAE-146 measurements onto the
CALIPSO vertical height profile where we use linear interpolation as our BAE-146 and
CALIPSO data have differing vertical resolutions of 100 m and 30 m, respectively.
Then, for each profile, we simply use the average of the CALIPSO extinctions from 5.56.0 km and add or subtract from this average based on the gradient of the BAE-146
extinction measurements below 5.5 km to calculate the fitted extinctions. Thus, the
higher the CALIPSO derived extinctions in the topmost layer of the dust the higher the
fitted extinctions below 5.5 km. In Figure A.4, the large gradients in the BAE-146
extinction profile are reproduced in the fitted CALIPSO extinction profile, which shows
significantly more structure to the dust storm than the original CALIPSO extinction
profile (dashed red line). The lidar was finally able to penetrate through the dust layer
during the 23 June transect at 1542 UTC where it identified some structure to the dust
storm beneath the top layer (not shown). Although this transect was two days after our
case study period, it still suggests that a significant amount of dust was most likely
present below 5.5 km for our case study that was unable to be measured by the CALIPSO
lidar. Huang et al. [2008] showed that when dust aerosols are lofted to the middle
atmosphere, as with our case study, they can be transported long distances while
maintaining a relatively consistent vertical structure along the path.
To further assess the validity of using the BAE-146 aircraft profile extinction
data, we simulate forward trajectories using the Hybrid Single Particle Lagrangian
Integrated Trajectory Model (HYSPLIT) for an 11 hour period on 21 June beginning at
1300 UTC at the location of the BAE-146 profile. These trajectories clearly show that
the air at 3 and 5 km at the location of the BAE-146 profile was transported directly
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towards the region of the CALIPSO transect from 10-14°N (Figure A.1b). The air at the
BAE-146 profile did not yet reach the CALIPSO transect that occurred at approximately
1440 UTC, but the air eventually did reach the transect at 1900 UTC (Figure A.1b).
Therefore, even though it is impossible to know the exact vertical structure of the dust
storm in this study beneath 5.5 km along the CALIPSO transect, the BAE-146 aircraft
provides measurements close enough in time and space to help define the vertical
structure. Also, note that the CALIPSO derived profile and BAE-146 profile in Figure
A.3 both show high extinction values near 0.6 km-1 prior to the attenuation of the
CALIPSO lidar beneath 5.5 km.
After fitting the CALIPSO 532 nm extinction profiles from 10-14°N to the BAE146 P3-8 profile, we input these profiles into the RTM SW band 1 (0.2-0.7 μm). Then,
by using equation (4) in Huang et al. [2009], we are able to vary the extinction coefficient
profiles for the remaining RTM bands according to the fitted CALIPSO 532 nm
extinction coefficients in band 1 of the model

A.3.3 Aerosol optical properties
The optical properties of the aerosol, including the spectral variation of extinction
are based on the 1.0 μm mineral dust aerosol type available in the RTM. This size class
was chosen as the Dakar AERONET station retrieved an effective radius of
approximately 1.1 μm for this dust storm [Tegen and Lacis, 1996]. However, other
mineral dust sizes will be tested in the sensitivity analysis in Section 4.3. After choosing
this aerosol type, equation (4) in Huang et al. [2009] is used to compute extinction
coefficients for the 5 remaining SW bands and 12 LW bands. To further reduce the
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dependence on the prescribed optical property values of the 1.0 μm mineral dust type in
the model, we fit a polynomial curve to the ω0 and g values retrieved at 440, 675, 870,
and 1018 nm by the Dakar AERONET station and then compute a mean value of ω0 and
g for the RTM bands 1 (0.2-0.7 μm) and 2 (0.7-1.3 μm). From using this technique, we
compute ω0 of approximately 0.95 and 0.98 and g of approximately 0.76 and 0.74 for the
RTM bands 1 and 2, respectively. These ω0 values compare well to the data from the
GERBILS campaign where the aircraft measured ω0 at 0.55 μm from 0.92 to 0.99 with a
mean of 0.97 [Johnson and Osborne, 2011]. Furthermore, the g values from this study
are close to 0.73 found in Johnson and Osborne [2011] using T-Matrix calculations.
Then, we use the prescribed ω0 and g values of the 1.0 μm mineral dust type for the
remainder of the SW and LW bands in the RTM.

A.3.4 Aerosol optical depth
The AODs input into the RTM are taken from the fitted CALIPSO extinction
profiles described above. The AOD is generally in the range of 1.6 – 2.0 from 10-12°N
and decreases to values between 1.5 – 1.7 northward of 12°N (Figure 3a). These values
are remarkably similar to the AOD estimate of 1.7 at 550 nm from the BAE-146 profile
P3-8 made at (13.3°N, 11.8°W) at around 1300 UTC which is not surprising since the
CALIPSO extinction profiles were fitted to P3-8. It is difficult to compare our derived
AOD to the MODIS Aqua overpass at about 1435 UTC on this same day since the
MODIS AOD product shows significant cloud fractions (>25%) along much of the
CALIPSO transect from 10-13°N. However, from 13-14°N the MODIS AOD product
shows cloud fractions mostly below 25% with AODs of 1.3 near 13°N decreasing to
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around 1.1 near 14°N. Thus, our AODs of 1.5 to 1.6 along this same section of the
CALIPSO transect are higher than the AODs from the MODIS product which suggests
our AOD derived from the fitted CALIPSO extinction profiles might be an overestimate.
The AOD retrieved at the Dakar AERONET station during the time of the CALIPSO
overpass (1438 UTC) was around 1.1 at 675 nm but had peaked at 1.9 earlier in the day
(~0920 UTC). This decrease occurred as the thickest regions of the dust storm, which this
study is most interested in, had moved south of the Dakar station. For that reason the
AOD from Dakar is not used as a constraint for the RTM simulation but is simply noted
here for comparison.

A.3.5 Spectral surface albedo
Another critical input that must be addressed is the spectral albedos from the
MODIS BRDF/Albedo Model Parameters product (MCD43C1). The Bidirectional
Reflectance Distribution Function (BRDF) model parameters in the MCD43C1 product
allows us to compute albedos that are appropriate for this particular case study by using
the solar zenith angles on this day which is described in Schaaf et al. [2002]. The
MCD43C1 product contains a visible broadband channel from 0.3 to 0.7 μm that we use
to compute an albedo for the RTM band 1 (0.2-0.7 μm). It also contains BRDF model
parameters for the 7 MODIS solar bands which we use to compute an albedo for the SW
RTM bands 2-4. MODIS band 2 (0.85 μm) and band 5 (1.2 μm) are used to compute an
albedo for the RTM band 2 (0.7-1.3 μm). Then, MODIS band 6 (1.6 μm) and band 7 (2.1
μm) are used to compute an albedo for the RTM band 3 (1.3-1.9 μm) and band 4 (1.9-2.5
μm), respectively. Due to the lack of albedo information for input into the RTM band 5
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(2.5-3.5 μm) and band 6 (3.5-4.0 μm) we simply set band 5 and 6 to the band 4 albedo. It
is difficult to obtain albedo information for bands 5 and 6 due to the very small amount of
solar energy that exists at these wavelengths as about 99% of the solar radiation is
confined to the wavelength range of 0.3-3.0 μm. Therefore, our approach of using the
band 4 albedo for the band 5 and 6 albedos will cause insignificant uncertainties in our
RTM simulations. The solar zenith angle (SZA) is an important input into the RTM and
the SZA decreased from 26.7° to 24.2° between 10° and 14°N along the CALIPSO
transect in Figure A.2a.

A.3.6 Cloud and Meteorological variables
The cloud top and base heights along with COD and mean effective radius
retrieved by the Cloudsat satellite from 10-14°N are input into the model. However, we
use the Cloudsat cloud mask values, which range from 0 to 40, to ensure that only clouds
detected with high confidence are input into the model. A high confident detection
occurs when the cloud is given a cloud mask value of at least 20 [Mace et al., 2009].
Finally, Global Forecast System (GFS) 1° by 1° atmospheric profiles of temperature and
specific humidity are used as inputs into the RTM.

A.4 RTM Results and Discussion
A.4.1 SWARE
In this study, we chose cases where dust was observed above water clouds. The
SWARE due to dust aerosols is computed by simulating the RTM with dust and clouds
and then performing another simulation with only clouds. The difference between the
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radiative flux of dust and cloud (Fdust+cloud) and the radiative flux of cloud only (Fcloud)
gives the instantaneous SWARE due to dust alone which is shown for the 21 June 2007
dust storm in Figure A.3b. The surface albedo in Figure A.3b (dashed green line) is the
solar broadband albedo (0.2-4.0 μm) computed by taking the mean over the SW RTM
bands 1-6. Between about 10°N and 11°N the SW broadband albedo is less than 5%
since the CALIPSO transect is still over water. Around 11°N the transect is over land
where albedos generally increase reaching maximum values of around 35% near 14°N.
The increase in surface albedo to 10% around 10.8°N is caused by a brief CALIPSO
transect over a coastal land area before emerging over ocean once again until the primary
land mass is encountered at 11°N.
Over the cloud-free water background (10-10.3°N) the SZA is about 26.7°
resulting in 1226 Wm-2 of solar radiation available at the TOA. The dusty atmosphere
reflects 174 Wm-2 and absorbs 448 Wm-2 of the available solar radiation which causes the
surface to receive 604 Wm-2. For the no dust atmosphere, only 79 Wm-2 of the 1226
Wm-2 solar radiation available at the TOA is reflected while 238 Wm-2 is absorbed which
causes the surface to receive 909 Wm-2. Consequently, the dusty scenario absorbs 210
Wm-² more solar radiation in the atmosphere than in the no dust scenario which leads to
the reduction of 305 Wm-2 of solar radiation at the surface. After taking into account the
minimal ocean reflectance, 174 Wm-2 of solar radiation is leaving at the TOA in the dusty
atmosphere as opposed to only 79 Wm-2 in the no dust atmosphere. Thus, over this
cloud-free water region from 10-10.3°N the TOA SWARE (black line in Figure A.3b) is
about -95 Wm-² due to the large AOD of about 1.7. By using the mean AOD of 1.7 along
this section of the transect, a mean aerosol forcing efficiency (i.e. SWARE per unit AOD
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[Christopher and Zhang, 2004]) of approximately -56 Wm-² per AOD is calculated. Our
TOA instantaneous SWARE of about -95 Wm-² is in good comparison to the -129 Wm-²
measured for an AOD of about 1.5 during the Saharan Dust Experiment (SHADE)
[Haywood et al., 2003]. Note that the dust was slightly more reflecting in Haywood et al.
[2003] with a ω0 of 0.97 which will lead to a more negative TOA SWARE.
The CALIPSO transect then encounters the low-level water clouds over the ocean
from 10.3-11.0°N causing the TOA SWARE due to dust to change from strongly
negative to positive values. The low-level water clouds with an average COD of 9.3
cause an average TOA SWARE from 10.3-11.0°N of 67 Wm-² (38 Wm-² per AOD)
which means more outgoing energy is at the TOA in the cloud-only simulation compared
to the cloud and dust simulation. The largest COD of 15 at 10.7 °N leads to the most
positive TOA SWARE value of 130 Wm-² (74 Wm-² per AOD). Therefore, the presence
of the dust layer above the low-level water clouds reduces the outgoing solar radiation at
the TOA since it absorbs a portion of the reflected radiation from the clouds along with
reflecting a portion back towards the surface. The increased absorption of the dust layer
above these low level clouds is clearly seen in Figure A.3b as the SWARE in the
atmosphere (blue line) increases to 267 Wm-² (about 152 Wm-² per AOD) at 10.7°N
while the average value along this portion of the transect is 252 Wm-² (about 144 Wm-²
per AOD). The increased background reflectance due to the low level clouds causes the
dust layer to receive more radiation from below which leads to the increased absorption
of radiation in the atmosphere. A similar response to low level clouds beneath an
absorbing aerosol layer was discussed in Wilcox [2010] as positive TOA SWARE along
with increased SW absorption were simulated for a case where clouds were beneath a
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smoke layer with a ω0 of 0.89 at 550 nm. Wilcox [2010] also noted that the aerosol semidirect effect led to cloud thickening due to the increased solar absorption and heating of
the smoke layer which increases the buoyancy and inhibits the entrainment of this above
cloud air into the cloud layer. Therefore, the semi-direct effect is most likely occurring in
our case study as suggested by the increase in the absorbed solar radiation among the
profiles with low-level clouds beneath dust, but the impact of the semi-direct effect is
probably much less here due to the considerably higher ω0 for dust aerosols. Then, at the
surface, a large increase to nearly -137 Wm-² (-78 Wm-² per AOD) is shown in Figure
A.3b (red line) at 10.7°N since the cloud alone significantly reduces the SW radiation
received at the surface. The average SWARE at the surface from 10.3-11.0°N in the
cloudy profiles is -186 Wm-² (-106 Wm-² per AOD). A similar trend appears for the lowlevel clouds over land between 11.2 and 11.4°N but the average SWARE values are
considerably larger at the TOA and surface, which is mostly due to the increase in the
average COD to 12.8. In fact, the most positive TOA SWARE value of 141 Wm-² (-84
Wm-² per AOD) occurs along this section of the transect which coincides with the highest
COD of 19.
After encountering the low-level clouds over land, the remainder of the transect
(i.e. northward of 11.4°N) is less complex as only cloud-free dusty profiles are simulated.
However, the varying albedo of the land along this transect significantly impacts the
TOA and surface SWARE. From 11.4-13.2°N, where the surface albedo is mostly
between 15 and 25%, the mean SWARE at the TOA and surface is about -40 Wm-² (-24
Wm-² per AOD) and -253 Wm-² (-153 Wm-² per AOD), respectively. Then, at
approximately 13.6°N the TOA SWARE changes from negative to positive as the albedo
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Table A.1 Summarizes the radiative flux and SWARE results at the TOA, in the
atmosphere, and at the surface averaged over the cloud-free over water (10-10.3°N), the
clouds over water (10.4-10.8°N), the clouds over vegetated land (11.2-11.4°N), the cloud-free
over vegetated land (11.4-13.2°N), and the cloud-free over bright land (13.6-14.0°N) sections
along the CALIPSO transect. The radiative flux of the cloud only atmosphere is Fcloud, the
radiative flux of the dust and cloud atmosphere is Fdust+cloud, and the difference between the
two atmospheres gives the instantaneous SWARE.

182

a)

b)

Figure A.5 a) SW radiative heating rates simulated by the delta-four
stream RTM along the transect from 10-14°N on 21 June 2007. b)
Similar to panel a) but for LW radiative heating rates.
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increases to values greater than 30% which suggests there is a critical albedo of about
30% where the TOA SWARE goes from negative to positive. The critical albedo occurs
when the albedo is insensitive to the AOD (e.g. TOA SWARE is 0 Wm-²). Patadia et al.
[2009] found that the critical albedo can vary greatly over desert regions due to the
different mineral dust types as absorbing dust types (ω0=0.87) can have a critical albedo
just above 20% while a reflecting dust type (ω0=0.97) can have a critical albedo of 40%.
Thus, the critical albedo of 30% for this dust layer with ω of approximately 0.95 agrees
with the results of Patadia et al. [2009]. The mean TOA SWARE between 13.6 and
14.0°N is 10 Wm-² (6 Wm-² per AOD) with the maximum value of 18 Wm-² occurring at
14°N where the albedo is about 39%. Therefore, below the critical albedo of
approximately 30% the reflection of the dust layer leads to negative TOA SWARE.
Above this critical albedo the absorption of the dust leads to positive TOA SW radiative
effect. The mean surface SWARE increases to -211 Wm-² (-132 Wm-² per AOD)
between 13.6 and 14.0°N as the highly reflecting surface negates some of the impact the
dust layer has on reducing the absorbed SW radiative at the surface. Table A.1
summarizes the radiative flux and SWARE results discussed in this section.

A.4.2 SW and LW Heating Rates
The elevated dust on 21 June 2007 leads to a SW heating of the atmosphere of
greater than 6 K/day over a significant region of the dust layer from 4-7 km in height
(Figure A.5a). This shows that strong dust storms can have a very significant warming
effect on the atmosphere due to their absorption properties. The largest SW heating rates
occur when low-level clouds are present where the increased background reflectance of
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the clouds lead to more radiation received at the dust level and higher heating rates. The
increased atmospheric SWARE where low clouds are present in Figure A.3b means that
more energy is absorbed in the atmosphere causing the higher SW heating rates within
the dust layer above the clouds. Consequently, a significant area of SW heating rates
larger than 10 K/day are simulated directly above the low clouds within the dust over
both the water and land. For example, the low cloud with an optical depth of 8.6 at
11.2°N influences a SW heating rate of approximately 13.4 K/day. In the cloud-free dust
profiles from 10-10.4°N, a noticeable decrease in the SW heating rates are simulated due
to the absence of low clouds beneath the dust. Also, note that the SW heating rates
within the dust layer above cloud-free land (north of 11.4°N) show some regions of SW
heating rates greater than 10 K/day even though the AOD is actually slightly decreasing
along this portion of the transect. Again, this is explained by the higher surface albedo of
the land that reflects more of the downwelling SW radiation at the surface upwards into
the dust layer. We also conducted a simulation where we held the AOD constant at 1.67
along the entire transect in order to see the impact the varying AOD has on the RTM
calculations. Not surprisingly, the SW heating rates within the dust layer above the
cloud-free land are slightly increased. Thus, the higher SW heating rates above the
cloud-free land compared to the cloud-free ocean are more discernible in this constant
AOD simulation (not shown).
In the LW, there is a warming effect below the dust layer and a cooling effect
near the top of the layer in Figure A.5b as the dust absorbs the LW radiation and then
reemits a considerable portion of the energy back towards the surface which leads to the
increased LW heating rates below the dust layer. Due to the small dust particle size for
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this case the LW heating rates are much smaller in the cloud-free areas with maximum
heating of about 0.8 K/day and minimum cooling of about -1.5 K/day. When comparing
the LW heating rates at 10.5°N to that at 11.2°N, the atmosphere with the COD of 12.4
has a minimum value of -1.0 K/day while the atmosphere with the COD of 8.6 has a
minimum value of -1.3 K/day. The stronger LW cooling occurring in the atmosphere
with the lower COD at 11.2°N is mostly due to the cloud absorbing less LW radiation
from the surface than the optically thicker cloud at 10.5°N. Therefore, more LW
radiation is absorbed beneath the dust at 11.2°N which then leads to stronger cooling
within the dust layer. Note that the same GFS atmospheric profiles were used to simulate
the RTM at these two locations. Even though we are subtracting Fcloud from Fdust+cloud in
order to remove the impacts of cloud, the largest LW heating rates still appear within the
cloud layers in Figure A.5b due to the dust layer absorbing and reemitting LW radiation
back towards the cloud layers. Thus, the cloud layers are receiving more energy in the
dusty atmosphere than in the dust-free atmosphere which influences the LW heating rates
of up to 5 K/day near the cloud tops. Conversely, in the SW, a few of the cloud layers in
the dusty atmosphere are associated with a weak SW cooling since less downwelling
radiation is received at the cloud top when dust is above as opposed to clear sky above.
Quijano et al. [2000] conducted a cloud-free RTM simulation for suspended dust
layer from 1-4 km in height for a high sun angle (SZA~35°) over a desert-like surface
with an albedo of 30%, and they found SW heating rates of about 6 K/day within the dust
layer. In our study, considerably higher SW heating rates of 10.5 K/day are simulated
within the cloud-free atmosphere at 13.4°N where the surface albedo is about 30% and
SZA about 25°. The higher SW heating rate in our study is due mostly to the dust layer

186

having a much higher AOD at 0.5 μm of nearly 1.7 compared to the AOD of 0.5 used in
Quijano et al. [2000]. In fact, the difference in the SW heating rates could have been
even larger, but Quijano et al. [2000] used unrealistically low ω0 values of less than 0.9
for the visible wavelengths which causes the dust layer to absorb too much solar radiation
leading to unrealistic heating rates. An additional RTM simulation was conducted in
Quijano et al. [2000] over an ocean surface with an albedo of 5% where they inserted a
low cloud (COD = 10) beneath a dust layer (AOD = 1). Their results showed maximum
NET (SW + LW) heating rates of nearly 8 K/day within the dust layer. When the dust
layer was removed (e.g. AOD = 0), the NET heating rates decreased to only about 0.5
K/day within the atmosphere. Consequently, the presence of the dust layer above the low
cloud caused an additional warming of 7.5 K/day within the atmosphere. Similar
warming effects are observed within dust layers above clouds in our study. For instance,
if we look again at 10.5°N, the maximum NET heating rate within the dust layer (AOD =
1.7) is about 10.5 K/day since the SW and LW heating rates were 11.5 and -1.0 K/day,
respectively. Even though Quijano et al. [2000] use a significantly lower ω0, the
combination of the optically thicker cloud (COD=12.4) and dust layer in our study
influence the larger NET heating rates. Furthermore, the RTM simulations in Huang et
al. [2009] also showed the significant radiative impacts of dust aerosols in the atmosphere
as a dust storm (AOD = 0.8) over a cloud-free desert surface with an albedo of 35%
influenced SW and LW heating rates of 7 and -1.5 K/day, respectively. Note that these
are daily averaged heating rates that are not directly comparable to our instantaneous
heating rates. Also, Huang et al. [2009] used an unrealistically low ω0 of 0.89 at 0.67 μm
in their simulations. Nonetheless, for a very similar surface albedo at 13.8°N, our study
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found SW and LW heating rates of 10 and -0.7 K/day within the dust layer (AOD =
1.56).

A.4.3 Uncertainties and Sensitivity Analysis
In our study, we reduce the uncertainties by using as many available observations
as possible for critical RTM inputs such as ω0, g, and effective radius retrieved from the
Dakar AERONET station and the AOD measured by the BAE-146 aircraft. The
uncertainties for all these aerosol properties are discussed in Section 2. However, the
Dakar station at 14.4°N and 16.9°W is just north of the dust layer analyzed in this study.
Thus, the measurements at the Dakar station may not be completely representative of the
dust layer especially its southern extent at 10°N. We also used a constant ω0, g, and
effective radius for the entire dust layer when in reality there would be variability in these
parameters. The significant uncertainties with using CALIPSO data are reduced by
deriving our own extinction profiles from the accurate Level 1B data. The extinction
profiles were derived by comparing an accurate BAE-146 aircraft extinction profile to the
nearest CALIPSO Level 1B profile and finding the lidar ratio values that most accurately
fit the derived CALIPSO extinction profile to the BAE-146 profile. However, this fitting
technique was performed at the location of the BAE-146 profile (16.6°N,16°W) which
was north of the dust layer analyzed in this study. The Cloudsat retrievals used in this
study can also contribute to the uncertainty but we use the Cloudsat cloud mask to only
retain clouds detected with very high confidence.
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Table A.2 RTM results for the SWARE averaged over the various sections of the CALIPSO
transect as done in Table A.1. However, instead of using the AOD of 1.67 calculated from the
BAE-146 extinction profile, the lower (1.25) and upper bound (2.09) of the AOD uncertainty
range are used in the model simulation.

Table A.3 Similar to Table A.2 except that RTM results for the 2.0 μm and 4.0 μm mineral
dust sizes are presented.
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Since the BAE-146 extinction profile has a major impact on the fitted extinctions
that are input into the model, we assess the impact of the BAE-146 extinction errors
estimated at ± 25% on the radiative fluxes simulated by the model. The ± 25% error in
extinction leads to an uncertainty range of AOD in this study of 1.67 ± 0.42. Table A.2
shows the RTM results for the SWARE averaged over the various sections of the
CALIPSO transect as done in Table A.1. However, instead of using the AOD of 1.67
calculated from the BAE-146 extinction profile, the lower (1.25) and upper bound (2.09)
of the AOD uncertainty range are used in the model simulation. When comparing the
SWARE calculations in Table A.1 to Table A.2, the values show considerable differences
in magnitude especially in the atmosphere and at the surface which is expected with an
AOD range of 1.25-2.09. Nevertheless, it is important to note that the sign of the
SWARE values at the TOA do not change. Therefore, the dust still causes an overall
warming at the TOA between 10.3-11.0°N and 11.2-11.4°N, and an overall cooling at the
TOA occurs between 10-10.3°N, 11.4-13.2°N, and 13.6-14.0°N.
Finally, we conduct a sensitivity analysis on the impact of the differing prescribed
optical property values for several mineral dust sizes on the radiative fluxes and heating
rates simulated by the RTM. As already discussed, we chose the 1.0 μm dust size since
the nearby Dakar AERONET station retrieved a dust effective radius of 1.1 μm for this
dust storm. We reduced the dependency on the prescribed optical properties in the model
by inputting extinction coefficient profiles derived from CALIPSO data and inputting ω
and g retrieved by the Dakar station into bands 1 (0.2-0.7 μm) and 2 (0.7-1.3 μm) of the
RTM. However, we still rely on the prescribed optical property values for the remaining
4 SW bands and 12 LW bands. Therefore, we conduct two additional RTM simulations
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where we use the prescribed optical properties (i.e. extinction coefficients, ω, and g) for
the 2.0 μm and 4.0 μm mineral dust sizes to understand the sensitivity of the model to the
chosen dust size. The general pattern of the RTM results for the 1.0 μm dust size in
Figures A.4 and A.5 are still apparent for the 2.0 and 4.0 μm dust sizes such as the large
SWARE increases that occur at the TOA, within the atmosphere, and at the surface in the
low cloud profiles and the increase of the TOA and surface SWARE as the albedo
increases. Also, the maximum SW heating rates still appear in the dust layer above the
low cloud profiles and the maximum LW heating rates still appear within the low clouds
with the largest LW cooling rates near the top of the dust layer. Nevertheless,
quantitatively the RTM results are much different for the 2.0 and 4.0 μm dust sizes as
shown in Table A.3 which is similar to Table A.2 except that RTM results for the 2.0 μm
and 4.0 μm mineral dust sizes are presented.
When comparing the SWARE in Tables A.1 and A.3, the values at TOA and
atmosphere significantly increase while the values at the surface significantly decrease
when inputting these large dust sizes into the model. For instance, the TOA SWARE
increases from 67 Wm-2 for the 1.0 μm size to 149 Wm-2 for the 4.0 μm size between
10.3-11.0°N and similar increases are shown for the other sections along the CALIPSO
transect. In fact, the TOA SWARE increases from a negative value of -40 Wm-2 for the
1.0 μm size to a positive value of 15 Wm-2 for the 4.0 μm size between 11.4-13.2°N.
Thus, the 4.0 μm dust has an overall warming effect at the TOA between 11.4-13.2°N as
opposed to the cooling effect simulated for the 1.0 and 2.0 μm dust. As expected, since
the SWARE in the atmosphere significantly increase with dust particle size, the SW
heating rates also increase significantly as the mean values within the main region of the
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dust storm from 4-8 km in height are about 4.6 K/day for 1.0 μm dust, 5.7 K/day for 2.0
μm dust, and 6.6 K/day for 4.0 μm dust. The decreasing ω0 with increasing dust size
prescribed in RTM bands 3-6 is the major cause of these differences as the 2.0 μm dust
size has primarily lower values compared to 1.0 μm with a maximum difference in band
3 (1.3-1.9 μm) where the 1.0 and 2.0 μm sizes have ω0 values of 0.96 and 0.92,
respectively. The 4.0 μm size has significantly lower ω0 than 1.0 μm with differences of
9 to 10% in bands 3, 4, and 5 with the largest difference in band 3 where 4.0 μm has a ω0
of 0.86. Thus, the RTM is very sensitive to the specific ω0 value used in the SW bands
and the model results can vary greatly based on the mineral dust particle size as the larger
dust particles are much more absorbing than the smaller particles.
In the LW, we rely strictly on the prescribed optical properties in the RTM since
we have no measurements of these optical properties in the LW for this case study.
Using the 2.0 μm instead of the 1.0 μm dust particle causes the mean TOA LW flux along
the transect from 10-14°N to decrease from about 272 Wm-² to 255 Wm-². Further
increasing the dust particle size input to 4.0 μm causes the mean TOA LW flux to
decrease to about 246 Wm-². Consequently, the LW heating and cooling rates are
significantly different for the 2.0 and 4.0 μm dust sizes as the mean LW heating rate from
1 to 5 km in height along the transect from 10-14°N is 1.2 K/day for the 4.0 μm size and
only 0.4 K/day for the 1.0 μm size. Thus, much more heating takes place beneath and
within the dust storm when the dust particle size is larger. Also, the LW cooling that
occurs near the top of the dust storm in Figure A.5b for the 1.0 μm size increases for the
4.0 μm size as the mean LW cooling rates from 10-14°N for the 1.0 and 4.0 μm sizes are
0.3 and 0.6 K/day, respectively. We then conduct a sensitivity experiment where we
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replace the 1.0 μm dust optical properties with the 4.0 μm dust optical properties which
showed that the prescribed extinction coefficients are the major cause of these differences
in the LW fluxes and ultimately the LW heating rates. The prescribed extinction
coefficients in the LW bands are vastly different between the 1.0, 2.0, and 4.0 μm dust
sizes as the 2.0 μm size has extinction coefficients ranging from 0.21 to 1.20 km-1 while
the 1.0 μm size has extinction coefficients ranging from 0.05 to 0.53 km-1. The 4.0 μm
size has even larger extinction coefficients that range from 0.54 to 1.4 km-1 in the 12 LW
bands. Thus, these much larger extinction coefficients for the larger dust particles lead to
significantly more heating within the dust layer and more cooling near the top of the dust
layer.

A.4.4 Additional Case Studies
We simulate two additional case studies involving dust above low-level clouds
using the same technique and data sources as those applied to the 21 June 2007 case
except that we do not have BAE-146 aircraft data. We used the extinction profiles and
AOD from the BAE-146 aircraft for the 21 June case due to the complete attenuation of
the CALIOP signal through the intense dust storm. The CALIOP signal does not
experience complete attenuation through the dust layers of the additional case studies
since the AOD is much lower. Therefore, the BAE-146 extinction profiles and AOD are
not necessary for these additional cases since we can use the extinction and AOD derived
from CALIPSO. Furthermore, ω0 and g are computed from the AERONET station at
Cape Verde since it is the closest station, but Cape Verde is still about 1000 km to the
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a)

b)

c)

d)

Figure A.6 RTM results for 18 June 2007 case. Panels a-b)
similar to panels in Figure 3. Panels c-d) similar to panels
in Figure A.5.
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west. However, HYSPLIT backward trajectories showed that the dust was over Cape
Verde the day prior to the case studies. Therefore, the ω0 and g input into the RTM for
these additional cases were retrieved from the Cape Verde station approximately 24 hours
prior to the time of the cases. There are negligible differences in the SZA between these
cases as they vary between 22 and 26°N.
On 18 June 2007 at approximately 1540 UTC, CALIPSO passed over a dust layer
between 2 and 6 km in height over the western Atlantic Ocean. We analyze the portion
of the transect from 10-16°N where low-level clouds resided beneath the dust. For RTM
bands 1 and 2, the ω0 values are 0.93 and 0.98 while the g values are 0.77 and 0.75. The
AOD derived from the CALIPSO measurements along the transect are shown in Figure
A.6a where the values range mostly between 0.6 and 1.0. The CODs from Cloudsat are
much lower than that for the 21 June case as they are generally between 0 and 4 expect
for the CODs from 6-8 near 12°N. Note that we do not show the surface albedo for these
additional case studies since they are both over water with a consistent broadband albedo
of 3% throughout the transect. For this 18 June case, the TOA SWARE ranges between 80 and -20 Wm-² except at the location of the optically thicker clouds near 12°N where
the values are positive (Figure A.6b). The SWARE in the atmosphere significantly
increases when optically thicker clouds (COD > 6) are present as they reflect greater
amounts of solar radiation upwards into the dust layer than the background water surface
or the optically thinner clouds (COD < 4). For the COD of 7.2, the SWARE at the TOA
is 34 Wm-², in the atmosphere is 166 Wm-², and at the surface is -132 Wm-². Conversely,
for the cloud-free profile at 10.3°N with a nearly identical AOD of 0.96, the SWARE at
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a)

b)

c)

d)

Figure A.7 RTM results for 31 May 2007 case. Same
panels as that in Figure A.6
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the TOA is -64 Wm-², in the atmosphere is 129 Wm-², and at the surface is -194 Wm-².
Thus, as observed in the 21 June case, clouds beneath dust can cause a warming at the
TOA, more absorption of solar radiation within the dust, and a reduction in the surface
cooling compared to a cloud-free dust atmosphere.
The SW heating rates for 18 June are much lower than for 21 June but we still see
heating rates from about 1.5 to 6.5 K/day for most of the dust layer (Figure A.6c). Not
surprisingly, the largest SW heating rate of 6.5 K/day occurs within the dust directly
above the cloud with the largest COD of 7.2. The SW cooling rates within the clouds are
more apparent for this case compared to 21 June since less dust is present in the low-level
atmosphere to mask the cooling effect of the clouds. For example, the COD of 7.2
influences a SW cooling rate of about -0.4 K/day in the lowest 1 kilometer of the
atmosphere. The LW cooling rates are also lower for this case since the dust is optically
thinner than on 21 June with values generally ranging from -0.7 to -0.2 K/day (Figure
A.6d). Once again, LW warming rates greater than 1 K/day are simulated within the lowlevel clouds as the dust layer above absorbs and reemits a portion of the LW radiation
back towards the clouds. The largest LW warming rate of 5 K/day occurs within the
cloud having the largest COD of 7.2.
The CALIOP lidar measures another dust layer suspended between 2 and 5 km
over the eastern Atlantic Ocean on 31 May 2007 at approximately 1600 UTC. The ω0
retrieved by the Cape Verde station suggests the dust layer is slightly less absorbing than
the dust on 18 June while the g values show negligible differences. For this case, ω0 of
0.94 and 0.98 are input into the RTM bands 1 and 2. More low-level clouds with higher
COD are detected by Cloudsat for this case than on 18 June, especially from 13.5-15.5°N
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where the average COD is about 6 with a maximum value of 12.7 (Figure A.7a).
Consequently, the mean TOA SWARE along this cloudy portion of the transect is about
14 Wm-² with the maximum value of 94 Wm-² occurring in the profile at 14.2°N where
the COD of 12.7 (Figure A.7b). The COD of 12.7 also influences an increase in the
SWARE in the atmosphere to 210 Wm-² and at the surface to -116 Wm-². However, this
profile is also associated with one of the largest AODs of 1.2 so we compare it to a cloudfree profile with a similar AOD at 12.7°N. At 12.7°N, the SWARE at the TOA, in the
atmosphere, and at the surface is -81, 160, and -241 Wm-², respectively. The substantial
differences between the SWARE values further confirms the major impact that low
clouds can have on the radiative energy budget of a dust storm.
When examining the heating rates, a larger area of the dust layer is associated
with SW heating rates greater than 3.2 K/day for this case than for 18 June, which is very
apparent in the portion of the transect from 13.5-15.5°N where the average COD is about
6 (Figure A.7c). However, the maximum SW heating rates are actually slightly lower
within this dust layer due to the AOD being spread over a larger vertical depth in the
atmosphere. For instance, in the profile with the COD of 12.7 at 14.2°N, the maximum
SW heating rate is 5.3 K/day at about 4 km in height which is lower than the maximum
rate of 6.5 K/day for the profile with the COD of 7.2 on 18 June. Nevertheless, SW
heating rates greater than 1.8 K/day are simulated over a vertical depth of 4 km for this
case as opposed to only 2 km for 18 June. As expected, the optically thickest clouds at
14.2 and 15.2°N are associated with the strongest SW cooling rates of -1.3 and -2.1
K/day, respectively. Similar LW heating and cooling rates are shown for this case
compared to June 18 as warming rates are generally from 0.2 to 0.6 K/day within the
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cloud-free areas beneath the dust layer and -0.2 to -0.6 K/day within the dust layer
(Figure A.7d). Though, noteworthy differences appear within the cloud layers beneath
the dust layer as the optically thicker clouds are influencing higher LW heating rates of
up to 6 K/day.

Table A.4 The average SWARE at the TOA, in the atmosphere (ATM), and at the
surface (SFC) for different COD bins occurring in the 31 May and 18 June cases.

Finally, we conduct idealistic RTM simulations for the 18 June and 31 May case
studies where the AOD is held constant at 0.8 for both simulations. We use an AOD of
0.8 as it is about the average value for the two cases. We also used the same ω0 and g
values for these idealistic simulations which were identical to that used for the 31 May
case. The average SWARE at the TOA, in the atmosphere, and at the surface for a range
of CODs occurring in these two cases are presented in Table A.4. In the cloud-free
profiles, the dust influences a cooling of -54 Wm-² at the TOA over the eastern Atlantic
Ocean. However, when the profiles contain low-level clouds with COD from 8-13, the
dust influences a warming of 53 Wm-² at the TOA. For these two cases, we found that
the TOA SWARE is very near 0 when the COD is between 4 and 5. The SWARE in the
atmosphere gradually increased with increasing COD due to the dust layer absorbing
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more solar radiation from the higher reflectance of the low-level clouds. At the surface,
dust influences a strong cooling of -164 Wm-² in cloud-free profiles, but the cooling
effect decreases to -95 Wm-² in profiles with a COD from 8-13 since optically thick
clouds reflect significant amounts of energy away from the surface.

A.5 Summary and Conclusion
In this study, we use the CALIPSO and Cloudsat observations as input into a
delta-four stream RTM in order to simulate a case study involving an intense dust storm
with low-level clouds. In addition, we use AERONET station and aircraft flight data to
simulate the RTM with the most appropriate and accurate input information. RTM
simulations using similar inputs are also conducted for two additional case studies
involving low-level cloud beneath dust on 31 May and 18 June 2007. This study is
unique because we simulate a RTM on a case study having clouds beneath dust and input
the complex vertical atmospheric information by combining the strengths of the
CALIPSO and Cloudsat satellites. Our results indicate the following:
1. The presence of low-level clouds beneath a dust storm can cause important
modifications in the radiative energy budget. For the 21 June 2007 dust storm, the
instantaneous TOA SWARE over the ocean changed from an average of -95 Wm-² (-58
Wm-² per AOD) in the cloud-free dusty conditions to 67 Wm-² (38 Wm-² per AOD) in the
cloud beneath dust conditions where the average COD was 9.3. This shows the potential
for mineral dust aerosol to have either a cooling or warming effect on regional or global
climate depending on whether low-level clouds reside below dust layers. In the
atmosphere, the average SWARE was 252 Wm-² (144 Wm-² per AOD) when low-level
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clouds were beneath dust as opposed to 210 Wm-² (124 Wm-² per AOD) in the cloud-free
conditions. Thus, low-level clouds can reflect more solar radiation upwards into the dust
layer compared to the background ocean or land surface which influences a larger
absorption of energy within the dust. Dust also significantly reduced the solar radiation
at the surface as the SWARE in cloud-free conditions was about -305 Wm-² (-180 Wm-²
per AOD). However, the reduction in the solar radiation at the surface due to dust was
only about -186 Wm-² (-106 Wm-² per AOD) when low-level clouds were present since
clouds alone can reflect substantial amounts of energy away from the surface.
2. The surface albedo has an important impact on the SWARE of dust. For the
21 June 2007 case, we found a critical surface albedo of approximately 30%, i.e. the
TOA SWARE went from negative to positive in the cloud-free dusty atmosphere as
surface albedos rose above 30%. Over the cloud-free ocean, the SWARE was about -95
Wm-² while over the adjacent land with a broadband albedo of about 18% the SWARE
was -38 Wm-².
3. Dust storms can cause a significant warming in the atmosphere. SW heating
rates greater than 10 K/day were found within the dust and the largest heating rates
typically occurred where low-level clouds resided beneath the dust. LW cooling effects
within the dust layer can compensate for some of SW heating effects but for these dust
cases consisting of smaller particles (~1 μm) the SW heating effect dominated.
4. The LW warming rates within low-level clouds in dusty conditions can
significantly increase compared to that in dust-free conditions due to the dust emitting
LW radiation towards the clouds. We found warming rates as large as 6 K/day within the
clouds which generally increased with increasing COD.
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The major conclusion from this Chapter is that low-level clouds beneath dust
aerosols can cause significant changes in both the SWARE and SW and LW heating
rates. Therefore, it is critical that we identify and study scenarios where clouds exist
among dust in order to gain knowledge of their possible impacts on regional and global
radiation budgets. While such intensive case studies cannot provide global estimates of
such effects, they highlight and quantify the relative importance of various processes and
interactions that need to be captured in global and regional models to accurately assess of
aerosol radiative forcings and climate impacts.
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